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aspects	of	the	hydrologic	cycle	was	a	few	introductory	chapters	in	hydrology	textbooks.	These	were	limited	in	scope	because	class	emphasis	was	on	the	surface	and	subsurface	water	flow.	Coverage	of	precipitation	and	evaporation	were	also	limited	to	single	brief	chapters,	and	there	was	no	exposure	to	the	interface	between	meteorology	and
hydrology.	Since	then	there	has	been	a	complete	transformation.	The	discipline	of	hydrometeorology	has	evolved	rapidly	due	to	advances	in	observational	technologies	and	large	scale	modeling,	both	stimulated	by	the	scientific	need	to	address	emerging	issues	such	as	climate	change	and	the	requirement	to	provide	water	resources	to	a	growing	global
population.	International	programs	such	as	the	Global	Energy	and	Water	Cycle	EXperiment	(GEWEX)	initiated	by	the	World	Climate	Research	Programme	and	the	Biospheric	Aspects	of	the	Hydrologic	Cycle	(BAHC)	initiated	by	the	International	Geosphere	Biosphere	Program	heightened	interest	in	the	coupling	between	atmospheric	and	the	terrestrial
systems.	But	the	many	scientists	and	students	involved	in	this	new	interdisciplinary	research	had	to	gain	their	knowledge	of	the	two	fields	in	piecemeal	fashion.	A	textbook	was	obviously	needed	to	bridge	the	two	disciplines.	Being	a	visionary	in	the	field,	Professor	Jim	Shuttleworth	recognized	this	void	and	accepted	the	challenge.	For	over	a	decade	he
devoted	himself	to	developing	courses	and	writing	a	book,	Terrestrial	Hydrometeorology,	that	specifically	addresses	the	topic	of	hydrometeorology	as	a	unified	component	within	the	Earth	system,	with	appropriate	emphasis	on	hydrometeorology	in	the	terrestrial	environment	where	people	live.	The	resulting	book	contains	twenty-six	chapters	which
provide	excellent	coverage	of	key	elements	of	the	hydrologic	cycle	associated	with	the	coupling	of	the	atmosphere	with	land	surfaces.	Coverage	of	the	energy	cycle	and	its	role,	including	the	feedback	via	the	water	cycle,	are	extensively	and	clearly	addressed	in	the	first	ten	chapters.	A	thorough	discussion	of	precipitation	formation,	measurement	and
analysis	follows	in	chapters	ten	through	fourteen.	The	latter	sections	of	the	book	provide	in-depth	coverage	of	the	atmospheric	boundary	layer	dynamics	and	turbulent	transfer	that	play	a	primary	role	in	feedbacks	in	the	exchange	of	water	and	energy	between	land	and	near	surface	atmosphere.	This	section	of	the	book	demonstrates	Shuttleworth	s
creative	contribution	to	thinking	in	the	theory	of	soil	moisture	and	evapotranspiration	processes.	The	final	chapter	rounds	off	this	ideal	textbook	by	providing	example	questions	and	answers	that	students	can	use	to	test	their	understanding.16	Foreword	xvii	It	is	exciting	to	finally	have	a	single	textbook	on	terrestrial	hydrometeorology	that	is	balanced,
timely	and	elegant,	and	that	will	be	appropriate	for	use	in	graduate	courses	for	many	years	to	come.	Terrestrial	Hydrometeorology	will	provide	opportunity	for	atmospheric	science	and	hydrology	programs	to	develop	courses	that	satisfy	their	cross-disciplinary	educational	requirements	and,	in	this	way,	play	an	important	role	in	the	education	of	the
new	generation	of	interdisciplinary	scientists	who	investigate	the	complex	role	of	the	hydrologic	cycle	in	the	climate	system.	For	many	academics	such	a	book	would	be	the	capstone	publication	of	their	career	but,	knowing	Jim	Shuttleworth	as	I	do,	I	am	certain	that	we	can	expect	more	such	creative	contributions	in	the	future!	Soroosh	Sorooshian
Director	of	the	Center	for	Hydrometeorology	and	Remote	Sensing	Distinguished	Professor	of	Civil	and	Environmental	Engineering	and	Earth	System	Science	at	the	University	of	California	Irvine17	Preface	Water	is	the	medium	through	which	the	atmosphere	has	most	influence	on	human	wellbeing	and	terrestrial	surfaces	have	significant	influence	on
the	atmosphere.	Hitherto	atmospheric	and	hydrologic	science	and	practice	have	largely	developed	separately.	To	hydrologists,	meteorological	variables	were	monitored	and	used	as	independent	forcing	in	models	of	hydrological	responses.	But	hydrologists	now	understand	that	near-surface	meteorology	is	itself	in	part	determined	by	how	surface	water
moves	and	how	much	water	the	land	surface	returns	to	the	atmosphere	as	evaporation.	Consequently,	graduate-level	hydrological	training	must	now	include	relevant	aspects	of	meteorological	science.	To	meteorologists,	atmospheric	exchanges	with	the	land	surface	were	regarded	as	boundary	conditions	that	could	be	calculated	simply,	with
corrections	to	weather	forecast	models	then	made	by	assimilating	meteorological	observations.	But	because	about	half	the	energy	that	drives	the	atmosphere	enters	from	below,	meteorological	forecasts	beyond	a	few	days,	and	climate	predictions	in	particular,	require	models	that	include	adequately	realistic	sub-models	of	surface	hydrology	and
associated	energy	exchanges.	Consequently,	graduate-level	meteorological	training	must	now	include	relevant	aspects	of	hydrological	science.	In	fact	the	relationship	between	hydrologists	and	meteorologists	and	their	need	to	speak	a	common	scientific	language	is	such	that	it	is	now	recognized	that	a	new	science	discipline	that	overlies	the	land-
atmosphere	interface	is	needed,	and	courses	that	teach	this	new	discipline	of	Hydrometeorology	are	now	being	created	at	universities.	Hitherto	there	has	been	no	single	graduate-level	text	with	sufficient	breadth	across	the	hydrological	and	meteorological	sciences	that	provides	understanding	with	adequate	depth	in	both	disciplines	for	use	in
hydrology	departments	to	teach	relevant	aspects	of	meteorology,	in	meteorological	departments	to	teach	relevant	aspects	of	surface	hydrology,	and	to	serve	as	an	introductory	text	to	teach	the	emerging	discipline	of	hydrometeorology.	The	primary	intended	readership	of	this	book	is,	therefore,	graduate	students	studying	surface	water	hydrology,
meteorology,	and	hydrometeorology.	However	this	book	could	be	used	in	relevant	advanced	undergraduate	courses	and	it	will	likely	also	find	broader	readership	among	scientists	seeking	to	broaden	their	education.18	Acknowledgments	This	book	was	written	in	response	to	a	need	for	an	appropriate	text	for	use	in	teaching	a	core	course	in	the
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FORESTS	TUNDRA	Conversion	of	original	biomes	Loss	by	Loss	between	and	1990	Projected	loss	by	2050*	Plate	7	(a)	Land	areas	which	were	more	than	30%	cultivated	in	(b)	Projected	change	in	original	land	cover	by	2050	given	by	biome	according	to	the	four	Millennium	Ecosystem	scenarios.	(Redrawn	from	MEA,	2005,	published	with	permission.)24
N	30N	EQ	S	S	W	60W	0	60E	120E	Plate	8	Geographical	distribution	of	land-atmosphere	coupling	strength	(i.e.,	the	degree	to	which	anomalies	in	soil	moisture	can	affect	rainfall	generation	and	other	atmospheric	processes)	averaged	for	eight	GCMs	in	the	GLACE	study	(Redrawn	from	Koster	et	al.,	2006,	in	which	paper	coupling	strength	is	defined,
published	with	permission.)	0.03	Latent	Heat	Flux	Precipitation	(W	m	2	)	(mm	d	1	)	June	June	July	July	August	August	Plate	9	Map	of	differences	in	monthly	average	latent	heat	flux	(W	m	-2	)	and	precipitation	(mm	d	-1	)	given	when	a	description	of	interactive	vegetation	cover	was	introduced	into	the	Weather	Research	and	Forecasting	(WRF)	model
coupled	with	the	Noah	land	surface	model	to	substitute	for	prescribed	changes	in	vegetation	cover.	The	modeled	domain	covers	the	contiguous	US	between	21	N	50	N	and	125	W	68	W.	(Redrawn	from	Jiang	et	al.,	2009,	published	with	permission.)25	12S	(a)	15S	18S	21S	24S	27S	30S	33S	36S	39S	42S	115E	120E	125E	130E	135E	140E	145E	150E
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vegetation	cover	in	Australia:	(a)	areas	where	vegetation	cover	was	changed;	(b)	simulated	change	in	total	rainfall	in	January	(in	mm);	and	(c)	simulated	change	in	average	temperature	in	January	(in	C).	(Redrawn	from	Narisma	and	Pitman,	2003,	published	with	permission.)26	1	Terrestrial	Hydrometeorology	and	the	Global	Water	Cycle	Introduction
Water	is	not	the	most	common	molecule	on	planet	Earth,	but	it	is	the	most	important.	Life	started	in	water	and	cannot	survive	long	without	it;	it	makes	up	approximately	60%	of	animal	tissue	and	90%	of	plant	tissue.	The	most	important	greenhouse	gas	in	the	atmosphere	is	water	vapor.	If	it	were	not	present	the	Earth	s	surface	temperature	would	be
several	tens	of	degrees	cooler,	and	predicting	the	effect	of	changing	atmospheric	water	content	is	arguably	the	greatest	challenge	facing	those	who	seek	to	predict	future	changes	in	climate.	It	is	the	continuous	cycling	of	water	between	oceans	and	continents	that	sustains	the	water	flows	over	land	which	in	large	measure	determine	the	evolution	of
landscapes.	The	ability	of	water	to	store	energy	in	the	form	of	latent	heat	or	because	of	its	high	thermal	capacity	means	that	moving	water	as	vapor	or	fluid	transports	large	quantities	of	energy	around	the	globe.	The	presence	of	frozen	water	on	land	as	snow	also	has	a	major	impact	on	whether	energy	from	the	Sun	is	captured	at	the	Earth	s	surface	or
is	reflected	back	to	space.	In	fact,	it	is	hard	to	think	of	a	process	or	phenomenon	important	to	the	way	our	Earth	behaves	in	which	the	presence	of	water	is	not	significant.	Hydrologists	originally	considered	hydroclimatology	to	be	the	study	of	the	influence	of	climate	upon	the	waters	of	the	land	(Langbein	1967).	This	definition	is	now	outdated	because
it	implies	too	passive	a	role	for	land	surface	influences	on	the	overlying	atmosphere.	The	atmosphere	is	driven	by	energy	from	the	Sun,	but	about	half	of	this	energy	enters	from	below,	via	the	Earth	s	surface.	Whether	that	surface	is	ocean	or	land	matters	and,	if	land,	the	nature	of	the	land	surface	also	matters	because	this	affects	the	total	energy	input
to	the	atmosphere	and	the	form	in	which	it	enters.	In	practice,	the	science	of	hydroclimatology	is	often	concerned	with	understanding	the	movements	of	energy	and	water	between	stores	within	the	Earth	system.	Because	climate	is	the	time-average	of	weather,	strictly	speaking	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John
Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.27	2	TH	and	the	Global	Water	Cycle	hydroclimatology	emphasizes	the	time-average	movement	of	energy	and	water.	Such	movement	occurs	in	two	directions,	both	out	of	and	into	the	atmosphere.	Consequently,	the	present	text	is	motivated	not	only	by	the	need	to	understand	the	global	and
regional	scale	atmospheric	features	that	affect	the	weather	in	a	specific	catchment,	but	also	to	understand	how	the	surface-atmosphere	exchanges	that	operate	inside	a	catchment	contribute	along	with	those	from	nearby	catchments	to	determine	the	subsequent	state	of	the	atmosphere	downwind.	Broadly	speaking,	hydrometeorology	differs	from
hydroclimatology	in	much	the	same	way	that	meteorology	differs	from	climatology.	Hydrometeorologists	therefore	tend	to	be	more	interested	in	activity	at	shorter	time	scales	than	hydroclimatologists.	They	are	particularly	concerned	with	the	physics,	mathematics,	and	statistics	of	the	processes	and	phenomena	involved	in	exchanges	between	the
atmosphere	and	ground	that	typically	occur	over	hours	or	days.	Sometimes	these	short-term	features	are	described	statistically.	Hydrometeorologists	may,	for	example,	analyze	precipitation	data	to	compute	the	historical	statistics	of	intense	storms	and	flood	hazards.	However,	hydrometeorologists	are	also	interested	in	seeking	basic	physical
understanding	of	surface	exchanges	of	water	and	energy.	This	commonly	involves	the	study	of	processes	that	act	in	the	vegetation	covering	the	ground,	or	the	soil	and	rock	beneath	the	ground,	or	in	lower	levels	of	the	atmosphere	where	most	atmospheric	water	vapor	is	found.	The	present	text	includes	some	description	of	the	statistical	approaches
used	in	hydrometeorology	but	gives	greater	prominence	to	providing	an	understanding	of	fundamental	hydrometeorological	processes.	Water	in	the	Earth	system	Although	there	have	been	several	studies	which	have	attempted	to	quantify	where	water	is	to	be	found	across	the	globe,	the	magnitude	of	the	Earth	s	water	reservoirs	and	how	much	water
flows	between	these	reservoirs	still	remains	poorly	defined.	Table	1.1	gives	estimates	of	the	size	of	the	eight	main	reservoirs	together	with	the	approximate	proportion	of	the	entire	world	s	water	stored	in	each	reservoir	and	an	estimate	of	the	turnover	time	for	the	water.	The	magnitude	of	the	groundwater	reservoir	and	the	associated	residence	time	is
complicated	by	the	fact	that	a	large	proportion	of	the	water	in	this	reservoir	is	fossil	water	stored	in	deep	aquifers	which	were	created	over	thousands	of	years	by	slow	geo-climatic	processes.	The	amount	of	such	fossil	water	stored	is	very	difficult	to	estimate	globally.	Defining	a	residence	time	for	oceans	is	also	complicated.	This	is	because	oceans
usually	have	a	fairly	shallow	layer	of	surface	water	on	the	order	of	100	m	deep	that	interacts	comparatively	readily	with	the	atmospheric	and	terrestrial	reservoirs,	but	this	layer	overlies	a	much	deeper,	slower	moving,	and	more	isolated	reservoir	of	saline	water.	Clearly	oceans	are	by	far	the	largest	reservoir	of	water	on	Earth,	which	means	that	a	vast
proportion	of	water	on	the	Earth	is	salt	water.	The	majority	of	Earth	s28	TH	and	the	Global	Water	Cycle	3	Table	1.1	Estimated	sizes	of	the	main	water	reservoirs	in	the	Earth	system,	the	approximate	percentage	of	water	stored	in	them	and	turnover	time	of	each	reservoir	(Data	from	Shiklomanov,	1993).	Volume	(10	6	km	3	)	Prcentage	of	total
Approximate	residence	time	Oceans	(including	years	saline	inland	seas)	Atmosphere	days	Land:	Polar	Ice,	glaciers,	years	permafrost	Groundwater	days	years	Lakes,	swamps,	marshes	years	Soil	moisture	days	Rivers	days	Biological	water	days	freshwater	supply	is	currently	stored	in	the	polar	ice	caps,	as	glaciers	or	permafrost,	or	as	groundwater.
Freshwater	lakes,	rivers,	and	marshes	contain	only	about	0.01%	of	Earth	s	total	water.	The	water	present	in	the	atmosphere	is	very	small	indeed,	only	about	0.001%.	However,	the	water	exchanged	between	this	atmospheric	reservoir	and	the	oceanic	and	land	reservoirs	is	comparatively	large,	on	the	order	of	100	km	3	per	year	for	land	and	400	km	3
per	year	for	oceans.	Consequently,	there	is	a	rapid	turnover	in	atmospheric	water	and	the	atmospheric	residence	time	is	low.	Figure	1.1	illustrates	the	annual	average	hydrological	cycle	for	the	Earth	as	a	whole,	together	with	an	alternative	set	of	estimates	of	water	stores	made	by	combining	observations	with	model-calculated	data.	It	is	clear	that	the
simple	concept	of	a	hydrological	cycle	that	merely	involves	water	evaporating	from	the	ocean,	falling	as	precipitation	over	land	then	running	back	to	the	ocean	is	a	poor	representation	of	the	truth.	There	are	also	substantial	hydrological	cycles	over	the	oceans	which	cover	about	70%	of	the	globe,	and	over	the	continents	which	cover	the	remainder,	as
well	as	water	exchanged	in	atmospheric	and	river	flows	between	these	two.	On	average	there	is	a	net	transfer	from	oceanic	to	continental	surfaces	because	the	oceans	evaporate	about	km	3	yr	1	of	water,	which	is	equivalent	to	about	1200	mm	of	evaporation,	but	they	receive	back	only	about	90%	of	this	as	precipitation.	Some	of	the	water	evaporated
from	the	ocean	is	therefore	transported	over	land	and	falls	as	precipitation,	but	on	average	about	65%	of	this	terrestrial	precipitation	is	then	re-evaporated	and	this	provides	some	of	the	water	subsequently	falling	as	precipitation	elsewhere	over	land.	On	average	about	35%	of	terrestrial	precipitation	returns	to	the	ocean	as	surface	runoff,	but	the
proportion	of	terrestrial	precipitation	that	is	re-evaporated	and	the	proportion	leaving	as	surface	runoff29	4	TH	and	the	Global	Water	Cycle	Atmosphere	12.7	Ocean	to	land	Water	vapor	transport	40	Land	precipition	113	Ocean	precipitation	373	Evaporation,	transpiration	73	Ice	26,350	Ocean	evaporation	413	Ocean	Ocean	Surface	flow	40	Ground
water	flow	Soil	moisture	122	Groundwater	Rivers	Lakes	178	Vegetation	Land	Percolation	Permafrost	22	Figure	1.1	The	global	annual	average	hydrological	cycle	including	estimates	of	the	main	water	reservoirs	(in	plain	font	in	units	of	10	3	km	3	)	and	of	the	flow	of	moisture	between	stores	(in	italics	in	units	of	10	3	km	3	yr	1	).	(From	Trenberth	et	al.,
2007,	published	with	permission.)	See	Plate	1	for	a	colour	version	of	this	image.	varies	significantly	both	regionally	and	with	season.	Area-average	runoff	in	the	semi-arid	south	western	USA	is,	for	example,	commonly	just	a	few	percent.	When	averaged	over	large	continents	and	over	a	full	year,	variations	in	the	fraction	of	precipitation	leaving	as	runoff
are	less.	Table	1.2	gives	an	example	of	the	estimated	annual	water	balance	for	the	continents	(Korzun	1978).	Runoff	ratios	in	the	range	of	35	to	45%	are	the	norm,	but	the	extensive	arid	and	semi-arid	regions	of	Africa	reduce	average	runoff	for	that	continent.	Fractional	runoff	in	the	form	of	icebergs	from	Antarctica	is	hard	to	quantify	but	may	be	80%
because	sublimation	from	the	snow	and	ice	covered	surface	is	low.	Components	of	the	global	hydroclimate	system	Understanding	the	hydroclimate	of	the	Earth	does	not	merely	require	knowledge	of	hydrometeorological	process	in	the	atmosphere.	Several	different	components	of	the	Earth	system	interact	to	control	the	way	near-surface	weather
variables	vary30	TH	and	the	Global	Water	Cycle	5	Table	1.2	Estimated	continental	water	balance	(Data	from	Korzun,	1978).	Precipitation	(mm	year	1	)	Evaporation	(mm	year	1	)	Runoff	(mm	year	1	)	Runoff	as	percentage	of	precipitation	Africa	Asia	Australia	Europe	North	America	South	America	in	time	and	space.	It	is	helpful	to	recognize	the	nature
of	these	components	from	the	outset	and	to	appreciate	in	general	terms	how	they	influence	global	hydroclimatology.	For	this	reason	we	next	consider	salient	features	of	the	atmosphere,	hydrosphere,	cryosphere,	and	lithosphere,	biosphere,	and	anthroposphere.	Atmosphere	The	air	surrounding	the	Earth	is	a	mixture	of	gases,	mainly	(~80%)	nitrogen
and	(~20%)	oxygen,	but	also	other	minority	gases	such	as	carbon	dioxide,	ozone,	and	water	vapor	which	have	an	importance	to	hydroclimatology	not	adequately	reflected	by	their	low	concentration.	Compared	to	the	diameter	of	the	Earth	(~20,000	km),	the	depth	of	the	atmosphere	is	small.	The	density	of	air	changes	with	height	but	about	90%	of	the
mass	of	the	atmosphere	is	within	30	km	and	99.9%	within	80	km	of	the	ground.	The	atmosphere	is	(almost)	in	a	state	of	hydrostatic	equilibrium	in	the	vertical,	with	dense	air	at	the	surface	and	less	dense	air	above;	there	is	an	associated	change	in	pressure.	The	temperature	of	the	air	changes	with	height	in	a	very	distinctive	way	and	this	can	be	used
to	classify	different	layers	or	spheres.	Figure	1.2	shows	the	vertical	profile	of	air	temperature	in	the	US	Standard	Atmosphere	(US	Standard	Atmosphere,	1976)	as	a	function	of	height	and	atmospheric	pressure.	Starting	from	the	surface,	the	main	layers	are	the	troposphere,	stratosphere,	mesosphere,	and	thermosphere,	separated	by	points	of
inflection	in	the	vertical	temperature	profile	that	are	called	pauses.	Near	the	ground,	air	temperature	falls	quickly	with	height	for	reasons	which	are	discussed	in	more	detail	later.	Higher	in	the	atmosphere	the	air	is	warmed	by	the	release	of	latent	heat	when	water	is	condensed	in	clouds	and,	in	the	upper	stratosphere,	it	is	also	warmed	by	the
absorption	of	a	portion	of	incoming	solar	radiation.	There	is	then	further	cooling	through	the	mesosphere,	but	some	further	warming	at	the	very	top	of	the	atmosphere	where	most	of	the	Sun	s	gamma	rays	are	absorbed.31	6	TH	and	the	Global	Water	Cycle	100	Thermosphere	Mesopause	Mesosphere	Height	(km)	Stratopause	Pressure	(kpa)	Figure	1.2
Idealized	vertical	temperature	profile	for	the	US	Standard	Atmosphere	showing	the	most	important	layers,	spheres,	and	the	pauses	that	separate	them.	20	Tropopause	Stratosphere	Troposphere	Temperature	(K)	The	relative	concentration	of	atmospheric	nitrogen,	oxygen	and	other	inert	gases	is	uniform	with	height,	but	most	ozone	is	found	in	the
middle	atmosphere	where	it	absorbs	ultraviolet	radiation	to	warm	the	air.	The	concentration	of	carbon	dioxide	falls	away	in	the	mesosphere	and	the	vast	majority	of	atmospheric	water	vapor	is	found	within	10	km	of	the	ground,	mainly	in	the	lower	levels	of	the	troposphere.	The	fact	that	water	vapor	content	falls	quickly	with	height	is	strongly	related
to	the	fall	in	temperature	with	height.	The	amount	of	water	vapor	that	air	can	hold	before	becoming	saturated	is	less	at	lower	temperatures	and	water	is	precipitated	out	as	water	droplets	or	ice	particles	in	clouds.	The	concentrations	of	liquid	and	solid	water	in	clouds	and	that	of	other	atmospheric	constituents,	including	solid	particles	such	as	dust
particles,	sulfate	aerosols,	and	volcanic	ash,	all	vary	substantially	both	in	space	and	with	time.	As	previously	mentioned,	the	residence	time	for	water	in	the	atmosphere	is	short,	about	10	days.	In	fact,	a	comparatively	short	response	time	is	a	general	feature	of	the	atmosphere	that	distinguishes	it	from	the	other	components	of	the	climatic	system.	Air
has	a	relatively	large	compressibility	and	low	specific	heat	and	density	compared	to	the	fluids	and	solids	that	make	up	the	hydrosphere,	cryosphere,	lithosphere	and	biosphere.	Because	air	is	more	fluid	and	unstable,	any32	TH	and	the	Global	Water	Cycle	Kinetic	energy	(m	2	s	2	)	Figure	1.3	Approximate	spectrum	of	the	contributions	to	the	variance	in
the	atmosphere	for	frequencies	between	1	second	and	1000	days	hour	1	min.	1	sec.	1	year	1	month	1	day	Frequency	(day	1	)	perturbations	generated	by	changes	in	the	inputs	that	drive	the	atmosphere	typically	decay	with	time	scales	on	the	order	of	days	to	weeks.	Differential	heating	by	the	Sun	causes	movement	in	the	atmosphere	that	is
complicated	by	the	rotation	of	the	Earth,	the	Earth	s	orbit	around	the	Sun,	and	inhomogeneous	surface	conditions.	Consequently,	the	air	in	the	troposphere	undergoes	large-scale	circulation	which,	on	average,	is	organized	at	the	global	scale.	There	are	substantial	perturbations	within	this	circulation	associated	with	weather	systems	at	mid-latitudes,
and	also	pseudo-random	turbulent	motion	in	the	atmospheric	boundary	layer	and	near	jet	streams	higher	in	the	atmosphere.	Figure	1.3	shows	how	contributions	to	the	variance	of	atmospheric	movements	in	the	atmospheric	boundary	layer	change	as	a	function	of	frequency.	Most	movement	occurs	at	low	frequencies.	The	first	peak	in	this	figure	is
associated	with	movement	linked	to	the	annual	cycle	and	is	in	response	to	seasonal	changes	in	solar	heating,	while	the	third	peak	is	linked	to	the	daily	cycle	of	heating.	The	large	contribution	to	variance	at	the	time	scales	of	days	to	weeks	is	the	result	of	the	large-scale	disturbances	associated	with	transient	weather	systems.	At	lower	frequencies
atmospheric	variance	is	therefore	mainly	associated	with	horizontal	features	within	the	atmospheric	circulation.	The	fourth	maximum	in	variance,	which	occurs	at	timescales	of	an	hour	or	less,	is	different	because	it	is	due	to	small-scale	turbulent	motions.	Such	turbulent	variations	occur	in	all	directions,	but	their	influence	on	the	vertical	movement	of
atmospheric	properties	and	constituents	is	particularly	important.	Understanding	this	influence	on	the	vertical	movement	is	a	critical	aspect	of	hydrometeorology.33	8	TH	and	the	Global	Water	Cycle	Hydrosphere	The	liquid	water	in	oceans,	interior	seas,	lakes,	rivers,	and	subterranean	waters	constitute	the	Earth	s	hydrosphere.	Oceans	cover	about
70%	of	the	Earth	s	surface	and	therefore	intercept	more	total	solar	energy	than	land	surfaces.	Most	of	the	energy	leaves	oceanic	surfaces	in	the	form	of	latent	heat	in	water	vapor,	but	this	is	not	necessarily	the	case	for	land	surfaces.	Consequently,	maritime	air	masses	are	very	different	to	continental	air	masses.	The	atmosphere	and	oceans	are
strongly	coupled	by	the	exchange	of	energy,	matter	(water	vapor),	and	momentum	at	their	interface,	and	precipitation	strongly	influences	ocean	salinity.	The	mass	and	specific	heat	of	the	water	in	oceans	is	much	greater	than	for	air	and	understanding	this	difference	is	very	important	in	the	context	of	seasonal	changes	in	the	atmosphere.	The	oceans
represent	an	enormous	reservoir	for	stored	energy.	As	a	result,	changes	in	the	sea	surface	temperature	happen	fairly	slowly	and	this	moderates	the	rate	of	change	of	associated	features	in	the	atmosphere,	thereby	greatly	aiding	seasonal	climate	prediction.	The	oceans	are	also	denser	than	the	atmosphere	and	have	a	larger	mechanical	inertia,	so
ocean	currents	are	much	slower	than	atmospheric	flows,	and	oceanic	movement	at	depth	is	particularly	slow.	The	atmosphere	is	heated	from	below	by	the	Sun	s	energy	intercepted	by	the	underlying	surface,	but	oceanic	heating	is	from	above.	Consequently,	there	is	a	profound	difference	in	the	way	buoyancy	acts	in	these	two	fluid	media.	The	higher
temperature	at	the	surface	of	the	sea	means	oceanic	mixing	by	surface	winds	tends	to	be	suppressed,	and	such	mixing	is	limited	to	the	active	surface	layer	that	has	a	thickness	on	the	order	of	100	m.	A	strong	gradient	of	temperature	below	this	surface	layer	separates	it	from	the	deep	ocean.	The	response	time	for	oceanic	movement	in	the	upper	mixed
layer	is	weeks	to	months	to	seasons.	In	the	deep	ocean,	however,	movement	due	to	density	variations	associated	with	changes	in	temperature	and	salinity	occur	over	time	scales	from	centuries	to	millennia.	There	are	eddies	in	the	upper	ocean	but	turbulence	is	in	general	much	less	pronounced	than	in	the	atmosphere.	Ocean	currents	are	important
because	they	move	heat	from	the	tropical	regions,	where	incidental	solar	radiation	is	greatest,	toward	colder	mid-latitude	and	polar	regions	where	radiation	is	least.	Currents	in	the	upper	layer	of	the	ocean	are	driven	by	the	prevailing	wind	patterns	in	the	atmosphere.	Ocean	flow	is	from	east	to	west	in	the	tropics	(in	response	to	the	trade	winds),
poleward	on	the	eastern	side	of	continents,	then	back	toward	the	equator	on	the	western	side	of	continents.	Lakes,	rivers,	and	subterranean	waters	make	up	the	remainder	of	the	hydrosphere.	They	can	have	significant	hydrometeorological	and	hydroclimatological	significance	in	continental	regions,	particularly	at	regional	and	local	scale.	The	contrast
between	the	influence	on	the	atmosphere	of	open	water	on	the	one	hand	and	land	surfaces	on	the	other	is	significant.	This	is	responsible	for	lake	effect	snowfall	in	the	US	Great	Lakes	and	river	breeze	effects	near	the	Amazon	River,	for	example.	River	flow	into	oceans	also	has	an	important	influence	on	ocean	salinity	near	coasts.34	TH	and	the	Global
Water	Cycle	9	Cryosphere	The	areas	of	snow	and	ice,	including	the	extended	ice	fields	of	Greenland	and	Antarctica,	other	continental	glaciers	and	snowfields,	sea	ice,	and	areas	of	permafrost,	are	the	Earth	s	cryosphere.	The	cryosphere	has	an	important	influence	on	climate	because	of	its	high	reflectivity	to	solar	radiation.	Continental	snow	cover	and
sea	ice	have	a	market	seasonally,	and	this	can	give	rise	to	significant	intra-annual	and	perhaps	interannual	variations	in	the	surface	energy	budgets	of	frozen	polar	oceans	and	continents	with	seasonal	snow	cover.	Gradual	warming	in	polar	regions	has	the	potential	to	give	rise	to	similar	changes	in	surface	energy	balance	over	longer	time	periods.	The
low	thermal	diffusivity	of	ice	can	also	influence	the	surface	energy	balance	at	high	latitudes,	because	ice	acts	as	an	insulator	inhibiting	loss	of	heat	to	the	atmosphere	from	the	underlying	water	and	land.	Near-surface	cooling	also	gives	rise	to	stable	atmospheres,	which	inhibit	convection	and	contribute	to	cooler	climates	locally.	The	large	continental
ice	sheets	do	not	change	quickly	enough	to	influence	seasonal	or	interannual	climate	much,	but	historical	changes	in	ice	sheet	extent	and	potential	changes	in	the	future	extent	of	ice	sheets	are	important	because	they	are	associated	with	changes	in	sea	level.	If	substantial	melting	of	the	continental	ice	sheets	occurs,	altered	sea	level	could	change	the
boundaries	of	islands	and	continents.	Since	many	inhabited	areas	are	close	to	such	boundaries,	sea	level	change	will	likely	have	serious	consequences	for	human	welfare	that	are	disproportionate	to	the	fractional	area	of	land	affected.	The	effect	of	global	warming	on	ice	sheets	is	considered	a	major	threat	for	this	reason.	Lithosphere	The	lithosphere,
which	includes	the	continents	and	the	ocean	floor,	has	an	almost	permanent	influence	on	the	climatic	system.	There	is	large-scale	transfer	of	angular	momentum	through	the	action	of	torques	between	the	oceans	and	the	continents.	Continental	topography	affects	air	motion	and	global	circulation	through	the	transfer	of	mass,	angular	momentum,	and
sensible	heat,	and	the	dissipation	of	kinetic	energy	by	friction	in	the	atmospheric	boundary	layer.	Because	the	atmosphere	is	comparatively	thin,	organized	topography	in	the	form	of	extended	mountain	ranges	that	lie	roughly	perpendicular	to	the	preferred	atmospheric	circulation,	such	as	the	Rocky	Mountains	in	North	America	and	the	Andes
Mountains	in	South	America,	can	inhibit	how	far	maritime	air	penetrates	into	continents	and	thus	affect	where	clouds	and	precipitation	occur.	The	transfer	of	mass	between	the	atmosphere	and	lithosphere	is	mainly	as	water	vapor,	rain,	and	snow.	However,	this	may	sometimes	also	occur	as	dust	when	volcanoes	throw	matter	into	the	atmosphere	and
increase	the	turbidity	of	the	air.	The	ejected	sulfur-bearing	gases	and	particulate	matter	may	modify	the	aerosol	load	and	radiation	balance	of	the	atmosphere	and	influence	climate	over	extended	areas.	The	soil	moisture	in	the	active	layer	of	the	continental	lithosphere	that	is35	10	TH	and	the	Global	Water	Cycle	accessible	to	the	atmosphere	via	plants
can	have	a	marked	influence	on	the	local	energy	balance	at	the	land	surface.	Soil	moisture	content	affects	the	rate	of	evaporation,	the	reflection	by	soil	of	solar	radiation,	and	the	thermal	conductivity	of	the	soil.	Because	soil	moisture	tends	to	change	fairly	slowly	it	can	provide	a	land-based	memory	with	an	effect	on	the	atmosphere	broadly	equivalent
to	that	of	slowly	changing	sea	surface	temperature.	Biosphere	Terrestrial	vegetation,	continental	fauna,	and	the	flora	and	fauna	of	the	oceans	make	up	the	biosphere.	It	is	now	recognized	that	the	nature	of	vegetation	covering	the	ground	is	not	only	influenced	by	the	regional	hydroclimate,	but	also	itself	influences	the	hydroclimate	of	a	region.	This	is
because	the	type	of	vegetation	present	affects	the	aerodynamic	roughness	and	solar	reflectivity	of	the	surface,	and	whether	water	falling	as	precipitation	leaves	as	evaporation	or	runoff.	The	rooting	depth	of	vegetation	matters	because	it	determines	the	size	of	the	moisture	store	available	to	the	atmosphere.	Changes	in	the	type	of	vegetation	present
may	occur	in	response	to	changes	in	climate,	and	modern	climate	prediction	models	attempt	to	represent	such	evolution.	Imposed	changes	caused	by	human	intervention	through,	for	example,	large-scale	deforestation	or	irrigation	also	occur	and	these	can	be	extensive	and	alter	surface	inputs	to	the	atmosphere	of	continental	regions.	The	behavior	of
the	biosphere	influences	the	carbon	dioxide	present	in	the	atmosphere	and	oceans	through	photosynthesis	and	respiration.	It	is	essential	to	include	description	of	these	influences	when	models	are	used	to	simulate	global	warming.	For	this	reason,	advanced	sub-models	describing	the	biosphere	in	meteorological	models	seek	to	represent	the	energy,
water,	and	carbon	exchanges	of	the	biosphere	simultaneously.	Water	and	carbon	exchanges	are	linked	by	the	fact	that	the	water	transpired	and	the	carbon	assimilated	by	vegetation	occurs	by	molecular	diffusion	through	the	same	plant	stomata.	Models	of	the	biosphere	are	often	referred	to	as	Land	Surface	Parameterization	Schemes	(LSPs)	or	Soil
Vegetation	Atmosphere	Transfer	Schemes	(SVATs);	see	Chapter	24	for	greater	detail.	Figure	1.4	shows	an	example	of	the	Simple	Biosphere	Model	(SiB;	Sellers	et	al.,	1986),	an	example	of	a	SVAT	that	is	currently	widely	used.	Because	the	biosphere	is	sensitive	to	changes	in	climate,	detailed	study	of	past	changes	in	its	nature	and	behavior	as	revealed
in	fossils	and	tree	rings	and	in	pollen	and	coral	records	is	important	as	a	means	of	documenting	the	prevailing	climate	in	previous	eras.	Anthroposphere	The	word	anthroposphere	is	used	to	describe	the	effect	of	human	beings	on	the	Earth	system.	For	much	of	our	existence	human	impact	on	the	environment	was	small,	but	as	our	numbers	grew	our
impact	on	the	atmosphere	and	landscape36	TH	and	the	Global	Water	Cycle	11	Figure	1.4	A	schematic	diagram	of	the	physical	and	physiological	processes	represented	in	the	second	generation	Simple	Biosphere	(SiB2)	soil	vegetation	atmosphere	transfer	scheme.	(From	Colello	et	al.,	1998,	published	with	permission.)	See	Plate	2	for	a	colour	version	of
this	image.	expanded.	With	the	start	of	the	industrial	revolution	in	the	late	eighteenth	century,	humans	developed	the	ability	to	harness	power	from	fossil	fuels	and	transitioned	from	mostly	observers	to	participants	in	global	change.	We	have	significantly	altered	the	biogeochemical	cycles	of	carbon,	nitrogen,	sulfur,	and	phosphorus.	Alteration	of	the
carbon	cycle	has	changed	the	acidity	of	the	oceans	and	is	changing	the	climate	of	Earth.	Chemical	inventions	such	as	chlorinated	fluorocarbons	(CFCs)	have	altered	the	ozone	in	the	stratosphere	and	the	amount	of	ultraviolet	light	reaching	the	Earth	s	surface.	The	footprint	of	our	chemical	activities	is	now	found	in	the	air,	water,	land,	and	biota	of
Earth	in	the	form	of	naturally	occurring	and	human-created	molecules.	The	anthroposphere	has	expanded	to	occupy	land	for	dwellings	and	agriculture.	Human	dwellings	now	occupy	about	8%	of	ice-free	land	and	about	three-quarters	of	the	land	surface	has	been	altered	by	humans	in	some	way.	As	mentioned	above	and	discussed	in	more	detail	in
later	chapters,	changing	the	nature	of	the	land37	12	TH	and	the	Global	Water	Cycle	surface	is	important	for	hydrometeorology	because	it	alters	the	way	energy	from	the	Sun	enters	the	atmosphere	from	below	and,	if	sufficiently	extensive,	land-use	change	has	impact	on	regional	and	perhaps	global	climate	and	weather.	Examples	of	such	change
include	urban	heat	islands	and	changes	to	regional	evaporation	due	to	the	building	of	large	dams,	extensive	irrigation,	and	land-cover	change	such	as	deforestation.	When	compared	with	most	natural	changes	in	other	spheres	of	the	globe,	change	in	the	anthroposphere	is	happening	very	rapidly.	This	is	partly	because	human	population	has	increased
quickly	over	the	past	few	centuries	and	still	is	today,	but	also	because	strides	in	technology	have	empowered	humans	to	directly	and	indirectly	effect	change	to	the	environment	in	new	and	different	ways,	and	because	as	society	develops	the	per	capita	demand	for	energy	increases	hugely.	Important	points	in	this	chapter	Hydrometeorology:
hydrometeorology	(and	this	text)	concerns	the	physics,	mathematics,	and	statistics	of	processes	and	phenomena	involved	in	exchanges	between	the	atmosphere	and	ground	that	typically	occur	over	hours	or	days,	and	how	the	time	average	of	these	exchanges	combine	to	define	hydroclimatology.	Water	reservoirs:	the	size	of	the	Earth	s	water
reservoirs	are	poorly	defined	but	include	the	oceans	(~	95.6%),	groundwater	(~2.4%),	frozen	water	(1.9%),	and	water	bodies,	soil	moisture,	atmospheric	water,	rivers	and	biological	water	(in	total	~	0.01%).	Water	cycle:	as	a	global	average	about	90%	of	oceanic	evaporation	falls	back	to	the	oceans	as	precipitation,	the	remainder	being	transported
over	land;	and	about	55	65%	of	the	precipitation	falling	over	land	re-evaporates	(depending	on	the	continent)	leaving	35	45%	to	runoff	back	to	the	ocean	in	rivers	and	icebergs.	Atmosphere:	Constituents	and	structure:	About	80%	N	2	and	20%	O	2	and	other	minority	gases	(CO	2,	O	3,	H	2	O,	etc.),	99.9%	of	which	are	within	80	km	of	the	ground	in	the
troposphere,	stratosphere,	mesosphere,	thermosphere,	with	most	water	vapor	in	the	lower	troposphere	within	10	km	of	the	ground.	Circulation:	Differential	heating	by	the	Sun	causes	global	circulation	in	the	troposphere	which	moves	energy	toward	the	poles	and	which	is	complicated	by	the	Coriolis	force	but	is,	on	average,	organized.	Variance:
Contributions	to	the	variance	of	the	atmosphere	arise	at	frequencies	linked	to	the	seasonal	cycle,	transient	weather	systems,	and	the	daily	cycle,	with	these	contributions	separated	by	a	distinct	spectral	gap	from	those	at	higher	frequencies	that	are	associated	with	turbulence.38	TH	and	the	Global	Water	Cycle	13	Hydrosphere:	Extent	and	importance:
Oceans	cover	~70%	of	the	Earth	and	the	solar	energy	they	intercept	is	mainly	used	to	evaporate	water	vapor	into	the	atmosphere;	they	have	a	large	thermal	capacity	and	act	as	memory	in	the	Earth	system	that	influences	season	climate.	Structure:	Oceans	have	a	surface	layer	10s	100s	m	deep	warmed	by	the	Sun	s	energy	in	which	there	are	wind-
driven	ocean	currents,	this	layer	being	separated	by	a	strong	thermal	gradient	from	the	deep	ocean	which	moves	very	slowly	in	response	to	changes	in	temperature	and	salinity.	Currents:	Upper	ocean	currents	move	heat	from	the	tropics	to	polar	regions:	ocean	flow	is	east	to	west	in	the	tropics,	poleward	on	the	eastern	side	of	continents,	then	back
toward	the	equator	on	the	western	side	of	continents.	Cryosphere:	comprises	the	polar	ice	fields	and	glaciers	that	change	slowly	and	transient	continental	snow/ice	fields	with	a	strong	seasonal	influence	on	climate.	Lithosphere:	organized	topography	perpendicular	to	atmospheric	flow	can	inhibit	penetration	of	maritime	air	into	continents,	and
aerosols	from	volcanoes	can	alter	the	radiation	balance	over	extensive	areas.	Biosphere:	vegetation	cover	affects	aerodynamic	roughness	and	reflection	of	solar	energy	and	by	intercepting	rainfall	and	accessing	water	in	the	soil	through	roots,	also	whether	precipitation	leaves	as	evaporation	or	runoff.	Anthroposphere:	human	population	is	now	large
enough	to	influence	climate,	mainly	by	changing	the	concentrations	of	gases	in	the	atmosphere	and	by	modifying	land	cover	over	large	areas.	References	Colello,	G.D.,	Grivet,	C.,	Sellers,	P.J.,	&	Berry,	J.A.	(1998)	Modeling	of	energy,	water,	and	CO	2	flux	in	a	temperate	grassland	ecosystem	with	SiB2:	May	October	Journal	of	Atmospheric	Sciences,	55
(7),	Langbein,	W.G.	(1967)	Hydroclimate.	In:	The	Encyclopaedia	of	Atmospheric	Sciences	and	Astrogeology	(ed.	R.W.	Fairbridge),	pp	Reinhold,	New	York.	Korzun,	V.I.	(1978)	World	Water	Balance	of	the	Earth.	Studies	and	Reports	in	Hydrology,	25.	UNESCO,	Paris.	Sellers,	P.J.,	Mintz,	Y.,	Sud,	Y.C.	&	Dalcher,	A.	(1986)	A	simple	biosphere	model	(SiB)
for	use	within	general	circulation	models.	Journal	of	Atmospheric	Sciences,	43,	Shiklomanov,	J.A.	(1993)	World	fresh	water	resources.	In:	Water	in	Crisis:	A	Guide	to	the	World	s	Fresh	Water	Resources	(ed.	P.H.	Gleick),	pp	Oxford	University	Press,	New	York.	Trenberth,	K.E.,	Smith,	L.,	Qian,	T.,	Dai,	A.	&	Fasullo,	J.	(2007)	Estimates	of	the	global	water
budget	and	its	annual	cycle	using	observational	and	model	data.	Journal	of	Hydrometeorology,	8,	US	Standard	Atmosphere	(1976)	US	Government	Printing	Office,	Washington,	DC.39	2	the	Water	Vapor	in	Atmosphere	Introduction	Hydrometeorologists	are	commonly	concerned	with	quantifying	the	amount	of	water	in	the	atmosphere	in	vapor,	liquid,
and	solid	form	and	with	seeking	to	describe	the	way	energy	and	water	move	vertically	in	the	atmosphere	toward	and	away	from	the	ground.	In	this	chapter	we	consider	the	basic	definitions	and	important	concepts	needed	for	this.	Latent	heat	The	molecules	that	make	up	ice	are	held	rigidly	together	in	close	proximity	by	intermolecular	forces.	In	liquid
water	the	molecules	are	also	close	together	but,	because	they	are	at	a	higher	temperature,	they	move	around	and	their	average	separation	is	therefore	somewhat	greater.	In	water	vapor,	molecular	separation	is	very	much	larger:	molecules	in	water	vapor	are	typically	separated	by	about	ten	molecular	diameters.	As	water	molecules	move	farther
apart,	the	forces	that	bind	them	reduce	quickly	with	distance	and	at	ten	molecular	diameters	these	forces	are	much	smaller	than	when	the	molecules	are	in	near	contact.	Viewed	in	this	way,	the	transition	from	ice	to	liquid	water	and	then	to	water	vapor	can	be	viewed	as	a	temperature	related	increase	in	the	separation	of	molecules	in	the	face	of	the
attractive	intermolecular	forces	acting	between	them.	To	move	against	a	force	requires	work,	and	therefore	energy	has	to	be	given	to	separate	water	molecules	to	give	changes	in	phase.	The	amount	of	energy	needed	is	directly	related	to	the	number	of	molecules	present	and	therefore	to	the	mass	of	water	that	changes	phase.	The	amount	of	energy
needed	for	ice-to-liquid	water	transition	is	called	the	latent	heat	of	fusion	and	is	MJ	kg	1.	Because	the	change	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.40	Water	Vapor	in	the	Atmosphere	15	in	separation	for	transition	from	liquid	water	to	water	vapor	is	much
larger,	the	latent	heat	of	vaporization	for	liquid	water	is	also	greater.	The	amount	of	energy	needed	also	depends	on	the	temperature	at	which	the	phase	changes	occur.	Molecules	in	warm	water	are	already	a	little	farther	apart	than	in	cold	water,	so	rather	less	energy	is	needed	and	the	latent	heat	of	vaporization	is	slightly	lower	at	higher
temperatures.	For	this	reason,	l,	the	latent	heat	of	vaporization	of	water,	is	temperature	dependent	and	when	the	temperature,	T	C,	is	given	in	C,	l	is	calculated	by:	C	l	=	T	MJ	kg	1	(2.1)	Atmospheric	water	vapor	content	As	discussed	in	Chapter	1,	the	atmosphere	is	a	complex	mixture	of	gases	with	nitrogen	and	oxygen	being	the	dominant	constituents.
However,	in	the	troposphere,	water	vapor	is	a	particularly	important	constituent,	with	a	variable	concentration	that	is	typically	a	few	percent.	When	describing	the	concentration	of	water	vapor	in	the	air,	it	is	convenient	to	speak	in	terms	of	air	comprising	just	two	constituents,	i.e.,	water	vapor	and	dry	air.	Dry	air	is	the	general	description	of	all	the
other	gases	present.	The	sum	of	these	two	constituents	is	then	referred	to	as	moist	air.	If	the	densities	of	water	vapor,	dry	air,	and	moist	air	in	an	air	sample	are	r	v,	r	d	and	r	a,	respectively,	the	proportion	of	water	vapor	in	the	moist	air	can	be	characterized	in	several	different	ways.	One	is	as	the	mixing	ratio,	r,	which	is	defined	as	the	ratio	of	the
mass	of	water	vapor	to	the	mass	of	dry	air	in	the	moist	air	sample,	expressed	in	terms	of	densities	as:	v	r	=	r	r	d	(2.2)	Another	common	way	to	define	the	water	vapor	content	of	an	air	sample	is	as	the	ratio	of	the	mass	of	water	vapor	to	the	mass	of	moist	air.	This	ratio,	q,	is	called	the	specific	humidity	of	the	air,	expressed	in	terms	of	densities	as:	r	v	q
=	=	r	v	(	+	)	r	r	r	a	v	d	(2.3)	Because	r	v	is	always	considerably	less	than	r	d	and	r	a,	the	numerical	values	of	mixing	ratio	and	specific	humidity	are	usually	very	similar.	Strictly	speaking,	both	r	and	q	are	dimensionless	quantities,	but	often	q	is	referred	to	as	having	units	of	kg	kg	1	or,	more	often,	gm	kg	1.	The	specific	humidity	of	air	in	the	troposphere
is	generally	in	the	range	0	30	gm	kg	1.41	16	Water	Vapor	in	the	Atmosphere	Ideal	Gas	Law	In	the	seventeenth	and	eighteenth	centuries	it	was	discovered	that	there	are	simple	relationships	between	the	pressure,	volume,	and	temperature	of	gases.	Boyle	s	Law,	for	example,	states	that	at	constant	temperature,	the	absolute	pressure,	P,	and	the	volume,
V,	of	a	gas	are	inversely	proportional.	Similarly,	Charles	s	Law	states	that	at	constant	pressure,	the	volume	of	a	given	mass	of	an	ideal	gas	increases	or	decreases	by	the	same	factor	as	its	temperature	increases	or	decreases,	providing	the	temperature,	T,	is	measured	in	K.	These	two	laws	can	be	combined	to	give	the	Ideal	Gas	Law,	which	has	the	form:
PV	=	nrt	(2.4)	where	R	is	the	universal	gas	constant	equal	to	J	mol	1	K	1,	and	n	is	the	number	of	moles	of	gas	considered.	One	mole	of	gas	is	defined	as	comprising	molecules:	this	number	is	called	Avogadro	s	number.	Strictly	speaking,	Equation	(2.4)	only	applies	for	an	ideal	gas	in	which	the	molecules	are	treated	as	noninteracting	point	particles
engaged	in	a	random	motion	that	obeys	the	conservation	of	energy.	In	practice,	however,	the	real	gases	that	make	up	the	atmosphere	approximate	the	behavior	of	an	ideal	gas	closely	for	the	range	of	temperatures	and	pressure	found	in	the	troposphere.	The	mass	of	a	mole	of	one	specific	gas,	M	g,	is	called	the	gram	molecular	weight	of	the	gas.	If	a
volume,	V,	contains	n	moles	of	gas,	it	therefore	has	a	mass	(nm	g	),	and	the	sample	of	gas	has	a	density	r	g	=	(nm	g	)/V.	This	means	Equation	(2.4)	can	be	re-written	as:	P	=	r	R	T	g	g	(2.5)	where	R	g	=	(R/M	g	)	is	the	gas	constant	for	the	specific	gas.	It	is	convenient	to	use	this	second	form	of	the	ideal	gas	law	when	describing	moist	air.	The	gram
molecular	weight	of	water	is	18	grams	per	mole	and	if	dry	air	is	assumed	to	comprise	78%	nitrogen	and	22%	oxygen,	the	gram	molecular	weight	of	dry	air	is	29	grams	per	mole.	Consequently,	the	specific	gas	constants	of	water	vapor	and	dry	air	are	J	kg	1	K	1	and	J	kg	1	K	1,	respectively.	Since	the	molecules	making	up	a	gas	are	typically	separated	by
about	ten	molecular	diameters	at	normal	temperatures	and	pressures,	only	about	one	thousandth	of	the	volume	of	the	gas	is	actually	occupied	by	gas	molecules.	Gases	are	therefore	largely	empty	space	and	this	means	that	for	a	gas	that	is	a	mixture	of	molecules,	the	contribution	to	the	pressure	made	by	one	constituent	gas	in	the	mixture	is
independent	of	the	pressure	contribution	made	by	the	other	gases	present.	This	result	is	Dalton	s	law	of	partial	pressures,	and	it	means	that	the	ideal	gas	law	can	be	applied	not	only	to	the	mixture	of	gases	but	also	separately	to	each	constituent	in	a	gas	mixture.42	Water	Vapor	in	the	Atmosphere	17	Thus,	if	a	sample	of	moist	air	has	a	total	pressure,
P,	the	contribution	to	that	pressure	given	by	the	water	vapor	molecules	it	contains,	e,	called	the	vapor	pressure	of	the	moist	air,	is	given	by:	e	=	r	R	T	v	v	(2.6)	where	r	v	is	the	(variable)	density	of	the	water	vapor	in	the	moist	air	mixture	and	R	v	is	the	gas	constant	for	water	vapor.	Similarly,	if	we	treat	the	remainder	of	the	moist	air	as	being	one	gas,
the	contribution	to	the	total	pressure	of	this	dry	air	component	of	the	moist	air	gas	mixture	is	(P-e),	given	by:	(	)	=	(	)	P	e	r	r	R	T	(2.7)	a	v	d	where	r	a	is	the	density	of	the	moist	air	mixture	and	R	d	is	the	gas	constant	of	the	dry	air.	Like	the	mixing	ratio	and	specific	humidity,	the	vapor	pressure	of	the	air	is	a	measure	of	the	amount	of	water	vapor
present	in	a	sample	of	moist	air	and	it	is	frequently	used	as	such	in	this	text.	The	different	measures	of	atmospheric	water	vapor	content	are	of	course	interrelated.	Because	(R	d	/R	v	)	=	0.62,	the	relationship	between	the	specific	humidity	and	vapor	pressure	of	the	air	can	be	shown	to	have	the	form:	(	d	v)	1	(	)	r	er	R	v	0.62e	q	=	=	=	ra	P	e	R	P	0.38e	d
R	v	(2.8)	with	q	in	kg	kg	1.	However,	because	e	is	usually	much	less	than	P	it	is	often	acceptable	to	assume	that,	to	an	accuracy	of	a	few	percent:	q	=	r	=	e	(2.9)	P	Virtual	temperature	Combining	Equations	(2.6)	and	(2.7)	gives:	R	P	=	a	v	RdT	+	vrvt=	ardt	+	Rd	v	(	r	r	)	r	r	1	1	r	v	ra	(2.10)	This	equation	can	be	re-written	as:	P	=	r	R	T	(2.11)	a	d	v43	18
Water	Vapor	in	the	Atmosphere	where	T	v	is	called	the	virtual	temperature.	It	is	the	temperature	that	dry	air	would	have	if	it	had	the	same	density	and	pressure	as	the	moist	air,	and	is	given	by:	R	v	r	v	Tv	=	T	1+	1	R	d	ra	(2.12)	Substituting	Equation	(2.2)	and	recalling	that	(R	d	/R	v	)	=	0.62,	this	last	equation	becomes:	Tv	=	T	r	(2.13)	and	because	q
and	r	are	numerically	similar,	it	is	usually	acceptable	also	to	write:	Tv	=	T	q	(2.14)	In	the	next	chapter	we	use	this	definition	of	virtual	temperature	to	adjust	the	temperature	profile	of	the	atmosphere	so	as	to	compensate	for	the	effect	on	atmospheric	buoyancy	of	density	variations	associated	with	height-dependent	changes	in	water	vapor
concentration.	Saturated	vapor	pressure	The	net	evaporation	rate	from	a	water	surface	is	the	difference	between	two	exchange	rates:	the	rate	at	which	molecules	are	being	boiled	off	from	the	water	surface	minus	the	rate	at	which	molecules	of	water	already	present	in	the	air	above	the	surface	are	recaptured	back	into	the	water,	see	Fig	Water	vapor
Condensation	Vaporization	Figure	2.1	Vaporization	and	capture	components	of	the	evaporation	process.	Liquid	water44	Water	Vapor	in	the	Atmosphere	19	According	to	Kevin-Boltzmann	statistics,	the	number	of	molecules	that	acquire	enough	energy	to	break	the	intermolecular	bonds	in	the	water	and	enter	the	overlying	air	is	related	to	temperature,
i.e.:	l	n	Boil	off	rate	k1	exp	kt	(2.15)	where	k	and	k	1	are	constants	and	n	is	the	number	of	molecules	per	unit	volume.	On	the	other	hand,	the	rate	of	capture	of	molecules	is	directly	related	to	concentration	of	vapor	molecules	in	the	overlying	air,	i.e.:	2	(	)	Capture	rate	k	1	r'	e	(2.16)	where	k	2	is	a	constant	and	r	is	the	fraction	of	water	vapor	molecules
colliding	with	the	surface	that	are	reflected	without	capture.	If	the	(temperature	dependent)	boil	off	rate	exceeds	the	(concentration	dependent)	capture	rate,	there	is	net	evaporation	and	liquid	water	leaves	the	surface	and	enters	the	air	as	water	vapor.	But	what	would	happen	if	the	air	above	the	evaporating	water	surface	was	enclosed	so	that
evaporated	molecules	were	not	able	to	diffuse	away	higher	into	the	atmosphere?	Gradually	the	concentration	of	molecules	in	the	air	would	rise	until	such	time	as	the	rate	of	capture	equaled	the	rate	of	boil	off.	There	would	then	be	no	net	loss	of	water	molecules,	evaporation	would	cease;	the	air	is	then	be	said	to	be	saturated.	Because	net	evaporation
is	the	difference	between	two	rates,	there	is	a	well-defined	concentration	of	water	vapor	at	which	the	net	exchange	is	zero.	This	concentration	depends	on	the	temperature-dependent	boil	off	rate.	Were	the	temperature	higher,	for	example,	the	boil	off	rate	would	increase	and	exchange	equilibrium	would	be	established	with	the	saturated	air	having	a
higher	concentration	of	water	vapor.	The	relationship	between	the	saturated	vapor	pressure,	e	sat,	and	temperature	has	been	defined	by	experiment	and	several	empirically	determined	relationships	have	been	proposed.	Here	we	select	the	following:	e	sat	C	T	=	exp	C	T	kpa	(2.17)	when	the	temperature	is	given	in	C.	Note	that	elsewhere	in	this	text
the	temperature,	T,	is	usually	expressed	in	K.	Here,	T	C	is	used	to	represent	temperature	to	emphasize	that	in	this	empirical	formula	the	value	of	temperature	must	be	expressed	in	C.	The	gradient	of	the	relationship	between	saturated	vapor	pressure	and	temperature	is	often	used	in	equations	describing	evaporation	rate	and,	when	used	in	this	way,
this	gradient	is	usually	represented	by	Δ.	Differentiating	Equation	(2.17)	gives:	desat	Δ=	=	C	dt	4098	e	sat	C	(	T	)	2	kpa	C	1	(2.18)45	20	Water	Vapor	in	the	Atmosphere	Figure	2.2	Variation	in	saturated	vapor	pressure	of	water	and	the	gradient	of	that	variation	as	a	function	of	temperature	in	C.	e	sat	(kpa)	T	c	C	Δ	(kpa	C	1)	T	c	C	Figure	2.2	illustrates



how	e	sat	and	Δ	change	as	a	functions	of	T	C.	Both	variables	change	substantially	over	the	normal	range	of	temperatures.	The	fact	that	e	sat	and	Δ	have	specified	relationships	with	temperature	is	very	important	in	hydrometeorology:	it	means	that	additional	equations	are	available	to	link	the	surface	exchanges	of	water	vapor	and	heat.	At	a	particular
temperature,	the	density	of	water	vapor	in	saturated	air,	r	v,sat,	can	be	specified	from	the	saturated	vapor	pressure	using	Equation	(2.6).	Consequently,	corresponding	values	of	saturated	mixing	ratio,	r	sat,	and	saturated	specific	humidity,	q	sat,	can	be	defined	by	substituting	this	value	of	r	v,sat	into	Equations	(2.2)	and	(2.3),	respectively.	Measures	of
saturation	Figure	2.3	is	helpful,	not	only	because	it	defines	the	extent	to	which	the	atmosphere	is	saturated,	but	also	because	later	it	is	used	in	important	methods	to	measure	the	vapor	pressure	of	moist	air.	This	diagram	is	for	the	example	case	of	an	atmosphere	with	a	temperature	of	35	C	that	is	60%	saturated.	Probably	the	most	common	way	to
specify	the	extent	to	which	air	is	saturated	is	to	specify	its	relative	humidity,	RH.	Relative	humidity	is	defined	as	the	ratio	of	the	actual	vapor	pressure	of	the	air	to	the	saturation	vapor	pressure	at	air	temperature	and	is	normally	expressed	as	a	percentage.	To	good	accuracy	the	relative	humidity	can	also	be	calculated	as	the	ratio	of	the	mixing	ratio	of
the	air	to	saturation	mixing	ratio	at	air	temperature,	or	as	the	ratio	of	specific	humidity	of	the	air	to	the	saturation	specific	humidity	at	air	temperature,	thus:	e	r	q	RH	=	100	%	=	100	%	=	100	%	esat	rsat	qsat	(2.19)	A	second	important	measure	of	atmospheric	humidity	content	is	the	vapor	pressure	deficit,	D.	The	vapor	pressure	deficit	is	defined	as
the	difference	between	saturation	vapor	pressure	at	air	temperature	and	the	vapor	pressure	of	the	air,	i.e.:46	Water	Vapor	in	the	Atmosphere	21	8	Saturated	vapor	pressure	at	air	temperature	(e	sat	)	e	sat	(kpa)	Relative	humidity	RH	=	(e/e	sat	)	x	100%	Vapor	pressure	deficit	D	=	(e	sat	e)	Vapor	pressure	of	the	air	(e)	Figure	2.3	Measures	of	the	extent
of	atmospheric	saturation	and	temperatures	used	when	measuring	the	vapor	pressure	of	moist	air	T	C	C	Dew	point	temperature	Air	temperature	(	)	D	=	e	e	(2.20)	sat	Knowing	the	value	of	D	for	air	is	particularly	important	when	calculating	evaporation	rate	because	it	provides	a	direct	measure	of	how	much	additional	water	vapor	the	atmosphere	can
hold.	Measuring	the	vapor	pressure	of	air	The	dew	point	of	air,	T	dew	(see	Fig.	2.3)	is	a	measure	of	the	vapor	pressure	of	the	air.	Dew	point	is	defined	as	the	temperature	to	which	air	must	be	cooled	at	constant	pressure	for	it	to	saturate.	It	can	be	shown	by	inverting	Equation	(2.17)	that	for	air	with	vapor	pressure	e	(in	kpa),	the	dew	point	of	the	air	in
C	is	given	by:	T	dew	(	e)	ln	=	ln	(	e)	(2.21)	A	dew	point	hygrometer	measures	the	humidity	of	air	by	cooling	an	initially	clear	mirror	until	its	surface	becomes	clouded	by	water	condensing	onto	the	mirror.	The	measured	temperature	of	the	mirror	when	this	first	occurs	is	the	dew	point	temperature	of	the	air	and	the	vapor	pressure	of	the	air	(which	is,	by
definition,	equal	to	the	saturated	vapor	pressure	at	dew	point)	can	be	then	calculated	using	Equation	(2.17).47	22	Water	Vapor	in	the	Atmosphere	e	sat	(kpa)	Air	cools	to	provide	latent	heat	Air	moistens	due	to	evaporation	2	Vapor	pressure	of	the	air	(e)	Figure	2.4	Illustrating	how	the	air	in	a	thermally	insolating	container	overlying	a	thin	layer	of
water	saturates	and	also	cools	to	provide	the	energy	needed	to	evaporate	the	water	T	C	C	30	Wet	bulb	temperature	40	Air	temperature	or	Dry	bulb	temperature	Determining	T	wet,	the	wet	bulb	temperature	of	a	sample	of	air	(see	Fig.	2.3)	while	also	measuring	air	temperature	is	arguably	the	most	common	way	that	atmospheric	humidity	is
determined.	In	this	context,	the	measured	air	temperature	is	generally	called	the	dry	bulb	temperature,	T	dry.	The	names	wet	bulb	and	dry	bulb	temperature	are	because	air	temperature	can	be	measured	using	a	mercury	thermometer	with	a	dry	bulb	(i.e.,	mercury	reservoir),	while	a	second	mercury	thermometer	whose	bulb	is	moist	is	used	to
measure	T	wet.	In	practice,	the	wet	bulb	is	usually	covered	with	a	moist	cloth	sheath	that	is	shaded	from	the	Sun	s	rays.	Preferably	both	thermometers	should	also	be	aspirated,	i.e.,	have	air	drawn	over	their	mercury	reservoirs,	using	a	fan.	Wet	bulb	temperature	is	defined	to	be	the	temperature	to	which	air	is	cooled	by	evaporating	water	into	it	at
constant	pressure	until	it	is	saturated.	It	is	helpful	to	consider	the	relationship	between	vapor	pressure	of	air,	and	wet	bulb	and	dry	bulb	temperature	by	imagining	a	volume,	V,	of	air	overlying	a	thin	layer	of	water	inside	a	container	that	thermally	isolates	the	air	from	its	surroundings.	Initially	this	air,	which	has	a	pressure	P,	has	vapor	pressure	e	and
temperature	T	dry.	Some	of	the	water	in	the	thermally	isolating	container	evaporates	using	energy	taken	from	the	air	itself	to	provide	the	required	latent	heat.	Consequently,	the	temperature	of	the	air	is	progressively	reduced.	Eventually	the	air	in	the	container	saturates.	The	now	saturated	air	has	the	temperature	T	wet	and	its	vapor	pressure	is
equal	to	e	sat	(T	wet	),	the	saturated	vapor	pressure	at	this	temperature,	see	Fig	From	Equation	(2.9),	it	follows	that	the	initial	and	final	specific	humidity	of	the	air	in	the	container	are	q	=	0.622(e/P)	and	q	sat	(T	wet	)	=	0.622[e	sat	(T	wet	)	/P)],48	Water	Vapor	in	the	Atmosphere	23	respectively.	Because	the	air	in	the	container	is	thermally	isolated,
the	heat	removed	from	the	air	as	it	cools	must	equal	the	latent	heat	required	to	evaporate	water	to	raise	the	specific	humidity	of	the	air	to	saturation,	i.e.:	(	)	(	)	rav	Tdry	Twet	cp	=	ra	qsat	Twet	q	Vl	(2.22)	where	c	p	(=	kj	kg	1	K	1	)	is	the	specific	heat	at	constant	pressure	for	air.	Rewriting	Equation	(2.22)	in	terms	of	vapor	pressure:	(	)	r	c	T	T	a	p	dry
wet	(	)	r	a	esat	Twet	e	=	l	P	(2.23)	This	last	equation	can	be	re-written	as	the	so-called	wet	bulb	equation,	which	takes	the	form:	(	)	(	)	e	=	e	T	γ	T	T	(2.24)	sat	wet	dry	wet	In	this	last	equation	the	term	(T	dry	T	wet	)	is	often	called	the	wet	bulb	depression	and	γ	is	the	psychrometric	constant	calculated	from:	cp	p	γ=	l	(2.25)	Actually	the	psychrometric
constant	is	not	constant	because	it	varies	with	atmospheric	pressure	and	also	to	some	extent	with	temperature,	because	the	latent	heat	of	vaporization	of	water	has	temperature	dependency,	see	Equation	(2.1).	For	a	temperature	of	20	C	and	pressure	of	kpa,	the	value	of	γ	is	Wet	and	dry	bulb	temperatures	are	often	routinely	measured	at	climate
stations	and	if	measured	using	aspirated	thermometers	the	value	of	γ	calculated	by	Equation	(2.25)	should	be	used	to	calculate	the	vapor	pressure.	However,	if	the	thermometers	are	not	aspirated	(which	is	often	the	case),	a	different,	empirically	determined	value	of	γ	*	is	required	to	substitute	for	γ	when	calculating	the	atmospheric	vapor	pressure
from	the	wet	bulb	equation.	Important	points	in	this	chapter	Latent	heat:	separating	water	molecules	in	liquid	water	to	give	water	vapor	requires	energy	(	2.5	MJ	kg	1	)	which	is	called	the	latent	heat	of	vaporization	and	which	reduces	with	temperature	by	about	0.1%	per	C.	Atmospheric	water	content:	is	quantified	in	terms	of	the	ratio	of	the	density	of
water	vapor	to	that	of	the	(dry)	air,	called	the	mixing	ratio	(r),	or	the49	24	Water	Vapor	in	the	Atmosphere	ratio	of	the	density	of	water	vapor	to	that	of	moist	air,	called	the	specific	humidity	(q).	The	vapor	pressure	of	air	(e)	is	also	a	measure	of	atmospheric	water	content.	Ideal	gas	law:	the	temperature	(T),	volume	(V)	and	pressure	(P)	of	a	gas	are
related	by	the	ideal	gas	law	which	can	be	written	as	PV	=	r	g	R	g	T	where	r	g	and	R	g	=	R/M	g	are	the	density	and	(gas-specific)	gas	constant,	respectively,	and	M	g	is	its	gram	molecular	weight.	When	applied	to	both	the	dry	air	and	water	vapor	portions	of	moist	air,	to	good	accuracy	this	gives	the	result	q	=	r	=	(0.622	e/p).	Virtual	temperature:	T	v	=
T(1+0.61q)	is	the	temperature	that	dry	air	would	have	if	it	had	the	same	density	and	temperature	as	the	moist	air.	Saturated	vapor	pressure:	the	maximum	vapor	pressure	of	air	when	saturated,	e	sat,	and	the	rate	of	change	of	e	sat	with	temperature,	Δ,	are	both	well-defined	functions	of	the	temperature.	Measures	of	saturation:	two	measures	in
common	use	are	the	relative	humidity,	RH	=	(100e)/	e	sat,	and	the	vapor	pressure	deficit	D	=	(e	sat	e).	Measuring	the	vapor	pressure:	two	ways	to	measure	vapor	pressure	are:	Dew	point	hygrometer:	Dew	point	is	obtained	as	the	temperature	of	an	initially	clear	mirror	cooled	until	its	surface	becomes	clouded	by	dew.	Equation	(2.17)	is	then	applied	to
calculate	e	from	T	dew.	Wet	bulb	psychrometer:	Two	(preferably	aspirated)	thermometers,	one	dry	and	one	wet,	measure	the	dry	bulb	and	wet	bulb	temperatures,	T	dry	and	T	wet,	respectively;	vapor	pressure	is	calculated	from	e	=	e	sat	(	T	wet	)	γ	(T	dry	T	wet	)	where	e	sat	(T	w	)	is	the	saturated	vapor	pressure	at	wet	bulb	temperature	and	γ	is	the
psychrometric	constant.50	3	in	Vertical	Gradients	the	Atmosphere	Introduction	Air	nearer	to	the	ground	must	support	the	column	of	air	above	it	and	so	has	to	exert	an	upward	force	per	unit	surface	area	(i.e.,	an	upward	pressure)	that	is	equal	and	opposite	to	the	downward	gravitational	force	exerted	by	all	the	overlying	air.	Because	the	mass	of
overlying	air	reduces	with	distance	from	the	ground,	air	pressure	reduces	with	height.	Air	temperature	is	related	to	pressure	and	density	through	the	ideal	gas	law,	Equation	(2.5),	so	air	temperature	necessarily	also	changes	with	height.	In	the	absence	of	any	disturbing	influences	such	as	heat	inputs	from	the	Sun	or	surface,	the	atmosphere	would
therefore	settle	into	a	stable	condition	with	hydrostatic	vertical	gradients	of	pressure,	density,	and	temperature,	all	of	which	can	be	calculated.	Heat	flow	occurs	when	there	is	non-uniformity	in	the	spatial	distribution	of	heat	in	a	medium,	with	movement	away	from	regions	with	higher	temperature	toward	regions	with	lower	temperature.	But	the
temperature	gradient	that	is	established	in	a	hydrostatic	atmosphere	is	not	associated	with	vertical	heat	flow.	Rather	it	is	deviations	from	this	temperature	gradient	that	are	associated	with	the	vertical	movement	of	heat.	Consequently,	it	is	convenient	to	define	a	variable	that	is	directly	related	to	vertical	heat	flow,	potential	temperature,	which	is	a
combination	of	both	local	temperature	and	pressure,	and	to	calculate	the	vertical	profile	of	this	potential	temperature	to	diagnose	the	thermal	stability	of	the	atmosphere.	Because	the	gram	molecular	weight	of	water	vapor	is	less	than	the	average	gram	molecular	weight	of	the	other	gases	(mainly	nitrogen	and	oxygen)	that	make	up	air,	the	density	of
air	with	more	water	vapor	is	less	than	that	of	air	with	less	water	vapor.	The	concentration	of	atmospheric	water	vapor	can	change	with	height,	and	height	dependent	variations	in	density	associated	with	changes	in	fractional	vapor	content	complicate	the	relationship	between	the	density,	Terrestrial	Hydrometeorology,	First	Edition.	W.	James
Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.51	26	Vertical	Gradients	in	the	Atmosphere	temperature,	and	pressure	in	a	hydrostatic	atmosphere.	In	practice,	it	is	simpler	mathematically	to	allow	for	the	effect	of	vertical	changes	in	vapor	content	by	calculating	and	using	the	temperature	profile	of	an	equivalent	dry
atmosphere	with	the	same	density	as	the	actual	moist	atmosphere,	i.e.,	the	profile	of	virtual	temperature,	see	Equation	(2.14)	and	associated	text.	In	this	way,	the	effect	of	vertical	changes	in	water	vapor	content	can	be	allowed	for	by	making	a	(usually	small)	adjustment	to	the	profile	of	potential	temperature	to	give	the	virtual	potential	temperature
profile.	The	several	hydrostatic	profiles	are	discussed	in	the	following	sections.	Hydrostatic	pressure	law	Figure	3.1	illustrates	how	pressure	differs	between	two	levels,	z	and	z	+	δz,	in	the	atmosphere.	Consider	a	thin	rectangular	volume	of	air	of	cross-sectional	area	A	and	depth	δz.	This	volume	of	air	has	a	mass	[A	δz	r	a	],	where	r	a	is	the	density	of
the	moist	air.	At	the	bottom	of	this	volume	the	pressure	is	P	and	at	the	top	it	is	P	+	δp.	(Note	that	δp	will	be	negative	because	the	air	below	the	volume	must	exert	a	higher	upward	force	across	the	area	A	to	balance	the	additional	gravitational	force	acting	on	the	mass	of	the	air	between	the	two	levels).	The	forces	exerted	at	the	top	and	bottom	of	the
volume	of	air	are	A.(P	+	δp)	and	A.	P,	respectively,	and	additional	downward	gravitational	force	is	g.a.r	a.(δz),	where	g	is	the	acceleration	due	to	gravity,	i.e.,	9.81	m	s	2.	Therefore:	[	]	a	AP	A	P	+	δp	=	gaρδ	z	(3.1)	Hence:	δ	P	=	gρδ	a	z	(3.2)	Mass	=	[A.	δz.	r	a	]	P	+	δp	A	δz	P	Figure	3.1	Basis	of	the	hydrostatic	pressure	law.52	Vertical	Gradients	in	the
Atmosphere	27	In	the	limit	of	small	δz	this	means:	P	=	gρ	a	(3.3)	z	Adiabatic	lapse	rates	The	word	adiabatic	is	used	to	describe	changes	in	which	there	is	no	net	change	in	energy.	Here	it	is	used	to	indicate	that	we	are	defining	how	the	temperature	of	a	parcel	of	air	of	volume	V	would	change	if	it	were	moved	vertically	in	the	atmosphere	in	such	a	way
that	there	was	no	net	change	in	the	internal	energy	of	the	parcel.	The	vertical	movement	of	a	buoyant	air	parcel	might,	for	example,	be	approximately	adiabatic	if	its	ascent	is	rapid	and	there	is	no	time	for	the	parcel	to	exchange	energy	with	the	surrounding	air.	The	first	law	of	thermodynamics	states	that	the	heat	added	to	a	system	is	the	sum	of	the
change	in	internal	energy	plus	the	work	done	by	the	system	on	its	surroundings.	When	applied	to	the	case	of	an	air	parcel	of	volume	V	moving	a	small	distance	δz	in	the	vertical	and	undergoing	associated	small	changes	δp	in	pressure	and	δt	in	temperature,	this	law	implies:	Vδ	H*	=	Vρ	c	dt	Vd	P	(3.4)	m	a	p	where	δh*	is	the	heat	added	per	unit	volume
of	air	and	c	p	m	is	the	specific	heat	at	constant	pressure	of	moist	air.	The	specific	heat	of	moist	air	varies	slightly,	but	because	the	amount	of	water	vapor	in	moist	air	is	typically	just	a	few	percent,	it	is	generally	considered	acceptable	to	use	c	p	=	kj	kg	1	K	1,	i.e.,	the	specific	heat	at	constant	pressure	for	dry	air	in	Equation	(3.4)	instead	of	c	pm.	Dry
adiabatic	lapse	rate	When	vertical	movement	of	the	moist	air	is	adiabatic	and	the	air	remains	unsaturated,	(δh*)	=	0.	Equation	(3.4)	can	then	be	rewritten	as:	δp	=	rc	d	T	(3.5)	a	p	Combining	this	last	equation	with	Equation	(3.2)	gives:	g	δt=	δz	c	p	(3.6)	To	a	good	approximation,	both	g	and	c	p	are	constants	in	the	lower	atmosphere.	Consequently,	for
vertical	movements	of	an	unsaturated	air	parcel	that	occur	adiabatically	in	the	atmosphere,	the	resulting	rate	of	temperature	change	is	constant,	i.e.:53	28	Vertical	Gradients	in	the	Atmosphere	T	z	=	Γ	(3.7)	where	Γ	=	g/c	p	is	the	dry	adiabatic	lapse	rate	which	is	conventionally	defined	to	be	positive,	and	which	has	the	value	K	m	1	or	9.68	K	km	1.
Moist	adiabatic	lapse	rate	When	vertical	movement	of	moist	air	is	adiabatic	but	the	air	is	saturated,	condensation	can	occur	in	the	air	parcel	as	it	ascends.	If	its	specific	humidity	decreases	by	an	amount	δq	sat,	latent	heat	is	released	and	the	internal	energy	of	the	parcel	changes	by	an	amount	δh*	=	(l.r	a.δq	sat	).	Equation	(3.4)	therefore	becomes:	Vλρ
δq	=	Vρ	c	δ	T	Vδ	P	(3.8)	a	sat	a	p	Combining	this	last	equation	with	Equation	(3.2),	rearranging	in	the	limit	gives	an	equation	similar	to	Equation	(3.7),	i.e.:	T	z	=	Γ	m	(3.9)	where	Γ	m	is	the	moist	adiabatic	lapse	rate	given	by:	λ	q	sat	Γ	m	=	Γ	cp	z	(3.10)	Because	the	temperature	of	the	atmosphere	normally	decreases	with	height	the	saturated	specific
humidity	also	decreases	with	height,	hence	the	rate	at	which	the	temperature	falls	in	a	parcel	of	air	ascending	in	a	saturated	atmosphere	is	less	than	in	an	unsaturated	atmosphere,	i.e.,	Γ	m	<	Γ.	Because	q	sat	depends	on	temperature,	the	moist	adiabatic	lapse	rate	also	depends	on	temperature.	For	a	specific	value	of	saturated	vapor	pressure,
because	the	value	of	q	sat	depends	on	pressure,	see	Equation	(2.9),	Γ	m	also	depends	on	atmospheric	pressure.	Environmental	lapse	rate	The	actual	measured	rate	at	which	atmospheric	temperature	changes	away	from	the	ground	on	a	particular	day	at	a	particular	place	depends	on	the	history	of	heat	inputs	and	outputs	to	the	air	overhead.	The
locally	observed	atmospheric	lapse	rate,	which	is	called	the	environmental	lapse	rate,	Γ	e,	therefore	varies	with	location	and	time.	Near	the	surface	the	lapse	rate	may	well	be	approximately	constant,	often	with	a	value	intermediate	to	the	dry	and	moist	adiabatic	lapse	rates.	The	temperature54	Vertical	Gradients	in	the	Atmosphere	29	profile	in	the
lower	troposphere	for	the	US	Standard	Atmosphere	shown	in	Fig.	1.2	illustrates	that	this	is	the	case	on	average,	the	average	near-surface	environmental	lapse	rate	in	this	case	being	6.5	K	km	1.	However,	it	is	important	to	emphasize	that	the	behavior	shown	in	Fig.	1.2	is	a	temporal	and	spatial	average	for	all	of	the	USA	and	the	actual	environmental
lapse	rate	on	any	particular	day	and	at	any	particular	place	will	differ	from	this	average	profile.	The	actual	environmental	lapse	rate	and,	especially,	its	relationship	to	the	dry	adiabatic	lapse	rate	and	the	moist	adiabatic	lapse	rate	can	affect	cloud	and	precipitation	formation,	as	discussed	in	Chapter	10.	Vertical	pressure	and	temperature	gradients
Recall	that	the	vertical	gradients	of	atmospheric	pressure	and	temperature	are	necessarily	linked	via	the	ideal	gas	law.	If	R	a	is	the	specific	gas	constant	for	moist	air,	then	by	combining	Equation	(2.5)	with	Equation	(3.2)	and	rearranging,	it	can	be	shown	that	the	small	change	in	pressure	over	a	vertical	distance	δz	is	given	by:	δp	g	=	δ	z	(3.11)	P	R	T	a
If	Γ	local	is	the	local	environmental	lapse	rate,	then	δt	=	Γ	local	δz.	Using	this	relationship	to	substitute	for	δz	in	Equation	(3.11),	it	follows	that	the	small	changes	in	pressure	and	temperature	with	height	are	related	by:	δp	g	δt	=	P	R	Γ	T	a	local	(3.12)	If	Γ	local	is	constant	through	a	portion	of	the	atmosphere	then	by	taking	the	limit	of	Equation	(3.12)
and	integrating	between	two	levels	where	the	air	temperatures	(in	degrees	K)	are	T	1	and	T	2,	and	air	pressures	P	1	and	P	2,	it	can	be	easily	shown	that	across	this	region:	g	T	RaΓlocal	2	P2	=	P1	T	1	(3.13)	R	a	Γ	local	P	g	2	T2	=	T1	P	1	(3.14)	Figure	3.2	illustrates	the	lapse	rate	and	the	way	atmospheric	pressure	and	air	density	consequently	change
through	the	lower	troposphere	for	the	US	Standard	Atmosphere	for	which	Γ	local	=	6.5	K	km	1.55	30	Vertical	Gradients	in	the	Atmosphere	Height	(km)	6	4	Height	(km)	6	4	Height	(km)	6	4	Figure	3.2	Temperature	lapse	rate,	and	pressure	and	density	variations	through	the	troposphere	of	the	US	Standard	Atmosphere	Temperature	(	K)	Pressure	(kpa)
Air	density	(kg	m	3	)	Potential	temperature	For	an	adiabatic	atmosphere,	Γ	local	=	g/c	p	and	Equation	(3.14)	can	therefore	be	re-written	as:	Ra	P	c	p	2	2	=	1	1	T	T	P	(3.15)	This	equation	can	be	used	to	correct	temperature	variations	in	the	atmosphere	for	the	effect	of	the	hydrostatic	pressure	gradient.	If	such	corrections	are	made,	any	remnant
variations	in	this	corrected	temperature	profile	are	those	which	may	result	in	vertical	heat	flow	as	discussed	earlier.	It	is	convenient	to	use	Equation	(3.15)	to	renormalize	the	observed	temperature	profile	to	correspond	to	a	specific	value	of	pressure,	i.e.,	100	kpa.	When	corrected	in	this	way	the	resulting	temperature	is	called	the	potential
temperature,	q.	Potential	temperature	is	therefore	defined	to	be	the	temperature	that	a	parcel	of	air	anywhere	in	the	atmosphere	would	have	if	it	were	to	be	brought	adiabatically	to	a	pressure	of	100	kpa.	It	is	calculated	from	the	actual	temperature	and	pressure	using	the	equation:	100	θ	=	T	P	Ra	c	p	(3.16)	For	a	parcel	of	air	moving	up	or	down	in	an
adiabatic	atmosphere	the	value	of	the	potential	temperature	is	conserved	and	remains	constant	with	height.	To	a	good	approximation,	the	vertical	gradient	of	the	potential	temperature	can	be	calculated	from	that	for	temperature	using:	θ	T	=	+Γ	z	z	d	(3.17)56	Vertical	Gradients	in	the	Atmosphere	31	Figure	3.3	Simplified	daytime	profiles	of	humidity
and	temperature	through	the	atmospheric	boundary	layer	(both	shown	as	thick	black	lines)	and	the	associated	potential	temperature	and	virtual	potential	temperature	calculated	from	these	two.	Potential	temperature	is	shown	as	a	thin	black	line	and	the	virtual	potential	temperature	as	a	gray	line.	Pressure	(kpa)	Mixing	ratio	(g	kg	1	)	Pressure	(kpa)
Temperature	Virtual	potential	temperature	Temperature	(K)	280	Potential	temperature	Virtual	potential	temperature	As	well	as	correcting	for	the	influence	of	the	hydrostatic	pressure	gradient	on	temperature,	it	is	also	possible	to	make	a	simple	correction	for	the	additional	effect	of	changes	in	water	vapor	content	on	local	atmospheric	density
(buoyancy)	by	calculating	q	v,	the	virtual	potential	temperature	at	any	level.	This	is	done	using	a	definition	analogous	to	Equation	(3.16)	but	expressed	in	terms	of	the	virtual	temperature	as	defined	by	Equation	(2.14).	Virtual	potential	temperature	is	therefore	defined	relative	to	the	virtual	temperature,	T	v	=	T(	q),	by:	100	θv	=	Tv	P	Ra	c	p	(3.18)	To	a
good	approximation,	the	vertical	gradient	of	virtual	potential	temperature	can	be	calculated	from	that	for	virtual	temperature	using:	θ	v	z	T	v	=	+Γd	z	(3.19)	Figure	3.3	shows	the	calculated	profiles	of	potential	temperature	and	virtual	potential	temperature	for	simple	example	gradients	of	temperature	and	humidity.	Note	that	in	well-mixed	portions	of
the	atmospheric	boundary	layer	(ABL),	the	vertical	gradients	of	humidity	and	potential	temperature	(but	not	actual	temperature)	are	often	small.	During	the	day	a	reversal	in	potential	temperature	often	then	separates	this	well-mixed	layer	from	the	atmosphere	above	where	the	air	is	typically	drier	than	in	the	ABL.	Although	the	actual	temperature	of
this	overlying	air	may	decrease	with	height,	it	typically	falls	at	a	rate	less	than57	32	Vertical	Gradients	in	the	Atmosphere	the	dry	adiabatic	lapse	rate,	so	the	potential	temperature	of	the	overlying	air	is	greater	than	the	air	in	the	ABL.	In	general	(and	in	Fig.	3.3),	virtual	potential	temperature	is	typically	just	a	few	degrees	greater	than	potential
temperature,	the	difference	being	directly	related	to	the	specific	humidity	of	the	atmosphere,	see	Equation	(2.8).	Atmospheric	stability	If	a	parcel	of	air	moves	up	or	down	in	the	atmosphere	(perhaps	in	response	to	atmospheric	turbulence)	it	is	likely	that	it	will	find	itself	in	a	new	environment	whose	temperature	and	density	differs	from	that	which
would	have	resulted	from	adiabatic	warming	or	cooling	of	the	parcel.	Any	resulting	density	difference	between	the	parcel	and	the	air	that	surrounds	it	will	give	rise	to	a	buoyancy	force	which	will	influence	further	vertical	movement	of	the	parcel.	If	after	moving,	the	parcel	has	a	higher	temperature	and	is	less	dense	and	lighter	than	the	air	it	displaces,
it	is	said	to	be	unstable	in	its	new	location	and	further	upward	movement	will	be	encouraged	and	downward	movement	inhibited.	If	after	moving	the	parcel	has	a	lower	temperature	and	is	more	dense	and	heavier	than	the	air	it	displaces,	it	is	said	to	be	stable	in	its	new	location	and	further	upward	movement	will	be	inhibited	and	downward	movement
encouraged.	If	after	moving,	the	parcel	has	the	same	temperature	and	density	as	the	air	it	displaces,	it	is	said	to	be	neutral	with	respect	to	the	environment	in	its	new	location	and	further	movement	is	neither	encouraged	nor	inhibited.	Static	stability	parameter	From	Archimedes	principle,	if	a	parcel	of	air	with	density	r	a	moves	vertically	and
displaces	the	same	volume	of	surrounding	air	with	density	r	a,	it	will	be	subject	to	a	force	such	as	to	cause	a	buoyant	acceleration,	a	p,	given	by:	a	p	=	g	(	ρ	ρ	)	a	ρ	a	a	(3.20)	Assuming	the	pressure	of	both	parcels	is	the	same,	substituting	for	densities	using	Equation	(2.11)	this	last	equation	becomes:	a	p	(	T	T	)	v	v	=	g	(3.21)	T	where	T	v	and	T	v	are	the
virtual	temperatures	of	the	parcel	and	the	surrounding	air,	respectively.	If	vertical	air	movement	is	viewed	in	terms	of	small	displacements,58	Vertical	Gradients	in	the	Atmosphere	33	δz,	along	the	vertical	gradients	of	virtual	temperature,	T	v,	or	virtual	potential	temperature,	q	v,	buoyant	acceleration	can	be	written	as:	a	g	T	δ	z	(3.22)	v	p	=	d	T	+Γ	v	z
or:	a	p	=	g	θv	δ	θv	z	z	(3.23)	The	static	stability	parameter,	s,	is	defined	from	buoyant	acceleration	using	this	last	equation	and	has	the	form:	g	v	s	=	θ	θ	z	v	(3.24)	The	parameter	s	provides	a	quantitative	measure	of	the	static	stability	of	atmosphere	at	any	level	in	terms	of	the	potential	temperature	gradient	at	that	level.	Thus,	the	atmosphere	is	said	to
be:	(a)	Unstable:	when	s	<	0,	i.e.,	when	(	q	v	z)	<	0	or	(	T	v	z)	<	Γ	d	That	is,	when	virtual	temperature	falls	more	quickly	than	the	dry	adiabatic	lapse	rate	in	which	condition	the	atmosphere	is	said	to	be	superadiabatic.	(b)	Neutral:	when	s	=	0,	i.e.,	when	(	q	v	z)	=	0	or	(	T	v	z)	=	Γ	d	That	is,	when	virtual	temperature	falls	at	the	dry	adiabatic	lapse	in
which	condition	the	atmosphere	is	said	to	be	adiabatic.	(c)	Stable:	when	s	>	0,	i.e.,	when	(	q	v	z)	>	0	or	(	T	v	z)	>	Γ	d	That	is,	when	virtual	temperature	falls	less	quickly	than	the	dry	adiabatic	lapse	rate	in	which	condition	the	atmosphere	is	said	to	be	subadiabatic.	In	addition,	certain	subadiabatic	(stable)	atmospheric	conditions	are	further
distinguished	by	their	gradients	of	virtual	temperature,	as	follows:	(1)	if	T	v	is	constant	with	height,	the	atmosphere	is	said	to	be	isothermal;	(2)	if	T	v	increases	with	height,	there	is	said	to	be	an	inversion,	Figure	3.4	illustrates	how	the	vertical	gradient	of	virtual	temperature	is	used	to	characterize	atmospheric	conditions.	In	Chapter	20	an	alternative
measure	of	atmospheric	stability	is	defined	based	on	the	turbulent	fluxes	through	the	atmosphere.59	34	Vertical	Gradients	in	the	Atmosphere	Subadiabatic	Height	(m)	Adiabatic	Isothermal	Inversion	Superadiabatic	200	Figure	3.4	Classification	of	atmospheric	stability	conditions	based	on	the	vertical	gradient	of	virtual	temperature	Virtual	temperature
(K)	Important	points	in	this	chapter	Hydrostatic	atmosphere:	in	the	absence	of	external	influences	the	atmosphere	would	have	hydrostatic	vertical	gradients	of	pressure,	density,	and	temperature.	Deviations	from	the	temperature	gradient	in	hydrostatic	conditions	control	the	thermal	stability	of	the	atmosphere	and	it	is	convenient	to	calculate
potential	temperature	or,	if	water	vapor	content	varies,	virtual	potential	temperature	profiles	that	are	directly	related	to	thermal	stability.	Hydrostatic	pressure	law:	the	rate	of	change	of	pressure	with	height	is	given	by	the	product	of	local	air	density	and	the	acceleration	due	to	gravity.	Dry	adiabatic	lapse	rate:	if	moist	air	moving	vertically	cools
adiabatically	but	remains	unsaturated,	it	cools	at	a	rate	Γ	=	g/c	p,	i.e.,	K	m	1	or	9.68	K	km	1.	Moist	adiabatic	lapse	rate:	if	moist	air	moving	vertically	cools	adiabatically	in	a	saturated	atmosphere,	it	cools	at	a	rate	Γ	m	which	is	less	than	Γ.	Environmental	lapse	rate:	the	actual	rate	at	which	air	temperature	falls	away	from	the	ground	is	determined	by
the	history	of	heat	inputs/outputs	to	it,	but	it	may	be	approximately	constant	and	in	the	US	Standard	Atmosphere	is	6.5	K	km	1.	Vertical	pressure	and	temperature	gradients:	are	linked	by	the	ideal	gas	law	hence,	if	Γ	local	is	the	local	environmental	lapse	rate,	the	temperatures	and	pressures	at	two	levels	(T	1	and	T	2	and	P	1	and	P	2,	respectively)	are
related	by:60	(	)	(	)	(	R	)	aγlocal	g	T	T	P	P	Vertical	Gradients	in	the	Atmosphere	35	=	(3.25)	Potential	temperature:	the	temperature	that	a	parcel	of	air	in	the	atmosphere	would	have	if	it	were	to	be	brought	adiabatically	to	a	pressure	of	100	kpa,	q,	is:	(	)	(	R	100	)	a	cp	θ	=	T	P	(3.26)	The	gradient	of	potential	temperature	is	that	for	actual	temperature
minus	Γ.	Virtual	potential	temperature:	analogous	to	potential	temperature,	q	v	is:	(	)	(	R	)	a	cp	θv	=	T(	q)	100	P	(3.27)	The	gradient	of	virtual	potential	temperature	is	that	for	virtual	temperature	minus	Γ.	Atmospheric	stability:	the	gradient	of	q	v	determines	atmospheric	stability,	thus:	Unstable:	(	q	v	/	z)	<	0	Neutral:	(	q	v	/	z)	=	0	Stable:	(	q	v	/	z)	>	0
(3.28)	Some	stable	conditions	are	further	distinguished:	Isothermal:	T	v	is	constant	with	height:	Inversion:	T	v	increases	with	height	(3.29)61	4	Surface	Energy	Fluxes	Introduction	Terrestrial	surfaces	influence	and	are	influenced	by	the	overlying	atmosphere	through	the	exchange	of	energy,	water,	and	other	atmospheric	constituents.	In	this	chapter
we	consider	the	exchange	of	energy	that	occurs	mainly	in	the	form	of	surface	fluxes	of	radiant	energy,	latent	heat	(when	water	vapor	evaporates	from	or	condenses	onto	the	land),	sensible	heat	(that	warms	or	cools	the	air	in	contact	with	the	surface),	and	heat	that	diffuses	into	or	out	of	the	ground.	The	surface	flux	of	any	entity	is	the	amount	of	that
entity	flowing	through	and	normal	to	the	surface	in	unit	time,	per	unit	surface	area.	In	the	case	of	energy	flux	exchange	with	terrestrial	surfaces,	this	is	the	rate	of	flow	of	energy	per	unit	area	of	land	surface.	In	Système	International	(SI)	units,	surface	energy	fluxes	are	expressed	in	units	of	Joules	per	second	per	square	meter,	but	one	Joule	per
second	is	one	Watt,	consequently	the	units	of	surface	energy	fluxes	are	Watts	per	square	meter	(W	m	2	).	For	terrestrial	surfaces,	the	maximum	rates	of	surface	energy	transfer	are	constrained	by	the	incoming	energy	from	the	Sun.	At	the	top	of	the	atmosphere,	the	time	average	energy	flux	arriving	from	the	Sun	when	directly	overhead	is	1366	W	m	2
:	this	value	is	called	the	Solar	Constant.	Typically	25	75%	of	the	Sun	s	energy	is	absorbed	as	it	travels	through	the	atmosphere	depending	mainly	on	cloud	cover,	so	the	incoming	energy	arriving	at	the	surface	as	solar	radiation	could	be	1000	W	m	2	in	clear	sky	conditions	at	midday	near	the	equator.	However,	it	is	typically	much	less	than	this	at	other
times	of	day	and	at	higher	latitudes,	and	there	is	no	incoming	solar	radiation	during	the	night.	The	energy	incoming	as	solar	radiation	is	shared	between	several	surface	fluxes,	consequently	the	order	of	magnitude	of	such	energy	fluxes	is	typically	a	few	10s	to	a	few	100s	of	W	m	2.	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth
John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.62	Surface	Energy	Fluxes	37	Terrestrial	surfaces	often	have	heterogeneous	land	cover	and	the	nature	of	this	cover	can	substantially	alter	the	amount	of	solar	radiation	captured	at	the	surface	and	the	way	in	which	this	is	then	shared	as	surface	energy	fluxes.	In	hydrometeorology	and
hydroclimatology,	heterogeneous	terrestrial	surfaces	are	often	imagined	as	being	made	up	of	a	patchwork	of	ideal	surfaces,	with	each	ideal	patch	assumed	to	be	opaque	to	radiation	and	acceptably	homogeneous	in	terms	of	those	surface	characteristics	that	influence	surface	energy	fluxes.	It	is	further	assumed	that	above	a	certain	level	in	the
atmospheric	boundary	layer	(say	m)	the	atmosphere	is	well-mixed	so	atmospheric	variables	can	be	considered	independent	of	the	underlying	patch.	This	height	is	called	the	blending	height.	The	land	surface	characteristics	that	influence	surface	energy	exchange	and	are	assumed	to	be	homogeneous	across	an	ideal	patch	include	the	vegetation-
dependent	reflection	coefficient	for	solar	radiation,	thermal	emissivity,	aerodynamic	roughness,	and	the	ability	to	capture	and	store	precipitation	on	plant	canopies	or	in	the	soil	accessible	by	plant	roots.	Often	in	atmospheric	models	ideal	patches	are	also	assumed	to	be	horizontal,	and	even	if	not	horizontal,	it	is	at	least	assumed	that	the	flow	of	energy
into	or	out	of	the	atmosphere	is	vertical.	Latent	and	sensible	heat	fluxes	In	SI	units	the	evaporation	flux,	E,	has	the	units	of	kilograms	of	evaporated	water	per	second	per	square	meter	of	land	surface.	Conveniently,	because	the	density	of	water	is	close	to	1	kg	l	1,	1	kg	s	1	m	2	of	evaporated	water	is	equivalent	to	1	mm	s	1	depth	of	water	evaporated.
However,	surface	evaporation	rates	of	the	order	1	mm	s	1	do	not	occur	in	the	natural	world:	evaporation	rates	are	more	typically	on	the	order	of	a	few	mm	day	1	because	the	latent	heat	needed	to	support	evaporation	is	constrained	by	the	Earth	s	surface	energy	balance.	It	is	very	common	to	quantify	evaporation	rates	from	terrestrial	surfaces	not	in
terms	of	mass	flow	but	in	terms	of	the	flow	of	energy	leaving	the	evaporating	surface	as	latent	heat	of	vaporization	in	the	water	vapor.	To	express	the	rate	of	evaporation	as	the	latent	heat	flux,	λe,	in	W	m	2,	the	evaporation	flux	E,	in	kg	s	1	m	2,	is	multiplied	by	λ,	the	latent	heat	of	vaporization	of	water	in	J	kg	1.	Hydrologists	more	used	to	working	in
terms	of	the	mass	balance	of	water	rather	than	the	surface	energy	balance	find	it	useful	to	remember	that	an	evaporation	rate	of	3.5	mm	d	1	is	equivalent	to	a	daily	average	latent	heat	flux	of	100	W	m	2,	and	an	evaporation	rate	of	1	mm	d	1	is	equivalent	to	a	daily	average	latent	heat	flux	of	28.6	W	m	2	(i.e.,	about	30	W	m	2	).	The	flow	of	energy	as
latent	heat	away	from	or	toward	the	land	surface	is	very	important,	but	it	is	not	the	only	way	the	energy	can	be	exchanged	with	the	atmosphere.	A	second	important	way	is	by	the	surface	directly	warming	or	cooling	the	air	in	contact	with	the	surface,	with	heat	then	either	diffusing	outward	to	the	air	above	or	inward	from	the	air	above,	respectively.
The	associated	flow	of	energy	is	called	the	sensible	heat	flux	because	it	is	associated	with	changes	in	air63	38	Surface	Energy	Fluxes	temperature	and	the	temperature	of	air	is	something	that	humans	can	more	readily	sense	than	its	latent	heat	content.	Energy	balance	of	an	ideal	surface	Figure	4.1	illustrates	the	energy	budget	of	a	sample	volume	with
unit	horizontal	area	that	intersects	a	horizontal,	uniform	ideal	terrestrial	surface	that	comprises	soil	with	overlying	vegetation	permeated	by	air.	Outgoing	vertical	energy	fluxes	are	defined	at	some	level	above	the	vegetation	called	the	reference	level,	and	at	some	depth	below	the	soil	surface.	Horizontal	fluxes	are	defined	parallel	to	the	wind	at	the
edges	of	the	sample	volume.	The	several	energy	components	involved	in	defining	the	energy	balance	of	this	sample	volume	are	as	follows.	Net	radiation,	R	n	The	driving	input	to	the	surface	energy	balance	is	the	net	flux	of	radiant	energy,	over	all	wavelengths,	at	the	upper	surface	of	the	sample	volume.	This	flux	is	called	the	net	radiation,	R	n.	The	net
radiation	is	itself	a	balance	between	four	components:	specifically	incoming	and	outgoing	radiation	in	the	shortwave	band	called	solar	radiation,	and	the	incoming	and	outgoing	radiation	in	the	wavelength	band	determined	by	temperatures	typical	of	the	Earth	surface	and	the	lower	atmosphere	called	longwave	radiation,	see	Fig	Because	the	position	of
the	Sun	changes,	the	strength	of	incoming	solar	radiation	varies	greatly	with	time	of	day	leading	to	a	marked	diurnal	variation	in	the	net	radiation	flux.	Daytime	net	radiation	is	dominated	by	the	solar	radiation	balance	(except	at	high	latitude	in	winter),	while	nighttime	net	radiation	is	determined	by	the	longwave	radiation	balance.	The	nature	of	the
surface	radiation	balance	and	how	net	radiation	can	be	quantified	is	discussed	in	greater	detail	in	Chapter	5.	Figure	4.1	Energy	balance	of	a	sample	volume	selected	to	lie	through	a	horizontally	uniform	land	surface.	R	n	is	the	net	radiation,	λe,	H	and	G	are	the	latent	heat,	sensible	heat,	and	soil	heat	fluxes,	respectively;	S	t	and	P	are	the	physical	and
biochemical	energy	stored	within	the	sample	volume;	and	A	in	and	A	out	are	horizontally	advected	energy	entering	and	leaving	the	volume,	respectively.	A	in	le	S	t	R	n	G	H	P	A	out64	Surface	Energy	Fluxes	39	S	o	Figure	4.2	Surface	radiation	balance	established	between	incoming	solar	radiation	to	the	surface,	S,	which	arrives	in	both	the	direct	solar
beam	and	after	scattering	in	the	atmosphere	(S	d	),	the	reflected	outgoing	solar	radiation,	S	r,	and	the	outgoing	upward	and	incoming	downward	longwave	radiation,	L	u	and	L	d,	respectively.	S	d	S	Solar	radiation	S	r	L	u	Longwave	radiation	Ld	Latent	heat	flux,	le	As	described	above,	the	latent	heat	flux	is	the	flow	of	energy	as	latent	heat	away	from
the	surface	if	there	is	evaporation,	or	toward	the	surface	if	there	is	condensation.	During	the	day,	evaporation	is	often	the	dominant	energy	flux	into	the	atmosphere	from	water	surfaces	or	from	moist	soil	or	crops,	but	sometimes	there	is	a	downward	latent	heat	flux	at	night	with	condensation	at	the	surface	as	dew	or	frost.	Sensible	heat	flux,	H
Warming	of	the	overlying	air	by	an	outgoing	sensible	heat	flux	occurs	if	the	temperature	of	the	surface	is	higher	than	that	of	the	overlying	air.	Conversely,	there	is	cooling	of	overlying	air	and	an	incoming	sensible	heat	flux	when	the	surface	temperature	is	less	than	the	air	temperature.	Because	incoming	solar	radiation	during	the	day	raises	the
temperature	of	the	surface,	the	daytime	sensible	heat	flux	is	often	(but	not	always)	outward.	Commonly	at	night	when	the	surface	cools	there	is	a	net	outward	flux	of	longwave	radiation,	the	sensible	heat	flux	is	inward	to	help	support	this.	Soil	heat	flux,	G	When	the	soil	surface	is	warmed	by	solar	radiation	or	indirectly	by	the	warming	air	during	the
day,	heat	is	transferred	downward	by	thermal	conduction	into	the	soil.	At	night,	heat	is	then	conducted	back	to	the	surface	when	the	temperature	of	the	top	of	the	soil	cools.	This	flow	of	heat	is	called	the	soil	heat	flux.	There	is	a65	40	Surface	Energy	Fluxes	tendency	for	the	diurnal	cycle	in	soil	heat	flux	to	average	out	over	the	day.	Because	of	the
change	in	average	air	temperature	between	summer	and	winter,	there	is	also	a	seasonal	cycle	of	soil	heat	flux	upon	which	the	diurnal	cycle	is	superimposed.	This	longer	cycle	also	tends	to	average	out	over	the	year.	It	is	more	general	to	speak	of	a	substratum	heat	flux	into	the	underlying	medium	rather	than	soil	heat	flux	because	in	some	cases,	e.g.,
paddy	fields,	the	underlying	medium	may	be	water.	Soil	heat	flux	is	discussed	in	greater	detail	in	Chapter	6.	Physical	energy	storage,	S	t	Some	energy	is	stored	within	the	sample	volume	because	of	the	thermal	capacity	of	its	contents.	The	amount	of	energy	stored	will	change	with	time	as	the	temperature	of	the	air	or	vegetation	changes	or	if	the
humidity	of	the	air	changes.	In	practice,	this	storage	term	is	often	neglected	for	short	crops.	However,	the	change	in	physical	energy	storage	can	become	significant	in	comparison	with	the	latent	and	sensible	heat	fluxes	in	the	case	of	tall	(forest)	vegetation,	because	there	is	more	biomass	and	more	air	in	the	deeper	sample	volume.	The	amount	of
energy	stored	per	unit	time	per	unit	area	in	the	interfacial	layer	between	the	level	z	1	in	the	soil	and	the	reference	level	z	2	in	the	atmosphere	is	calculated	by:	z	z	2	2	S	t	=	ρict	i	i	dz+	(	ρλ	)	a	q	dz	t	i	t	(4.1)	z1	z1	[change	in	temperature]	[change	in	humidity]	In	Equation	(4.1),	the	first	term	is	the	energy	associated	with	temperature	changes	and	the
index	i	corresponds	to	contributions	that	arise	from	(i)	the	layer	of	soil	and	roots	that	is	above	z	1	but	below	the	soil	surface;	(ii)	the	vegetation	(including	trunks,	branches,	and	leaves)	between	the	soil	surface	and	z	2	;	and	(iii)	the	air	which	permeates	the	vegetation	and	lies	above	it	up	to	the	level	z	2.	The	second	term	is	the	change	in	latent	heat
energy	associated	with	changes	in	the	humidity	of	the	air	that	permeates	the	vegetation	or	lies	just	above	it	up	to	the	level	z	2.	When	attempts	are	made	to	estimate	physical	energy	storage	for	forest	stands	it	is	usually	considered	sufficient	to	measure	changes	in	the	temperature	and	humidity	at	a	few	sample	levels	in	the	air	in	and	above	the	canopy,
and	to	measure	changes	in	temperature	in	a	sample	of	trunks	and	large	branches	at	depths	considered	characteristic.	Biochemical	energy	storage,	P	The	photosynthesis	and	respiration	of	any	vegetation	present	in	the	volume	sample	involves	the	capture	or	release	of	energy.	In	practice,	the	amount	of	energy66	Surface	Energy	Fluxes	41	involved	in
plant	photochemistry	is	usually	comparatively	small	(on	the	order	of	2%	of	the	incoming	solar	energy).	For	this	reason	this	energy	term	is	often	neglected	in	hydrometeorology.	Advected	energy,	A	d	The	net	advected	energy,	A	d	=	A	in	A	out	(see	Fig.	4.2),	is	also	usually	neglected	for	homogeneous	ideal	surfaces,	but	can	become	significant	in	oasis
situations.	Flux	sign	convention	The	sign	convention	most	often	used	for	the	several	terms	in	the	energy	budget	summarized	above	is	biased	toward	the	value	of	fluxes	being	positive	in	daytime	conditions.	Consequently:	(a)	all	radiation	fluxes	are	defined	as	being	positive	when	directed	toward	the	surface	(this	applies	to	R	n	and	its	component	fluxes
S,	S	d,	S	r,	L	u	and	L	d,	see	Fig.	4.2).	(b)	all	the	other	vertical	energy	fluxes	are	defined	as	being	positive	when	directed	away	from	the	surface	(this	applies	to	λe,	H,	and	G)	(c)	the	storage	terms	are	defined	as	being	positive	when	they	take	in	energy	(this	applies	to	S	t	and	P)O	(d)	if	considered,	the	net	advected	energy,	A	d,	is	defined	as	positive	when
it	brings	energy	into	the	sample	volume.	Consistent	with	this	sign	convention,	the	overall	energy	budget	for	the	sample	volume	through	an	ideal	surface	shown	in	Fig.	4.1	is	written	as:	(	R	n	G	+	A	t	S	P	t	)	=	(	E	+	H	)	l	(4.2)	The	terms	on	the	left	of	Equation	4.2	are	usually	grouped	together	in	this	way	because	in	daytime	conditions	they	together	define
the	energy	available	in	the	energy	budget	that	is	shared	between	the	latent	and	sensible	heat	on	the	right.	For	this	reason	this	set	of	terms	is	sometimes	referred	to	as	the	available	energy,	A,	which	is	defined	by:	(	n	t	t	)	A	=	R	G	+	A	S	P	(4.3)	The	magnitudes	and,	in	the	case	of	vertical	energy	fluxes,	the	direction	of	terms	in	the	surface	energy	budget
are	characteristically	different	in	daytime	and	nighttime	conditions,	and	they	also	depend	strongly	on	whether	the	surface	is	bare	soil	or	covered	with	vegetation	and	also	on	how	much	moisture	is	available	in	the	soil.67	42	Surface	Energy	Fluxes	500	Dry	soil	-	day	500	Dry	soil	-	night	Wet	soil	reflects	less	solar	so	R	n	is	greater	Energy	(W	m	2	)	Energy
(W	m	2	)	Moist	soil	-	day	No	latent	heat	(H	=	A)	R	n	A	le	H	G	S	t	Latent	heat	dominant	Energy	(W	m	2	)	Energy	(W	m	2	)	R	n	A	le	H	G	S	t	Moist	soil	-	night	More	soil	heat	storage	for	wet	soil	0	0	R	n	A	le	H	G	S	t	R	n	A	le	H	G	S	t	Figure	4.3	Representative	daytime	and	nighttime	surface	energy	budget	for	dry	and	wet	soil.	Figure	4.3	shows	representative
values	of	(vertical)	energy	fluxes	for	the	energy	budgets	of	dry	soil	and	wet	soil	in	daytime	and	nighttime	conditions.	In	these	example	cases	the	downward	solar	radiation,	S,	was	assumed	to	be	350	W	m	2	for	the	daytime	example,	and	the	net	longwave	flux	(equal	to	the	net	radiation	flux	at	night)	was	assumed	to	be	75	W	m	2.	Evaporation	is	usually
small	at	night	and	the	nighttime	latent	heat	flux	is	arbitrarily	set	to	zero	in	this	figure.	It	is	further	assumed	that	the	net	advected	energy,	A	d,	is	zero	and	the	biochemical	storage,	P,	and	the	physical	storage,	S	t,	are	assumed	negligible	because	there	is	no	vegetation	present.	The	greater	thermal	conductivity	of	moist	soil	means	that	the	soil	heat	flux	is
greater	for	the	wet	soil	case	than	the	dry	soil	case,	i.e.,	for	the	wet	soil	G	is	greater	when	energy	is	conducted	into	the	soil	during	the	day	and	out	again	at	night.	Dry	soil	also	reflects	more	incoming	solar	radiation	than	wet	soil	so	the	daytime	net	radiation	flux	is	somewhat	less	for	the	dry	soil	example.	The	most	obvious	difference	between	these	dry
and	wet	soil	examples	is	in	the	way	the	available	energy	is	partitioned	between	latent	and	sensible	heat.	In	the	dry	soil	example	when	there	is	no	water	available,	there	is	no	daytime	latent	heat	flux.	However,	outgoing	latent68	Surface	Energy	Fluxes	Moist	crop	-	day	500	Moist	crop	-	night	Forest	reflects	less	solar	so	R	n	is	greater	Energy	(W	m	2	)
Energy	(W	m	2	)	Moist	forest	-	day	Latent	heat	dominant	R	n	A	le	H	G	S	t	Latent	heat	Less	dominant	Energy	(W	m	2	)	Energy	(W	m	2	)	R	n	A	le	H	G	S	t	Moist	forest	-	night	Little	soil	heat	storage	0	R	n	A	le	H	G	S	t	0	R	n	A	le	H	G	S	t	Figure	4.4	Representative	daytime	and	nighttime	surface	energy	budget	for	short	crop	and	forest	when	there	is	plenty	of
water	available	in	the	soil.	heat	flux	dominates	outgoing	sensible	heat	during	the	day	for	wet	soil.	The	outgoing	net	radiation	flux	at	night,	which	is	entirely	longwave	radiation,	is	supported	partly	by	energy	returning	to	the	surface	as	soil	heat	flux	and	partly	by	an	inward	flux	of	sensible	heat	flux,	the	latter	being	the	more	important	contribution	in	the
dry	soil	example.	Figure	4.4	shows	representative	daytime	and	nighttime	surface	energy	budgets	for	a	short	crop	and	for	forest.	In	each	case	there	is	plenty	of	water	available	to	the	vegetation	in	the	soil.	Again,	downward	solar	radiation,	S,	is	assumed	to	be	350	W	m	2	for	the	daytime	examples,	nighttime	net	radiation	flux	is	assumed	to	be	75	W	m	2,
and	nighttime	evaporation	is	set	to	zero.	For	short	annual	crops	(including	grass),	both	of	the	storage	terms,	S	t	and	P	are	negligible,	but	in	the	case	of	forest	physical	energy	storage	can	be	significant.	In	Fig.	4.4,	both	the	short	and	forest	vegetation	are	assumed	to	fully	cover	the	ground	and	as	a	result	the	soil	heat	flux	is	small	in	both	cases.	But	G	is
particularly	low	for	forest	vegetation	because	the	leaf	cover	is	greater.	Forests	usually	reflect	less	solar	radiation	than	short	annual	crops	because	the	top	of	the	canopy	is	rougher,	consequently	the	net	radiation	input	tends	to	be	higher	during	the	day.	For	well-watered	crops,	most	of	the	available	energy	is	used	for	evaporation	during	the	day	and	the
outgoing	latent	heat69	44	Surface	Energy	Fluxes	(a)	600	R	n	400	le	Energy	flux	(W	m	2	)	G	H	200	(b)	Time	of	day	(hr)	R	n	Figure	4.5	Field	measurements	of	the	daily	variation	in	the	surface	energy	budget	for	(a)	barley	and	(b)	Douglas	fir	forest.	(Redrawn	from	Arya,	1988,	after	Long	et	al.,	1964	and	McNaughton	and	Black,	1973,	published	with
permission.)	Energy	flux	(W	m	2	)	G	+	S	Time	of	day	(hr)	le	H	flux	dominates	over	sensible	heat.	However,	forests	tend	to	be	more	conservative	with	respect	to	transpiring	water	than	annual	crops.	Perhaps	this	is	because	individual	plants	have	to	survive	for	many	years,	which	is	not	necessarily	the	case	for	crops.	Consequently,	for	forests,	the
proportion	of	available	energy	leaving	as	sensible	heat	during	the	day	is	often	greater	and	often	the	daytime	latent	heat	and	sensible	heat	fluxes	are	roughly	equal.	Figure	4.5	shows	representative	field	measurements	of	the	diurnal	variation	in	the	surface	energy	budget	for	a	well-watered	agricultural	crop	and	well-watered70	Surface	Energy	Fluxes
45	forest.	For	the	well-watered	crop	(a)	daytime	latent	heat	flux	typically	consumes	70	90%	of	net	radiation,	as	in	this	example,	and	the	sensible	and	soil	heat	fluxes	can	be	of	similar	magnitude.	Notice	that	this	example	data	shows	evaporation	continuing	into	the	evening	with	the	energy	in	excess	of	net	radiation	primarily	being	provided	by	a
downward	sensible	heat	flux.	The	behavior	shown	is	also	broadly	typical	for	forest	vegetation,	with	the	outgoing	daytime	fluxes	of	latent	and	sensible	heat	more	similar	than	for	the	crop.	In	the	figure	showing	the	forest	(b),	the	soil	heat	flux	and	physical	energy	storage	terms	are	plotted	as	a	sum.	In	practice	the	physical	storage	term	is	likely	to	be	the
greater	of	these	two.	Evaporative	fraction	and	Bowen	ratio	The	ratio	of	the	latent	heat	flux	to	the	sum	of	the	sensible	heat	flux	and	latent	heat	flux	is	called	the	evaporative	fraction,	E	F.	If	the	instantaneous	values	of	sensible	and	latent	heat	are	H	and	λe,	respectively,	the	instantaneous	value	of	the	evaporative	fraction	is	therefore	given	by:	E	F	=	le	(
H	+	le)	(4.4)	Similarly,	if	the	time	average	values	of	sensible	and	latent	heat	over	a	specific	time	period	are	H	and	λ	E	respectively,	E	F,	the	evaporative	fraction	of	the	average	fluxes	over	this	same	period	is	given	by:	E	F	=	le	(	H	+	le)	(4.5)	It	is	important	to	recognize	that,	because	the	ratio	E	F	may	change	rapidly	with	time,	the	time-average	of
instantaneous	values	of	E	F	does	not	reliably	give	the	daily	evaporative	fraction	of	the	average	fluxes,	the	evaporative	fraction	for	a	day	must	be	calculated	from	the	all-day	average	fluxes.	The	ratio	of	the	sensible	heat	flux	to	the	latent	heat	flux	is	called	the	Bowen	Ratio,	β.	If	the	instantaneous	values	of	sensible	and	latent	heat	are	H	and	λe,
respectively,	the	instantaneous	value	of	the	Bowen	Ratio	is	therefore	given	by:	H	b	=	(4.6)	le	Similarly,	if	the	time-average	values	of	sensible	and	latent	heat	over	a	specified	time	period	are	H	and	λ	E	respectively,	the	time-average	Bowen	Ratio	over	this	same	period,	b,	is	given	by:	H	b	=	le	(4.7)71	46	Surface	Energy	Fluxes	Again,	because	β	is	a
rapidly	changing	ratio,	the	value	of	b	is	not	reliably	given	by	taking	the	time	average	of	the	instantaneous	values	of	β.	The	average	value	of	β	must	be	calculated	from	the	two	time-average	fluxes.	Energy	budget	of	open	water	Measuring	the	energy	balance	components	for	expanses	of	water	is	difficult	partly	because	of	the	practical	problems	involved
in	mounting	and	maintaining	relevant	equipment,	but	also	more	fundamentally	because	the	fluid	to	fluid	interface	problem	is	poorly	specified.	But	often	it	is	only	the	surface	heat	fluxes	(especially	the	latent	heat	flux)	exchanges	that	are	needed	and	attempts	have	been	made	to	measure	these	using	micrometeorological	methods	or,	in	the	case	of	latent
heat,	using	a	water	balance	approach	to	determine	the	net	evaporation.	The	evaporation	flux	from	open	water	is	very	strongly	related	to	wind	speed	and	to	the	difference	between	the	(saturated)	vapor	pressure	at	the	water	surface	and	the	vapor	pressure	at	some	level	(usually	2	m)	above	the	surface.	Given	the	comparative	simplicity	of	the	physics
describing	the	exchange	in	the	atmosphere	between	the	water	surface	and	air,	and	the	difficulty	involved	in	making	measurements,	evaporation	rates	are	sometimes	estimated	from	semi-empirical	equations	that	were	derived	by	calibration	against	prior	careful	measurements.	Because	near	surface	air	is	progressively	modified	as	it	moves	across	a
water	surface	to	an	extent	that	depends	on	the	distance	traveled,	these	semi-empirical	equations	are	also	expressed	in	terms	of	the	surface	area,	A	w,	of	the	evaporating	water.	If	the	measured	wind	speed	at	2	m	is	U	2,	and	the	surface	temperature	of	the	evaporating	water	is	T	s,	for	small	water	areas	such	that	0.5	m	<	A	w	0.5	<	5	m	(including
evaporating	pans),	an	estimate	of	the	evaporation	in	mm	d	1	is:	(	)	E	=	A	e	T	e	U	w	sat	s	2	(4.8)	where	e	is	the	vapor	pressure	at	2	m	and	e	sat	(T	s	)	is	the	saturated	vapor	pressure	at	temperature	T	s.	For	larger	areas	where	50	m	<	A	w	0.5	<	100	km,	such	as	lakes,	an	estimate	of	the	evaporation	in	mm	d	1	is:	(	)	E	=	A	e	T	e	U	0.05	w	sat	s	2	(4.9)
Important	points	in	this	chapter	Ideal	surfaces:	in	many	applications,	including	hydrological	and	meteorological	models,	the	land	surface	is	assumed	to	be	made	up	of	a	patchwork,	each	patch	being	homogeneous	in	terms	of	surface	characteristics	that	influence	surface	energy	fluxes.72	Surface	Energy	Fluxes	47	Latent	and	sensible	heat	flux:	natural
evaporation	rate	(typically	a	few	mm	per	day)	is	converted	to	latent	heat	flux	by	multiplying	by	the	latent	heat	of	vaporization	which	has	units	of	W	m	2	(1	mm	d	1	is	equivalent	to	28.6	W	m	2	).	The	flow	of	heat	leaving	the	surface	and	directly	warming	the	air	(in	the	same	units)	is	called	the	sensible	heat	flux.	Energy	balance:	the	energy	budget	of	a
volume	with	unit	horizontal	area	that	intersects	a	horizontal,	uniform	ideal	terrestrial	surface	that	comprises	soil	with	overlying	vegetation	permeated	by	air	is	(le	+	H)	=	(R	n	G	+	A	t	S	t	P)	where:	le	is	the	latent	heat	flux	(see	above);	H	is	the	sensible	heat	flux	(see	above);	R	n	is	the	net	radiation	(the	net	flux	of	radiant	energy	at	all	wavelengths);	G	is
the	soil	heat	flux	(the	flow	of	heat	into	or	out	of	the	soil	by	conduction);	A	t	is	advected	energy	(the	energy	advected	horizontally	in	the	air	by	wind);	S	t	is	the	storage	(the	change	in	energy	stored	in	vegetation,	air	and	soil);	P	is	the	biochemical	storage	(energy	stored	by	photosynthesis/respiration).	Sign	convention:	radiation	fluxes	are	positive	toward
the	surface;	other	vertical	energy	fluxes	are	positive	away	from	the	surface;	storage	terms	are	positive	when	energy	is	absorbed,	and	advection	positive	when	energy	is	brought	in.	Difference	values	of	fluxes:	examples	given	are:	Dry	Soil	versus	Wet	Soil:	During	the	day	there	is	no	latent	heat	flux	for	dry	soil	and	net	radiation	is	greater	for	wet	soil
because	less	solar	energy	is	reflected;	wet	soil	has	higher	thermal	conductivity	so	soil	heat	fluxes	are	greater.	Moist	Crop	versus	Moist	Forest:	Forests	reflect	less	solar	radiation	so	daytime	net	radiation	is	higher,	but	also	transpire	less	so	latent	heat	is	less	dominant	than	for	crops;	soil	heat	fluxes	are	small	under	dense	vegetation.	Evaporative	fraction
and	Bowen	ratio:	evaporative	fraction	is	the	ratio	of	the	latent	heat	flux	to	the	sum	of	latent	heat	plus	sensible	heat	(called	the	available	energy);	Bowen	ratio	is	the	ratio	of	the	sensible	heat	to	the	latent	heat	flux.	Open	water	evaporation:	is	related	to	wind	speed	and	the	difference	between	the	vapor	pressure	of	the	air	and	the	(saturated)	vapor
pressure	at	the	water	surface	by	empirical	formulae	that	change	with	the	evaporating	area.	References	Arya,	S.P.	(1988)	Introduction	to	Micrometeorology.	Academic	Press,	San	Diego.	Long,	I.F.,	Monteith,	J.L.,	Penman,	H.L.	and	Szeicz,	G.	(1964)	The	plant	and	its	environment.	Meteorologische	Rundschau,	17,	McNaughton	K.G.	&	Black,	T.A.	(1973)	A
study	of	evapotranspiration	from	a	Douglas	fir	forest	using	the	energy	balance	approach.	Water	Resources	Research.	9	(6),	,	doi:	/wr009i006p01579.73	5	Terrestrial	Radiation	Introduction	Surface	energy	transfer	as	electromagnetic	radiation	is	a	very	substantial	component	of	the	Earth	atmosphere	system;	it	is	important	because	it	is	the	driving	force
for	hydroclimatic	movement.	In	comparison	with	other	energy	exchanges	that	are	slower	because	they	involve	transfers	via	the	physical	movement	of	molecules	or	portions	of	air,	radiation	transfer	occurs	at	the	speed	of	light,	c	=	m	s	1	and	is	effectively	instantaneous.	As	Fig.	5.1	shows,	electromagnetic	radiation	covers	a	wide	spectrum	of
wavelengths.	Note	that	in	physics	it	is	conventional	to	use	the	symbol	l	to	describe	wavelength	and	this	convention	is	adopted	in	this	chapter,	although	elsewhere	in	this	text	the	symbol	l	is	used	to	describe	the	latent	heat	of	vaporization	of	water.	When	considering	the	terrestrial	radiation	balance	at	the	surface,	it	is	helpful	to	remember	that	anything
with	a	temperature	above	absolute	zero	emits	radiation	with	a	spectrum	and	at	a	rate	that	reflects	the	temperature	of	the	emitting	entity.	In	the	case	of	terrestrial	radiation	two	radiators	are	important,	the	Sun,	and	the	Earth	s	surface	and	atmosphere.	The	Sun	has	a	temperature	of	around	6000	K	and	emits	shortwave	or	solar	radiation,	while	the
Earth	s	surface	and	lower	atmosphere	typically	has	a	temperature	of	290	K	and	emits	thermal	or	longwave	radiation.	Consequently,	at	the	Earth	s	surface	the	majority	of	the	radiation	exchange	is	via	radiation	which	lies	in	the	wavelength	range	μm	(1	μm	=	10	6	m).	Most	is	in	the	visible	(	μm),	near	infrared	(	μm)	and	far	infrared	(	μm)	wavebands,	but
there	is	also	some	in	the	ultraviolet	(	μm)	waveband.	The	visible	portion	of	the	spectrum	is	the	radiation	we	see,	but	we	are	aware	of	infrared	radiation	because	it	warms	us,	and	ultraviolet	radiation	because	it	tans	our	skin.	Figure	5.2	shows	that	in	practice	most	solar	energy	is	in	the	wavelength	range	μm	while	most	of	the	energy	in	terrestrial
radiation	is	in	the	wavelength	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.74	Terrestrial	Radiation	49	Visible	Violet	0.39	μm	Red	0.77	μm	X	rays	and	γ	rays	Ultraviolet	Near	infrared	Far	infrared	Radar,	TV,	Radio	Thermal	radiation	Figure	5.1	Spectrum	of
radiation	with	bands	defined	in	terms	of	wavelength	in	μm.	1.0	Normalized	flux	density	(dimensionless)	Figure	5.2	Normalized	spectra	of	shortwave	and	longwave	radiation	Wavelength	(mm)	range	μm.	The	wavelength	at	which	there	is	most	energy	in	these	two	spectra	differs	by	a	factor	of	about	twenty	and	there	is	little	overlap	between	them.	This
fact	is	extremely	important	because	it	allows	us	to	consider	the	two	streams	of	radiation	separately.	Blackbody	radiation	laws	The	radiant	flux	density	of	a	surface	is	defined	to	be	the	amount	of	radiant	energy	integrated	over	all	wavelengths	emitted	or	received	by	unit	area	of	surface	per	unit	time.	In	common	with	other	energy	fluxes,	the	flux	of
radiant	energy	is	expressed	in	units	of	W	m	2.	When	describing	radiation	from	natural	surfaces	it	is	simplest	first	to	consider	the	laws	which	describe	radiation	emitted	from	an	idealized	emitting	and	absorbing	surface	called	a	blackbody,	then	to	make	corrections	to	allow	for	the	relative	imperfections	of	real	natural	surfaces.	A	blackbody	is	an	ideal
(standard)	surface	that	emits	maximum	radiation	at	all	wavelengths	in	all75	50	Terrestrial	Radiation	2000	Spectral	irradiance	(Wm	2	μm	1	)	Figure	5.3	Radiant	energy	per	unit	wavelength	emitted	by	a	blackbody	with	a	surface	temperature	of	5777	K	Wavelength	(μm)	directions	and	absorbs	all	incident	radiation.	The	area	across	a	small	hole	in	a
container	whose	internal	surface	temperature	is	uniform	approximates	the	behavior	of	a	black	body.	The	spectral	irradiance,	i.e.,	radiant	energy	emitted	per	unit	wavelength	by	a	blackbody,	R	l,	expressed	as	function	of	the	surface	temperature	T	s	(in	K)	is	shown	in	Fig.	5.3	and	is	given	by	Planck	s	Law,	which	has	the	form:	R	λ	=	l	C	C	exp	1	T	l	s	(5.1)
where	C	1	=	W	m	2	and	C	2	=	K.	The	wavelength,	λ	max,	at	which	most	blackbody	radiation	is	emitted	is	given	by	Wein	s	Law,	which	has	the	form:	2897	l	=	[with	l	in	μm	and	T	S	in	K]	(5.2)	max	T	s	The	total	flux	of	radiation,	R,	emitted	by	a	blackbody	per	unit	area	of	surface	per	unit	time	is	given	by	the	Stefan-Boltzmann	Law,	which	has	the	form:	R	=
R	d	σt	l	l	=	4	s	(5.3)	0	in	which	σ	=	W	m	2	K	4	is	the	Stefan	Boltzmann	constant,	R	is	in	W	m	2	and	T	s	is	in	K.	Together	Equations	(5.2)	and	(5.3)	require	that	as	the	surface	temperature	rises,	the	maximum	wavelength	at	which	most	radiation	is	emitted76	Terrestrial	Radiation	51	R	R	All	radiation	absorbed	Grey	surface	R	x	ε	λ	R	Black	surface	Grey
surface	R	x	ρ	λ	Black	surface	Same	temperature	R	x	α	λ	R	x	τ	λ	Emitted	radiation	Incident	radiation	Figure	5.4	The	difference	between	blackbody	and	gray	surfaces	in	terms	of	the	parameters	that	characterize	their	relative	behavior.	becomes	less	and	the	amount	of	radiation	emitted	increases.	Consequently,	there	is	more	radiation	emitted	per	unit
area	from	the	Sun	than	from	the	Earth	s	surface	and	it	is	emitted	at	shorter	wavelengths.	Radiation	exchange	for	gray	surfaces	The	amount	of	radiation	emitted	from	and	absorbed	by	real	surfaces	is	less	than	that	from	a	perfect	blackbody	and	the	extent	of	this	reduction	is	quantified	in	terms	of	parameters	that	characterize	the	natural	surface.
Emitting	surfaces	that	are	imperfect	blackbodies	are	sometimes	called	gray	surfaces.	Figure	5.4	illustrates	the	emission	and	absorption	of	energy	by	a	gray	surface.	Definitions	of	the	radiation	properties	that	characterize	gray	surfaces	are	as	follows:	The	emissivity,	e	l	:	the	ratio	of	radiant	energy	flux	emitted	at	given	wavelength	by	a	gray	surface
relative	to	that	emitted	by	a	blackbody	at	the	same	temperature.	The	absorptivity,	a	l	:	the	proportion	of	radiant	energy	incident	on	a	surface	at	given	wavelength	that	is	absorbed.	The	reflectivity,	r	l	:	the	proportion	of	radiant	energy	incident	on	a	surface	at	given	wavelength	that	is	reflected.	The	transmissivity,	t	l	:	the	proportion	of	radiant	energy
incident	on	a	surface	at	given	wavelength	that	is	transmitted	to	a	subsurface	medium.	Because	all	of	the	energy	incident	on	a	surface	must	go	somewhere,	it	follows	that	(a	l	+	r	l	+	t	l	)	=	1,	which	in	turn	means	a	l,	r	l	and	t	l	necessarily	must	all	lie	in	the	range	zero	to	one.	Also,	there	must	be	equality	between	the	energy	absorbed	and	the	energy
emitted	otherwise	the	temperature	of	a	body	hanging	isolated	inside	an	evacuated,	isothermal	container	would	rise	or	fall	continuously.	The	Kirchoff	s	Principle	follows	as	a	consequence	of	this	and	states	that:	a	=	e	(5.4)	l	l77	52	Terrestrial	Radiation	Table	5.1	Typical	all	day	average	values	of	the	albedo	for	selected	land	covers.	Surface	Type	Typical
Value	of	albedo	Open	water	surfaces	0.08	(	8%)	Fresh	snow	0.8	(	80%)	Dirty,	old	snow	0.4	(	40%)	Bare	soil	and	agricultural	crops	0.23	(	23%)	Forest	0.12	(12%)	Integrated	radiation	parameters	for	natural	surfaces	As	mentioned	above,	most	of	the	solar	(shortwave)	radiation	in	the	Earth	system	is	in	the	wavelength	range	μm	while	most	of	the
terrestrial	(longwave)	radiation	is	in	the	wavelength	range	μm.	Because	there	is	so	little	overlap	between	the	wavelengths	that	define	solar	and	terrestrial	radiation,	it	is	possible	to	define	integrated	values	of	reflection	coefficient	and	emissivity	for	natural	(gray)	terrestrial	surface,	as	follows:	The	albedo,	a,	of	a	natural	surface	is	the	integrated
reflectivity	of	the	surface	for	radiation	incident	over	the	frequency	range	μm	The	surface	emissivity,	e,	of	a	natural	surface	is	the	integrated	emissivity	of	the	surface	over	the	frequency	range	μm	The	surface	emissivity	of	many	natural	surfaces	is	in	the	range	,	or	90	99%.	The	value	of	daily	average	albedo	for	natural	surfaces	varies	and	depends	on	the
nature	of	the	surface.	Table	5.1	gives	typical	values	for	some	terrestrial	surfaces	important	in	hydrometeorology.	Note	that	the	albedo	for	forests	is	about	half	that	typical	of	bare	soil	and	agricultural	crops.	In	fact,	this	is	more	generally	the	case	for	tufty	vegetation	that	has	a	rough	canopy	with	significant	depressions	that	can	trap	solar	radiation	more
easily.	More	solar	radiation	is	reflected	when	the	angle	of	incidence	of	the	solar	beam	is	low	in	the	morning	and	evening,	and	the	albedo	is	therefore	substantially	greater	at	these	times.	Figure	5.5	shows	some	examples	of	how	albedo	varies	with	solar	altitude.	However,	because	there	is	usually	much	more	incoming	solar	radiation	in	the	middle	of	the
day	than	in	the	early	morning	and	late	evening,	the	daily	average	value	of	albedo	is	biased	toward	lower	midday	values.	The	values	for	albedo	given	in	Table	5.1	are	typical	daily	average	values	but	it	is	important	to	recognize	that	the	reflection	coefficient	for	solar	radiation	can	change	significantly	from	place	to	place	even	if	the	vegetation	cover	is	the
same.	Table	5.2	shows	the	observed	range	of	values	for	albedo	and	emissivity	for	different	surfaces.78	Terrestrial	Radiation	Albedo	(dimensionless)	Clean	snow	Dirty	snow	0.2	Pasture/crop	Figure	5.5	Typical	variation	in	albedo	as	a	function	of	solar	altitude	for	selected	surfaces	Solar	altitude	(	)	90	Forest	Water	Table	5.2	Range	of	reported	values	for
albedo	and	emissivity	for	different	surfaces.	Surface	Type	Specification	Albedo	(a)	Emissivity	(e)	Water	Small	zenith	angle	Large	zenith	angle	Snow	Old	Fresh	Ice	Sea	Glacier	Bare	Sand	Dry	Wet	Bare	soil	Dry	clay	Moist	clay	Wet	fallow	field	Paved	Concrete	Black	gravel	road	Grass	Agricultural	Crops	Wheat,	rice,	etc	Orchards	Forests	Deciduous
Coniferous79	54	Terrestrial	Radiation	Green	vegetation	Figure	5.6	Typical	variation	of	spectral	reflectance	with	wavelength	for	green	vegetation,	dry	(dead)	vegetation,	and	soil.	Reflectance	(dimensionless)	Dry	vegetation	Soil	Wavelength	(μm)	The	value	of	the	albedo	also	strongly	depends	on	the	altitude	of	the	Sun	and	so	varies	through	the	day.	The
reflection	coefficient	for	electromagnetic	radiation	incident	on	land	surfaces	in	the	solar	waveband	changes	with	the	wavelength	of	the	radiation	and	this	behavior	is	important	both	in	the	context	of	remote	sensing	and	when	building	numerical	models	of	land	surface	exchanges.	Figure	5.6	shows	examples	of	the	variation	in	reflection	coefficient	with
wavelength	for	fresh	green	vegetation,	dry	(dead)	vegetation,	and	soil.	The	reflection	coefficient	for	soil	changes	with	wavelength,	but	in	a	much	less	dramatic	way	than	it	does	for	green	leaves.	The	distinct	change	in	the	reflection	coefficient	for	plant	leaves	above	and	below	about	0.72	μm	is	associated	with	the	absorption	of	Photosynthetically	Active
Radiation	(PAR),	i.e.,	that	portion	of	incoming	solar	radiation	that	plants	use	to	provide	the	energy	they	need	to	carry	out	photosynthesis.	In	Fig.	5.6,	for	example,	the	ratio	of	the	reflection	coefficient	at	0.65	and	0.85	μm	is	about	1.2	for	soil	and	about	1.5	for	dry	(dead	leaves)	but	is	much	greater	for	actively	transpiring	green	leaves.	Some	remote
sensing	systems	measure	the	relative	reflection	coefficient	at	selected	wavelengths	above	and	below	0.72	μm	and	use	this	distinct	difference	in	the	ratio	of	the	measured	reflection	coefficients	to	diagnose	the	extent	to	which	vegetation	covers	the	soil	beneath.	The	difference	in	reflection	coefficient	for	leaves	above	and	below	0.72	μm	is	so	distinct	that
some	advanced	models	of	land	surface	exchanges	also	choose	to	recognize	it	in	their	computations	and	they	separately	model	the	absorption	and	reflection	of	visible	light	in	wavebands	below	and	above	this	wavelength.	Maximum	solar	radiation	at	the	top	of	atmosphere	As	mentioned	earlier,	the	flux	of	solar	energy	at	all	wavelengths	incident	on	unit
area	normal	to	solar	beam	at	the	outer	edge	of	atmosphere	when	the	Earth	is	at	its	mean	distance	(one	astronomical	unit)	is	called	the	solar	constant,	S	o.	In	fact	the80	Terrestrial	Radiation	55	Vernal	equinox	March	δ	=	0	1	astronomical	unit	Summer	solstice	June	δ	=	astronomical	unit	astronomical	unit	1	astronomical	unit	Winter	solstice	December	δ
=	23.5	Autumnal	equinox	22/23	October	δ	=	0	Figure	5.7	The	elliptic	orbit	of	the	Earth	with	the	Sun	as	one	focus	illustrating	the	change	in	distance	between	the	Sun	and	the	Earth	and	declination	of	the	Earth	with	season.	amount	of	radiation	emitted	by	the	Sun	fluctuates	by	a	few	tenths	of	a	percent	during	the	11	year	sunspot	cycle	and	is	also
believed	to	have	changed	more	gradually	at	much	longer	timescales	with	implications	for	the	Earth	s	climate.	However,	for	many	purposes	it	is	possible	to	assume	the	solar	constant	is	constant	with	the	value	1367	W	m	2.	The	spectrum	of	solar	radiation	reaching	the	Earth	is	close	to	being	a	pure	blackbody	spectrum,	but	it	is	not	perfectly	so.	In	part
this	is	because	there	are	variations	in	temperature	across	the	surface	of	the	Sun.	However,	by	integrating	the	energy	in	the	observed	solar	spectrum	at	the	top	of	the	atmosphere	and	equating	this	to	that	from	a	blackbody,	the	effective	blackbody	solar	temperature	has	been	calculated	to	be	5777	K.	Because	Earth	is	in	an	elliptical	orbit	with	the	Sun	as
one	focus,	see	Fig.	5.7,	the	distance	between	the	Sun	and	the	Earth	changes	with	time	of	year	around	its	mean	value	of	km	(i.e.,	one	astronomical	unit,	AU).	Because	of	this,	and	because	radiation	density	follows	an	inverse	square	law	with	distance	from	the	radiation	source,	the	maximum	radiant	energy	reaching	the	top	of	the	atmosphere	also
changes	seasonally.	However,	the	seasonal	change	in	Sun-Earth	distance	is	only	about	3%	so	it	is	possible	to	adequately	parameterize	the	yearly	cycle	in	solar	radiation	reaching	the	Earth	using	a	simple,	sinusoidal	multiplicative	factor	which	is	called	the	eccentricity	factor,	d	r,	and	which	is	given	for	each	day	of	the	year,	D	y,	by:	2p	dr	=	cos	Dy	365
(5.5)81	56	Terrestrial	Radiation	Consequently,	the	energy	reaching	the	top	of	the	atmosphere	as	solar	radiation	normal	to	the	solar	beam	is	calculated	by:	S	=	d	S	(5.6)	top	r	o	D	is	the	day	of	the	year	(sometimes	inaccurately	called	the	Julian	day),	with	D	=	1	on	1	January	and	D	=	365	on	31	December.	Maximum	solar	radiation	at	the	ground	The
starting	point	for	calculating	how	much	solar	energy	reaches	the	ground	is	to	calculate	the	energy	that	would	reach	the	surface	if	there	were	no	intervening	atmosphere.	The	amount	of	solar	radiation	which	would	be	received	per	unit	area	over	a	specified	time	interval	t	1	to	t	2	on	a	horizontal	surface	on	Earth	were	there	no	intervening	atmosphere	is
called	the	insolation,	I,	which	is	calculated	from:	t1	I	=	Sodr	cos(	q	).	dt	(5.7)	t2	where	q	is	the	solar	zenith	angle,	i.e.,	the	apparent	angle	of	the	Sun	relative	to	the	normal	angle	to	the	surface	at	the	specific	location.	The	need	is,	therefore,	to	calculate	the	solar	zenith	angle.	Doing	this	is	complex,	because	the	solar	zenith	angle	depends	not	only	on	the
latitude	of	the	site	for	which	the	calculation	is	made	(because	the	Sun	is	on	average	closer	to	overhead	nearer	the	equator),	and	the	time	of	day	(because	the	Earth	rotates	each	day),	but	also	because	it	depends	on	the	solar	declination,	d.	The	solar	declination	is	the	angle	between	the	rays	of	the	Sun	and	the	plane	of	the	Earth	s	equator.	The	axis	of
rotation	of	the	Earth	is	at	an	angle	of	23.5	with	respect	to	the	plane	in	which	the	Earth	moves	around	the	Sun,	see	Fig	Consequently,	the	solar	declination	changes	with	time	of	year.	It	is	zero	at	the	vernal	and	autumnal	equinox,	and	around	23.5	and	at	the	summer	and	winter	solstice,	respectively.	The	value	of	δ	can	be	calculated	(in	radians)	for	each
day	of	the	year,	D	y,	from:	2p	d	=	sin	D	y	(5.8)	For	a	site	at	latitude	f	(positive	in	the	northern	hemisphere;	negative	in	the	southern	hemisphere),	the	cosine	of	the	solar	zenith	angle	required	in	Equation	(5.7)	to	calculate	the	insolation	is	given	by:	cosq	=	sinfsind	+	cosfcosdcosω	(5.9)82	Terrestrial	Radiation	57	where	w	is	the	hour	angle,	i.e.,	the	angle
representing	time	of	day,	which	is	given	by:	(	12	h)	w	=π	(in	radians)	12	(5.10)	where	h	is	time	of	day	in	hours	in	local	time.	Thus,	if	there	were	no	atmosphere,	on	a	particular	day	the	daily	total	incoming	solar	energy	received	at	the	ground	integrated	over	daylight	hours	between	t	1	and	t	2,	i.e.,	the	daily	insolation	I	o,	is	given	by:	t2	I	=	S	d	(sinfsind	+
cosfcosdcos	w	)	dt	(5.11)	o	o	t1	r	The	values	of	t	1	and	t	2	are	best	expressed	in	terms	of	the	equivalent	hour	angle	that	defines	both	the	beginning	and	end	of	the	day.	This	angle	is	called	the	sunset	hour	angle,	w	s,	which	can	be	calculated	from;	w	arccos	(	tanftan	d	)	[radians]	(5.12)	s	=	with	the	day	length,	N,	in	hours	then	following	immediately	from:
=	24	[hours]	N	w	s	p	(5.13)	The	total	solar	energy	which	would	be	received	per	unit	area	between	sunrise	and	sunset	on	a	horizontal	surface	at	latitude	f	if	there	were	no	intervening	atmosphere	is	then	obtained	by	integrating	Equation	(5.11)	between	-w	s	and	+w	s	as:	d	2	1	S0	=	37.7	d	r	(	w	s	sinfsind	+	cosfcosd	sin	w	s	)	[	MJ	m	d	]	(5.14)	where	d	r,
d,	and	w	s	are	given	by	Equations	(5.5),	(5.8),	and	(5.12),	respectively.	When	estimating	evaporation	rates,	it	is	sometimes	convenient	to	write	Equation	(5.14)	in	terms	of	an	equivalent	depth	of	evaporated	water,	thus:	d	1	S0	=	d	r	(	w	s	sinφsinδ	+	cosφcosδsin	ω	s	)	[	mm	d	]	(5.15)	It	is	important	when	estimating	daily	average	evaporation	rates	(see
Chapter	23)	that	this	absolute	upper	limit	on	evaporation	rate	(from	which	estimates	of	actual	evaporation	rates	can	be	made)	can	always	be	calculated	solely	on	the	basis	of	knowledge	of	the	latitude	of	the	site	and	the	day	of	the	year.83	58	Terrestrial	Radiation	Atmospheric	attenuation	of	solar	radiation	In	the	previous	section	we	considered	the	solar
radiation	that	would	be	incident	on	the	ground	if	there	were	no	atmosphere.	However,	the	amount,	spectrum	and	directionality	of	solar	radiation	at	the	ground	are	all	significantly	altered	by	interactions	through	the	atmosphere,	which	occur	in	two	main	ways,	by	scattering	and	by	absorption.	Some	of	the	radiation	is	scattered	by	the	gas	molecules	that
make	up	the	air,	and	this	is	called	Rayleigh	scattering.	Solar	radiation	is	scattered	preferentially	at	lower	wavelengths	by	gas	molecules	and	it	is	the	resulting	scattered	blue	radiation	that	we	see	and	associate	with	clear	sky	above	us.	Additional	scattering	of	solar	radiation	occurs	due	to	the	atmospheric	aerosols	such	as	dust	and	smoke	in	the	air.	All
scattering	processes	alter	the	direction	of	solar	radiation	and	some	radiant	energy	is	scattered	back	and	does	not	reach	the	surface.	In	addition,	some	radiant	energy	is	absorbed	from	the	solar	beam	as	it	passes	through	the	atmosphere,	giving	rise	to	atmospheric	warming.	Absorption	occurs	preferentially	in	wavelength	bands	that	correspond	to
excited	states	in	important	minority	gases	in	the	air,	notably	ozone	in	the	stratosphere,	which	mainly	absorbs	ultraviolet	radiation,	but	also	water	vapor,	carbon	dioxide	and	other	so-called	radiatively	active	gases.	Figure	5.8	shows	how	the	incoming	spectrum	of	solar	radiation	is	progressively	eroded	through	the	atmosphere	by	these	several	scattering
and	absorbing	processes	in	clear	sky	conditions.	If	the	sky	is	not	clear,	substantial	energy	in	the	solar	beam	is	lost	through	the	atmosphere	because	of	the	presence	of	clouds.	The	ice	particles	and	water	droplets	in	clouds	interfere	strongly.	They	scatter	solar	radiation	mainly	backward	into	(b)	(a)	Figure	5.8	The	progressive	loss	of	energy	in	the	solar
beam	by	scattering	and	absorption	as	it	passes	through	the	atmosphere	in	typical	clear	sky	conditions	showing	the	representative	spectra	(a)	of	extraterrestrial	radiation,	(b)	after	absorption	by	ozone,	(c)	after	Rayleigh	scattering,	(d)	after	aerosol	interactions,	and	(e)	after	absorption	by	H	2	O,	CO	2,	etc.	Relative	irradience	(W	m	2	per	μm)	0.5	(c)	(d)
(e)	1.0	Wavelength	(μm)	1.584	Terrestrial	Radiation	59	space	and	they	also	absorb	solar	energy.	Thick	clouds	will	reflect	as	much	as	70%	of	solar	radiation	and	absorb	a	further	20%,	while	transmitting	just	10%.	As	a	result,	the	proportion	of	solar	radiation	absorbed,	which	is	typically	just	25%	in	cloudless	conditions,	is	about	75%	for	overcast	skies.
Actual	solar	radiation	at	the	ground	The	complex	scattering	and	absorbing	properties	of	the	atmosphere	can	and	often	are	represented	explicitly	in	meteorological	models.	Commonly	in	hydrology,	however,	atmospheric	loss	of	solar	radiation	is	parameterized	more	simply	either	in	terms	of	an	estimate	of	the	fractional	cloud	cover,	c,	on	a	particular
day,	or	the	number	of	hours	with	bright	sunshine,	n,	in	a	day	lasting	N	hours.	In	terms	of	fractional	cloud	cover,	the	actual	daily	total	solar	radiation,	S	d,	is	given	by:	d	S	=	[	a	+	(1	c)	b	]	S	(5.16)	s	And	in	terms	of	bright	sunshine	hours	by:	s	d	0	n	N	d	d	S	=	as	+	bs	S0	(5.17)	Ideally,	empirical	values	of	a	s	and	b	s	would	be	derived	locally	by	comparing
estimates	from	Equation	(5.16)	with	measurements	of	S	d	on	overcast	days	to	give	a	s	and	on	days	with	continuous	bright	sunshine	to	give	(a	s	+	b	s	).	Typical	values	derived	in	this	way	are	a	s	=	0.25	and	b	s	=	0.5,	corresponding	to	a	25%	and	75%	loss	of	energy	in	clear	sky	and	overcast	conditions,	respectively.	These	values	of	a	s	and	b	s	are	often



assumed	in	the	absence	of	any	locally	calibrated	values.	As	already	discussed,	once	the	solar	radiation	reaches	the	Earth	s	surface,	a	proportion	is	reflected,	depending	on	the	albedo	of	the	surface.	Consequently,	the	net	daily	solar	radiation,	S	nd,	is	less	than	S	d	and	is	given	by:	S	d	n	d	=	(1	a)	S	(5.18)	where	a	is	the	daily	average	value	of	albedo
described	earlier.	Longwave	radiation	The	terrestrial	surface	emits	thermal	radiation	following	the	Stefan	Boltzman	Law,	with	the	surface	temperature	T	s	in	Equation	(5.3)	being	T	surface,	the	effective	temperature	of	the	land	surface,	and	an	appropriate	value	for	the	surface	emissivity,	e	surface,	see	Table	5.2.	Thus,	there	is	an	upward	flux	of	radiant
energy	in	the	longwave	waveband,	L	u,	which	is	given	by:	L	=	-e	s	T	(5.19)	4	u	surface	surface85	60	Terrestrial	Radiation	100%	N	2	O	0%	100%	O	2	and	O	3	0%	100%	CO	2	0%	100%	H	2	O	0%	100%	0%	0.1	Total	atmosphere	Wavelength	(μm)	Figure	5.9	Absorption	spectra	of	radiatively	active	gases	in	the	lower	atmosphere	as	a	function	of	wavelength.
However,	much	of	this	radiation	is	re	absorbed	in	selected	wavebands	by	gases	in	the	atmosphere,	including	water	vapor,	carbon	dioxide,	the	oxides	of	nitrogen,	methane	and	ozone,	see	Fig	This	is	the	basis	of	the	so	called	greenhouse	effect.	However,	according	to	the	Kirchoff	s	principle,	gases	which	absorb	energy	at	a	particular	wavelength	also	re
emit	energy	at	the	same	wavelength	and	some	of	this	radiation	is	emitted	downward	toward	the	surface,	so	there	is	an	associated	downward	flux	of	radiant	energy	in	the	longwave	wave	band,	L	d,	which	is	given	by:	L	=	ε	s	T	(5.20)	4	d	atmos	atmos	At	any	instant,	the	net	exchange	of	longwave	radiation	at	the	surface,	L	n,	is	the	difference	between	L	u
and	L	d,	i.e.:	Ln	=	Lu	Ld	(5.21)	Figure	5.10	illustrates	the	spectrum	of	the	upward	and	downward	longwave	streams	for	a	hypothetical	case	with	a	surface	temperature	of	288	K	and	a	cloudless86	Terrestrial	Radiation	61	Wavelength	(μm)	Figure	5.10	The	net	exchange	of	longwave	radiation	between	a	surface	at	288	K	and	a	cloudless	atmosphere	at
263	K.	(Redrawn	from	Monteith	and	Unsworth,	1990,	published	with	permission.)	Irradience	(W	m	2	per	μm)	K	K	0	CO	2	H	2	O	O	3	H	2	O	CO	2	H	2	O	atmosphere	at	263	K.	The	net	longwave	flux	is	upward	(outward)	partly	because	the	surface	temperature	is	higher	than	the	effective	average	temperature	of	the	atmosphere	above,	and	partly	because
the	effective	emissivity	of	the	overlying	atmosphere	is	less	than	that	of	the	surface.	In	practice,	there	is	some	linkage	between	the	temperature	of	the	surface	and	air	temperature,	and	a	great	deal	of	the	downward	longwave	radiation	originates	in	the	lower	atmosphere	comparatively	close	to	the	surface.	For	this	reason,	both	the	upward	and
downward	longwave	radiation	fluxes	are	linked	to	near-surface	(2	m)	air	temperature	and	in	clear	sky	conditions	there	is	therefore	often	a	reasonably	strong	approximately	linear	relationship	between	air	temperature	and	both	upward	and	downward	longwave	radiation.	When	clouds	are	present,	more	of	the	outgoing	longwave	radiation	is	absorbed
and	returned	to	the	surface	and	this	is	the	basis	of	the	simple	empirical	formula	much	used	in	hydrological	applications	for	estimating	the	daily	average	net	longwave	radiation,	L	nd,	which	has	the	form:	L	=	fe	s	T	(5.22)	d	n	4	air	where	T	air	is	the	daily	average	air	temperature.	Because	water	vapor	makes	an	important	contribution	to	the	absorption
of	outgoing	longwave	radiation	and	emission	of	downward	radiation,	the	effective	emissivity,	e,	in	Equation	(5.22)	depends	on	the	humidity	content	of	the	air	and	is	estimated	by:	e	=	ed	(5.23)	where	e	d	is	the	daily	average	vapor	pressure	in	kpa.	The	factor	f	is	an	empirical	cloud	factor	which	is	calculated	from	(S	d	/S	d	clear	),	i.e.,	the	ratio	of	the
estimated	surface	solar	radiation	given	by	Equation	(5.16)	or	(5.17)	in	ambient	conditions	to	the87	62	Terrestrial	Radiation	value	estimated	by	the	same	equation	for	clear	sky	conditions.	Two	empirical	formulae	are	used	to	calculate	f,	one	applicable	in	humid	conditions	and	one	in	arid	conditions.	In	humid	conditions:	f	d	S	a	(1	)	s	(	)	s	+	c	b	a	+	n	N	b	s
s	=	i.e.,	;	or	d	S	clear	as	+	bs	as	+	bs	(5.24)	but	in	arid	conditions:	f	d	S	a	+	+	(	)	s	(1	c)	b	as	n	N	b	s	s	=	i.e.,	;	or,	d	S	as	+	bs	as	+	b	clear	s	(5.25)	Net	radiation	at	the	surface	As	described	in	Chapter	2,	the	all	day	average	net	radiation	at	the	surface	is	the	sum	of	the	downward	and	reflected	solar	radiation	and	the	net	longwave	radiation	as	illustrated
in	Figure	4.2,	and	the	daily	average	net	radiation	flux,	R	nd,	is	given	by:	R	=	S	+	L	(5.26)	d	d	d	n	n	n	Equation	(5.26)	is	written	in	terms	of	daily	total	values	but	it	is	of	course	possible	to	write	equations	describing	the	instantaneous	radiation	balance,	as	follows:	or:	R	=	(	S+	S	)	+	(	L	+	L	)	(5.27)	n	r	d	u	R	=	S(1	a)	+	L	(5.28)	n	n	The	value	of	R	n	varies
greatly	through	the	day.	Net	longwave	radiation	is	negative	and	usually	fairly	constant	through	the	day,	with	the	net	solar	radiation	providing	a	positive	input	during	the	daylight	hours.	The	typical	diurnal	cycle	of	net	radiation	therefore	has	a	temperature	dependent	negative	offset,	upon	which	is	superimposed	a	positive	diurnal	input	of	solar	radiation
whose	magnitude	depends	on	the	latitude	of	the	site,	the	day	of	the	year,	fractional	cloud	cover	on	that	day,	and,	not	least,	time	of	day.	The	resulting	diurnal	pattern	of	net	radiation	may	therefore	have	a	strong	seasonal	dependence	at	high	latitude	as	illustrated	in	the	case	of	the	radiation	balance	for	Bergen,	Norway	at	60	N,	which	is	shown	in	Fig88
Terrestrial	Radiation	63	(a)	600	Solar	radiation	Radiation	flux	(W	m	2	)	Upward	longwave	radiation	Downward	longwave	radiation	Net	radiation	Local	time	(hr)	(b)	400	Upward	longwave	radiation	Radiation	flux	(W	m	2	)	Solar	radiation	Downward	longwave	radiation	Net	radiation	Local	time	(hr)	Figure	5.11	Diurnal	variation	in	net	solar	radiation,
upward	and	downward	radiation,	and	net	radiation	at	Bergen	Norway	on	(a)	13	April	1968	and	(b)	11	January	(Redrawn	from	Monteith	and	Unsworth,	1990;	after	Gates,	1980,	published	with	permission.)	Height	dependence	of	net	radiation	The	main	focus	of	interest	in	this	chapter	is	on	radiation	exchange	at	terrestrial	surfaces.	However,	when
considering	the	energy	balance	of	the	atmospheric	boundary	layer,	it	is	important	to	recognize	that	net	radiation	can	change	with	height	above	the	ground.	This	is	inevitable	because	there	is	absorption	of	solar	radiation	as	it	passes	through	the	air,	and	there	is	absorption	and	emission	of	longwave	radiation	at	all	levels	in	the	atmosphere.	During	the
day,	solar	radiation89	64	Terrestrial	Radiation	normally	dominates	the	net	radiation	flux	and	in	the	absence	of	cloud,	fog,	or	heavy	aerosol	contamination,	the	loss	of	solar	radiation	through	the	clear	air	boundary	layer	is	comparatively	small.	The	profile	of	longwave	radiation	through	the	boundary	layer	can	be	influenced	by	variations	in	the
concentration	of	radiatively	active	atmospheric	constituents	and	the	heat	content	of	the	air.	During	the	night,	longwave	radiation	dominates	and	the	nighttime	potential	temperature	profile	may	induce	vertical	changes	in	the	net	radiation	flux.	Regardless	of	its	cause,	energy	conservation	means	vertical	divergence	of	the	net	radiation	flux	will	be
associated	with	local	heating	or	cooling	of	the	air,	the	amount	being	directly	related	to	the	rate	of	change	of	net	radiation	with	height	and	given	by:	q	R	v	n	r	c	p	=	(5.29)	t	z	Important	points	in	this	chapter	Separation	of	wavebands:	most	solar	radiation	is	in	the	wavelength	range	μm	and	most	longwave	radiation	in	the	Earth	system	is	in	the
wavelength	range	μm,	this	allows	separate	consideration	of	the	two	streams.	Blackbody	radiation	laws:	describe	radiation	for	an	idealized	emitting	and	absorbing	blackbody	surface,	and	include	Planck	s	Law	describing	the	spectrum;	Wein	s	Law,	giving	the	wavelength	of	peak	emission;	and	Stefan-	Boltzmann	Law,	giving	the	total	flux	of	radiation.
Gray	surfaces:	are	imperfect	blackbodies	for	which	radiation	exchange	at	wavelength	l	is	calculated	from	blackbody	radiation	using	multiplicative	factors,	i.e.,	emissivity	(e	l	)	for	emitted	radiant	energy;	absorptivity	(a	l	)	for	absorbed	radiant	energy,	reflectivity	(r	l	),	for	emitted	radiant	energy;	and	transmissivity	(t	l	)	for	transmitted	radiant	energy.
Kirchov	s	principle	requires	that	e	l	=	a	l.	Integrated	parameters	for	natural	surfaces:	because	there	is	little	overlap	between	the	waveband	for	solar	and	longwave	radiation,	radiation	exchange	for	natural	surfaces	is	often	described	by	wavelength	integrated	surface	properties,	i.e.,	albedo	(a),	the	integrated	reflectivity	for	solar	radiation,	and
emissivity	(e),	the	integrated	emissivity	for	longwave	radiation.	Typical	values	of	parameters:	daily	average	values	albedo	are	typically	8%	for	water,	80%	for	fresh	and	40%	for	dirty	snow,	23%	for	bare	soil	and	agricultural	crops,	and	12%	for	forests;	emissivity	is	typically	95	±	5%.	Top	of	atmosphere	solar	radiation:	maximum	value	changes	by	about
±1.6%	with	day	of	year	around	the	solar	constant	S	o	=	1367	W	m	2.	Maximum	solar	radiation	at	the	ground:	if	there	were	no	atmosphere	the	daily	total	solar	radiation	reaching	the	ground	could	be	calculated	using	an	(albeit	complex)	formula	from	the	latitude	of	the	site	(f),	solar	declination90	Terrestrial	Radiation	65	(d	a	function	of	day	of	year),	and
the	sunset	hour	angle,	(w	s	a	function	of	latitude	and	day	of	year).	Atmospheric	attenuation:	typically	25%	of	solar	radiation	is	absorbed	for	clear	skies	and	75%	for	overcast	skies	(attenuation	is	by	scattering	by	gas	molecules	and	dust,	and	absorption	by	radiatively	active	gases	and	cloud):	solar	radiation	at	the	ground	can	be	estimated	either	from
fractional	cloud	cover	or	from	the	fraction	of	daytime	hours	with	bright	sunshine.	Net	longwave	radiation:	longwave	exchange	with	the	surface	can	be	estimated	using	a	version	of	the	Stefan-Boltzmann	Law	that	includes	an	effective	emissivity	(dependent	on	humidity)	and	a	cloud	cover	correction	factor	(estimated	from	the	attenuation	of	solar
radiation)	that	is	different	for	humid	and	arid	conditions.	Net	radiation:	is	obtained	by	adding	the	net	solar	radiation	(allowing	for	albedo)	to	the	net	longwave	radiation;	at	the	daily	time	scale	it	has	a	temperature	dependent	negative	(longwave)	offset	upon	which	is	superimposed	a	positive	solar	radiation	input	whose	magnitude	depends	on	latitude,
day	of	the	year,	fractional	cloud	cover,	and	time	of	day.	References	Gates,	D.M.	(1980)	Biophysical	Ecology.	Springer-Verlag,	New	York.	Monteith,	J.L.	&	Unsworth,	M.H.	(1990)	Principles	of	Environmental	Physics.	Edward	Arnold,	London,	UK.91	6	Soil	Temperature	and	Heat	Flux	Introduction	The	flow	of	energy	into	temporary	storage	in	the	soil	that
underlies	the	interface	between	terrestrial	surfaces	and	the	atmosphere	can	be	a	substantial	component	(	25%)	of	the	midday	surface	energy	budget	for	bare	soil	surfaces.	It	can	also	be	a	significant	component	of	the	daytime	surface	energy	budget	for	vegetated	surfaces,	depending	on	the	extent	to	which	the	plants	shade	the	soil.	The	surface
temperature	of	the	soil	is	determined	by	the	need	to	continuously	maintain	a	balance	between	the	energy	fluxes	of	radiation,	latent	heat,	and	sensible	heat	into	the	overlying	air	and	the	flow	of	energy	by	thermal	conduction	into	the	soil.	Consequently,	the	surface	temperature	of	soil	is	a	dependent	variable.	However,	energy	flow	within	the	soil	and
associated	changes	in	below	ground	soil	temperature	are	determined	by	changes	in	the	surface	temperature	of	the	soil.	In	this	sense,	soil	surface	temperature	is	the	forcing	variable	that	determines	thermal	behavior	in	the	soil.	The	present	chapter	considers	soil	temperatures	and	heat	flow	in	soil	from	the	perspective	that	soil	surface	temperature	is	a
forcing	variable	that	varies	with	time.	Soil	surface	temperature	Measuring	area-average	soil	surface	temperature	is	difficult	because	it	varies	greatly	from	place	to	place	and	can	change	quickly	with	time.	The	surface	temperature	of	typically	rough	bare	soil	surfaces	can	vary	over	short	distances	during	daylight	hours	depending	on	the	relative
orientation	between	the	local	soil	surface	and	the	solar	beam.	Spatial	variability	in	plant	shading	complicates	this	relationship	for	soil	covered	by	vegetation.	Attempts	have	been	made	to	measure	soil	surface	temperature	using	conventional	mercury	bulb	thermometers	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&
Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.92	Soil	Temperature	and	Heat	Flux	67	positioned	to	be	in	close	contact	with	the	soil.	But	the	presence	of	a	thermometer	alters	the	surface	energy	balance	and	therefore	the	surface	temperature	that	is	being	measured.	Fine	thermocouple	thermometers	positioned	on	the	soil	surface	disturb	the
surface	energy	balance	less,	but	the	issue	of	how	to	obtain	an	adequate	sample	to	determine	the	area-average	temperature	remains.	In	principle,	the	average	temperature	can	be	measured	over	areas	of	a	few	square	meters	of	soil	by	positioning	a	radiometer	above	it	and	deducing	the	surface	temperature	from	the	measured	thermal	radiation	emitted.
However,	soil	surfaces	are	not	blackbody	emitters	so	soil	emissivity	has	to	be	assumed	and	poor	knowledge	of	this	can	systematically	bias	such	a	radiometric	measurement	by	several	degrees.	The	soil	surface	temperature	is	determined	by	the	surface	energy	balance.	As	a	result,	for	dry	exposed	soils	in	fairly	calm	conditions	and	with	clear	skies,	the
amplitude	of	the	daily	cycle	in	soil	surface	temperature	can	be	very	large,	perhaps	greater	than	30	C.	This	is	noticeably	larger,	by	perhaps	a	factor	of	two,	than	the	daily	cycle	in	air	temperature	measured	at	2	m.	Incoming	radiant	energy	plays	a	major	role	in	the	surface	energy	balance	that	determines	the	surface	temperature	of	bare	soil	and	the
timing	of	the	daily	cycle	in	soil	temperature,	therefore,	tends	to	follow	that	in	net	radiation,	albeit	with	some	lag	(typically	less	than	an	hour).	For	a	wet	soil	surface,	much	of	the	energy	outgoing	to	the	atmosphere	is	as	latent	heat	and	the	sensible	heat	flux	is	less.	There	is,	therefore,	less	need	for	a	large	difference	in	temperature	between	the	soil
surface	and	the	overlying	air	to	support	the	sensible	heat	flux.	Consequently,	the	amplitude	of	the	daily	cycle	in	soil	surface	temperature	is	much	smaller.	But	solar	radiation	is	still	the	dominant	term	in	available	energy	for	wet	bare	soil	so	the	timing	of	the	daily	cycle	in	soil	temperature	still	tends	to	follow	that	in	net	radiation.	When	there	is
vegetation	overlying	the	soil,	the	magnitude	and	timing	of	the	daily	cycle	in	soil	surface	temperature	differs	from	that	for	bare	soil.	Much	of	the	incoming	radiant	energy	is	captured	by	the	vegetation	canopy	and	returned	to	the	atmosphere	before	it	reaches	the	soil.	The	presence	of	vegetation	also	enhances	turbulent	mixing	in	the	air	near	the	ground
thus	reducing	the	difference	in	temperature	between	air	adjacent	to	the	soil	surface	and	that	in	the	atmosphere	above.	Since	there	is	much	less	solar	radiation	reaching	the	soil	surface,	the	solar	cycle	has	less	influence	on	surface	energy	balance	and	soil	surface	temperature,	the	latter	being	thus	more	similar	to	near-surface	air	temperature.
Consequently,	the	daily	cycle	in	vegetation-covered	soil	surface	temperature	has	reduced	amplitude	relative	to	that	for	bare	soil	in	the	same	meteorological	conditions,	and	the	timing	of	the	cycle	tends	to	follow	that	in	air	temperature	and	so	typically	lags	the	solar	radiation	cycle	by	several	hours.	Subsurface	soil	temperatures	The	temperature	of	soil
below	the	surface	is	somewhat	easier	to	measure	than	soil	surface	temperature	providing	the	thermometers	are	carefully	inserted	with	minimum	disturbance	to	the	soil	structure.	Commonly,	small	thermometers	are93	68	Soil	Temperature	and	Heat	Flux	(a)	0	Local	time	(hr)	(b)	0	Local	time	(hr)	Figure	6.1	Profiles	of	soil	temperature	measured	at
selected	hours	during	the	day	beneath	(a)	a	bare	soil	surface	and	(b)	a	crop	of	potatoes.	(Redrawn	from	Monteith	and	Unsworth,	1990,	published	with	permission.)	Depth	(cm)	Bare	soil	Soil	temperature	(	C)	Depth	(cm)	Potatoes	Soil	temperature	(	C)	used	which	are	inserted	horizontally	into	the	vertical	edge	of	a	cautiously	dug	soil	pit,	so	that	they
sample	soil	at	least	0.1	m	away	from	the	edge	of	the	pit.	If	the	soil	is	uniform,	heat	flow	in	the	soil	tends	to	average	out	some	of	the	spatial	heterogeneity	in	temperature	present	at	the	surface,	so	horizontal	variations	in	measured	subsurface	temperatures	are	less	extreme.	Subsurface	soil	temperatures	are	determined	by	heat	flow	into	and	out	of	the
soil	in	response	to	changing	surface	temperature.	Consequently,	the	magnitude	and	timing	of	the	daily	cycle	in	subsurface	temperatures	are	necessarily	different	for	dry	soil	and	wet	soils,	and	for	vegetation-covered	soils.	Not	surprisingly,	the	magnitude	of	the	cycle	in	subsurface	temperatures	is	greater	for	bare	soil	than	for	soil	covered	by	vegetation,
and	is	later	relative	to	the	cycle	in	the	solar	radiation,	depending	on	depth.	Figure	6.1	shows	profiles	of	soil	temperature	measured	at	selected	hours	of	the	day	in	bare	soil	and	in	the	soil	beneath	a	nearby	crop	of	potatoes.	On	this	day,	the	range	of	variation	in	the	surface	temperature	measured	beneath	the	potato	crop	is	around	15	C	and	less	than	the
22	C	range	for	the	bare	soil.	The	range	of	subsurface	temperatures	measured	at	the	same	depth	in	the	two	profiles	reflects	this	difference	in	the	surface	temperature	cycle.	In	both	cases,	the	magnitude	of	diurnal	variation	progressively	decreases	with	depth.	This	last	feature	is	evident	in	Fig.	6.2,	which	also	more	clearly	shows	how	the	phase-lag	of
the	cycle	in	subsurface	soil	temperature	increases	with	greater	depth.	Thermal	properties	of	soil	The	thermal	properties	of	soil	determine	how	the	magnitude	and	phase	of	the	soil	heat	flux	and	subsurface	soil	temperatures	respond	to	changes	in	the	soil	surface	temperature.	All	the	relevant	soil	properties	are	strongly	dependent	on	the	moisture
content	of	the	soil.	This	is	because	air-filled	pores	present	in	dry	soil	are	progressively	filled	with	water	as	the	moisture	content	of	soil	increases,	and	the94	Soil	Temperature	and	Heat	Flux	69	Figure	6.2	The	time	variation	in	subsurface	soil	temperature	beneath	a	sandy	loam	soil	with	bare	surface	measured	for	three	days	at	depths	of	2.5	cm	(full	line),
15	cm	(broken	line),	and	30	cm	(dotted	line).	(Redrawn	from	Monteith	and	Unsworth,	1990,	after	Deacon,	1969,	published	with	permission.)	Temperature	(	C)	Local	time	(hr)	Table	6.1	Mass	density	and	thermal	properties	of	soils,	air,	and	water.	Material	Condition	Mass	density	r	s	(kg	m	)	Specific	heat	c	s	(J	kg	1	K	)	Heat	capacity	C	s	(J	m	3	K	)
Thermal	conductivity	k	s	(W	m	1	K	1	)	Thermal	diffusivity	a	s	(m	2	s	)	Sandy	Soil	(40%	porosity)	Clay	Soil	(40%	porosity)	Clay	Soil	(80%	porosity)	Dry	Saturated	Dry	Saturated	Dry	Saturated	Air	20	C,	still	Water	20	C,	still	thermal	properties	of	air	are	profoundly	different	to	those	of	the	water	which	replaces	it.	Values	of	the	soil	properties	discussed
below	are	given	in	Table	6.1,	together	with	those	for	air	and	water	for	purposes	of	comparison.	Density	of	soil,	r	s	The	local	density	of	soil	in	kg	m	3	is	the	mass	of	unit	volume	of	soil.	As	just	mentioned,	the	density	of	soil	changes	greatly	with	the	moisture	content	of	the	soil95	70	Soil	Temperature	and	Heat	Flux	as	the	air	in	the	pores	of	the	soil	is
replaced	by	water	which	is	much	denser,	see	Table	6.1.	Specific	heat	of	soil,	c	s	The	specific	heat	of	soil	in	J	kg	1	K	1	(1	J	kg	1	K	1	is	the	same	as	1	J	kg	1	C	1	)	is	the	amount	of	heat	absorbed	or	released	in	raising	or	lowering	the	unit	mass	of	soil	by	1	K.	Because	dry	soil	is	porous,	its	specific	heat	is	only	about	25	40%	of	the	specific	heat	of	water,	but
the	specific	heat	of	soil	typically	almost	doubles	when	the	soil	becomes	saturated,	see	Table	6.1.	Heat	capacity	per	unit	volume,	C	s	The	heat	capacity	per	unit	volume	in	J	m	3	K	1	(1	J	m	3	K	1	is	the	same	as	1	J	m	3	C	1	)	is	the	amount	of	heat	absorbed	or	released	in	raising	or	lowering	unit	volume	of	soil	by	1	K.	It	is	the	product	of	the	density	of	the	soil
with	its	specific	heat,	thus:	C	=	r	c	(6.1)	s	s	s	Because	both	r	s	and	c	s	separately	increase	with	soil	moisture	content,	there	is	an	even	greater	proportional	increase	in	the	value	of	C	s	as	the	moisture	content	of	the	soil	increases,	see	Table	6.1.	Thermal	conductivity,	k	s	Thermal	conduction	of	heat	in	soil	is	described	by	a	simple	diffusion	equation	with
the	form:	G	z	T	soil	=	k	s	z	(6.2)	where	G	z	(in	W	m	2	)	is	the	local	vertical	soil	heat	flux	at	depth	z	below	the	surface	of	the	soil	(z	is	measured	downward),	T	soil	/	z	is	the	vertical	temperature	gradient	at	depth	z	in	K	m	1,	and	k	s	is	the	local	thermal	conductivity	of	the	soil	in	W	m	1	K	1	(1	W	m	1	K	1	is	the	same	as	1	W	m	1	C	1	).	The	negative	sign	is
required	on	the	right	hand	side	of	this	equation	because	soil	heat	flux	is	defined	to	be	positive	when	directed	away	from	the	surface	(see	Chapter	4),	and	this	occurs	when	soil	temperature	decreases	with	depth	below	ground.	As	is	the	case	for	other	soil	properties,	there	is	a	marked	change	in	thermal	conductivity	when	soil	moisture	content	increases,
see	Table	6.1.96	Soil	Temperature	and	Heat	Flux	71	Thermal	diffusivity,	a	s	When	describing	soil	heat	flow,	it	is	useful	to	define	a	renormalized	form	of	the	thermal	conductivity	called	the	thermal	diffusivity,	a	s,	which	is	defined	by	the	equation:	ks	a	s	=	C	s	(6.3)	The	soil	moisture	dependency	of	a	s,	is	less	dramatic	than	for	k	s,	see	Table	6.1.	When
the	diffusion	equation	describing	soil	heat	flow	(Equation	(6.2))	is	rewritten	in	terms	of	thermal	diffusivity	rather	than	thermal	conductivity	it	becomes:	G	T	z	soil	z	=	a	scs	(6.4)	Formal	description	of	soil	heat	flow	Figure	6.3	illustrates	the	energy	budget	for	a	thin	horizontal	element	of	soil	of	thickness	dz	and	cross	sectional	area	A	located	at	a	depth	z
beneath	the	soil	surface.	The	soil	heat	flux	into	the	element	from	above	is	G	z	and	that	out	from	below	G	z+dz.	Consequently,	over	a	period	of	time	dt,	the	element	receives	a	net	input	of	soil	heat	flux	[A.(G	z	G	z+dz	).dt].	Over	this	same	period	of	time,	the	temperature	of	the	soil	element	rises	by	dt	soil.	This	takes	an	amount	of	heat	equal	to	[C	s.a.dz.dt
soil	],	and	energy	conservation	requires	that:	CAzT	s	dd	soil	=	AG	(	z	Gz+	dz)	d	t	(6.5)	Hence:	dtsoil	Cs	dz	=	(	Gz	Gz+	dz)	d	t	(6.6)	Expanding	the	right	hand	side	of	Equation	(6.6)	using	Taylor	s	theorem	in	the	limit	of	small	dz	gives:	dtsoil	Gz	Cs	dz	=	Gz	Gz	+.	z	t	d	d	z	(6.7)97	72	Soil	Temperature	and	Heat	Flux	Figure	6.3	Energy	budget	for	a	thin
horizontal	element	of	soil	of	thickness	б	z,	cross	sectional	area	A,	and	temperature	T	soil	located	at	a	depth	z	beneath	the	soil	surface,	with	soil	heat	flux	G	z	entering	from	above	and	G	z+бz	leaving	from	below.	Soil	Air	z+δz	z	Gz	G	z+dz	Soil	surface	Area	=	A	Temperature	=	T	soil	Hence:	Tsoil	1	G	=	t	C	z	s	z	(6.8)	Substituting	G	from	Equation	(6.4)
into	this	last	equation	gives:	Tsoil	1	Tsoil	=	sc	s	t	C	z	a	z	s	(6.9)	In	the	particular	case	of	heat	flow	in	homogeneous	soil	for	which	both	C	s	and	a	s	are	constant	with	depth	below	ground,	Equation	(6.9)	simplifies	to:	T	T	2	soil	soil	=	a	s	2	t	z	(6.10)	Thermal	waves	in	homogeneous	soil	Equation	(6.9)	can	be	solved	numerically	to	provide	a	general
description	of	the	evolution	of	soil	temperature	and	therefore	(from	Equation	(6.4))	soil	heat	flux	in	response	to	a	prescribed	time	series	of	soil	surface	temperature	when	the	depth	dependency	of	C	s	and	a	s	is	defined.	However,	much	can	be	learned	about	the	mechanics	of	soil	heat	flow	by	investigating	the	analytic	solution	of	Equation	(6.10)	which
applies	for	homogeneous	soil.	It	is	also	instructive	to	consider	the	case	of	t,0	a	simple	sinusoidal	variation	in	soil	surface	temperature,	T	soil,	described	by	the	expression:	t,0	(	t	t0)	Tsoil	=	Tm	+	Ta	sin	2p	P	(6.11)	where	T	m	is	the	mean	temperature	of	the	soil	surface,	T	a	is	the	amplitude	of	the	sinusoidal	variation	in	soil	surface	temperature,	t	is	time
in	seconds,	and	P	and	t	098	Soil	Temperature	and	Heat	Flux	Figure	6.4	Calculated	soil	temperature	at	2	cm	(solid	line),	15	cm	(dotted	line),	and	30	cm	(broken	line)	for	damping	depth	of	0.1	m.	Soil	temperature	(	C)	Time	(hr)	both	in	seconds	are	respectively	the	period	of	the	sinusoidal	variation	and	a	time	t,0	slip	introduced	to	adjust	its	phase	such
that	Tsoil	=	Tm	when	t	=	t	0.	It	can	be	shown	by	substitution	into	(6.10)	that	the	expression:	tz,	z	(	t	t0)	z	Tsoil	=	Tm	+	Ta	exp	sin	2	D	p	P	D	(6.12)	describes	the	behavior	of	soil	temperature	as	a	function	of	time	t	and	depth	z	when	Equation	(6.11)	is	the	upper	boundary	condition	at	the	soil	surface,	with:	0.5	P	s	D	a	=	p	(6.13)	D	has	units	of	distance
and	is	called	the	damping	depth.	Figure	6.4	shows	the	daily	variation	in	soil	temperature	as	a	function	of	soil	depth	calculated	from	Equation	(6.12)	in	response	to	a	sinusoidal	cycle	of	temperature	of	amplitude	15	C	around	a	mean	temperature	of	40	C	with	a	phase	delay	of	6	hours	when	the	damping	depth	is	0.1	m.	The	variation	with	depth	of	the
amplitude	and	phase	of	calculated	soil	temperature	can	be	compared	with	that	measured	for	a	bare	sandy	loam	surface	shown	in	Fig	The	amplitude	of	the	soil	temperature	wave	and	its	phase	relative	to	the	surface	temperature	wave	changes	with	depth	and	are	controlled	by	the	thermal	diffusivity	of	the	soil	and	period	of	the	surface	temperature	cycle
via	the	value	of	D.	Because	damping	depth	is	related	to	the	square	root	of	the	period	of	the	surface	wave,	the	depth	of	penetration	is	much	greater	for	the	seasonal	cycle	in	surface	temperature	than	for	the	daily	cycle	in	temperature.	In	the	case	of	dry	sand	(a	s	=	m	2	s	1	),	D	is	about	0.08	m	for	the	daily	cycle	but	about	1.6	m	for	the	yearly	cycle.	In	the
case	of	wet	clay	(a	s	=	m	2	s	1	),	the	value	of	D	is	about	0.12	m	for	the	daily	cycle	but	about	2.24	m	for	the	yearly	cycle.99	74	Soil	Temperature	and	Heat	Flux	The	soil	heat	flux	can	be	calculated	at	any	depth	in	the	soil	using	Equation	(6.2)	or	(6.4).	However,	it	is	the	soil	heat	flux	into	the	soil	surface	that	is	most	often	required	for	use	in	calculating	the
energy	budget	of	a	sample	volume	lying	between	ground	level	and	a	reference	level	in	the	atmosphere	above.	By	differentiating	Equation	(6.12)	and	substituting	z	=	0,	it	can	be	shown	that	for	a	homogeneous	soil	and	assuming	the	simple	sinusoidal	variation	in	surface	temperature	in	Equation	(6.11),	the	surface	soil	heat	flux	is	given	by:	G	2	Tk	(	t	t	)
2p	sin	2	D	p	P	8	(6.14)	a	s	0	z	=	0	=	+	Comparing	Equation	(6.14)	with	Equation	(6.11)	illustrates	a	general	feature	of	the	relationship	between	soil	heat	flux	and	soil	surface	temperature.	Specifically,	the	sinusoidal	wave	in	soil	heat	flux	is	advanced	by	one	eighth	of	a	cycle	with	respect	to	the	wave	in	surface	temperature.	This	means	that	the	peak	soil
heat	flow	is	approximately	3	hours	earlier	than	the	peak	soil	surface	temperature	for	the	daily	cycle,	and	the	peak	in	soil	heat	flow	is	1.5	months	earlier	than	the	peak	soil	surface	temperature	for	the	yearly	cycle.	Physically	this	is	because	there	is	most	conduction	of	heat	into	the	soil	when	the	soil	surface	temperature	is	rising	rapidly	in	the	morning
for	the	daily	cycle	and	in	spring	for	the	yearly	cycle,	and	most	conduction	of	heat	out	of	the	soil	when	the	soil	surface	temperature	is	falling	quickly	in	the	evening	for	the	daily	cycle	and	in	autumn	for	the	yearly	cycle.	Equation	(6.14)	also	shows	that	the	magnitude	of	the	wave	in	surface	soil	heat	flux	is	inversely	proportional	to	the	damping	depth	and
therefore	inversely	proportional	to	the	square	root	of	the	period	of	the	surface	temperature	wave,	see	Equation	(6.13).	This	means	the	amplitude	of	the	soil	heat	flux	wave	associated	with	the	yearly	cycle	is	(365)	0.5	times	less	(i.e.,	about	19	times	less)	than	the	amplitude	of	the	daily	cycle.	The	yearly	cycle	in	soil	heat	flux	is	therefore	about	20	times
less	than	the	daily	wave	but	penetrates	about	20	times	deeper.	In	fact	the	value	of	damping	depth	determines	many	interesting	features	of	soil	heat	flow	as	follows.	The	amplitude	of	temperature	wave	falls	to	e	1	(~0.37)	of	its	surface	value	at	depth	D	The	velocity	with	which	temperature	maximum	and	minimum	appear	to	propagate	downward	through
the	soil	is	given	by	(2πD/P)	The	temperature	wave	is	π	radians	(180	)	out	of	phase	with	the	surface	wave	at	depth	(πd)	From	Equation	(6.14),	the	maximum	surface	heat	flux	is	(	2.T	a.k	s	)/D	which	is	the	heat	flow	that	would	be	maintained	through	a	thickness	(	2.D)	of	soil	if	one	side	were	maintained	at	(T	m	+T	a	)	and	the	other	at	(T	m	T	a	).	For	this
reason	(	2.D)	has	been	called	the	effective	depth	of	soil	heat	flow100	Soil	Temperature	and	Heat	Flux	75	Figure	6.5	Change	of	damping	depth	volumetric	water	content	for	typical	sandy,	clay,	and	peat	soils	for	the	daily	and	yearly	surface	temperature	cycles.	Daily	cycle	damping	depth	(cm)	Sandy	soil	Clay	soil	Peat	soil	Volumetric	water	content	Annual
cycle	damping	depth	(m)	For	a	layer	of	soil	with	thickness	equal	to	the	effective	depth,	the	net	flow	of	heat	into	the	soil	during	one	half	cycle	(i.e.,	the	integral	of	G	z=0	from	π/4	το	3π/4)	would	raise	the	temperature	by	1	K.	The	values	of	D	for	three	types	of	soil	are	shown	in	Fig.	6.5	as	a	function	of	volumetric	water	content	for	the	daily	and	yearly
cycles.	D	increases	quickly	as	the	volumetric	water	content	changes	from	0	to	0.1	for	sandy	and	clay	soils,	and	rapidly	reaches	values	of	mm,	these	being	typical	of	values	often	found	in	the	field.	However,	for	peat	soils	D	remains	in	the	range	3-5	cm	regardless	of	volumetric	water	content,	again	consistent	with	observations	that	indicate	organic	soils
heat	and	cool	slowly.	Important	points	in	this	chapter	Soil	surface	temperature:	spatial	variability	makes	measurement	difficult;	the	amplitude	of	daily	cycle	is	large	(	30	C)	for	bare,	dry	soil	in	calm,	clear	sky	conditions	(more	than	air	temperature)	with	timing	linked	to	radiation,	but	less	for	wet	soil	and	also	less	and	linked	to	air	temperature	for
vegetationcovered	soil.	Subsurface	soil	temperature:	is	easier	to	measure	with	carefully	inserted	thermometers,	and	is	driven	by	soil	surface	temperature	and	so	differs	for	dry,	wet,	and	vegetation-covered	soil,	with	magnitude	of	daily	cycle	reducing	in	size	and	phase	progressively	delayed	with	depth.	Thermal	properties	of	soil:	The	density	(r	s	),
specific	heat	(c	s	),	and	thermal	diffusivity	(a	s	),	and	especially	the	heat	capacity	per	unit	volume	(C	s	),	and	thermal	conductivity	(k	s	)	of	soil	(defined	in	the	text)	are	all	strongly	dependent	on	moisture	content.	Thermal	conduction:	the	soil	heat	flux	(G	s	)	into	soil	away	from	the	surface	is	described	by	a	simple	diffusion	equation	as	k	s	(or	a	s	C	s	)
times	the	negative	gradient	of	soil	temperature	with	depth.101	76	Soil	Temperature	and	Heat	Flux	Soil	heat	flow	equation:	the	rate	of	change	of	soil	temperature	at	depth	is	given	by	the	divergence	of	the	equation	describing	thermal	conduction,	and	for	homogeneous	soil	this	becomes	the	product	of	the	thermal	diffusivity	with	the	second	partial
derivative	of	the	soil	temperature	with	depth.	Thermal	wave	in	soil	temperature:	assuming	a	sinusoidal	daily	cycle	in	soil	surface	temperature	and	homogeneous	soil,	the	thermal	wave	in	the	soil	is	sinusoidal	and	relative	to	the	surface	wave	has	an	amplitude	less	by	a	factor	(z/d)	and	phase	(in	radians)	delayed	by	(z/d),	where	D	(=	(Pa	s	/π)	is	the
damping	depth	and	P	is	the	period	of	the	wave	in	seconds.	Damping	depth:	D	is	0.08	m	and	0.12	m	for	the	daily	soil	surface	temperature	cycle,	and	1.6	m	and	2.24	m	for	the	yearly	cycle	for	dry	sandy	soil	and	wet	clay,	respectively.	Surface	soil	heat	flux:	is	advanced	by	one	eighth	of	a	cycle	with	respect	to	sinusoidal	variations	in	soil	surface
temperature,	i.e.,	by	3	hours	for	the	daily	cycle	and	1.5	months	for	the	yearly	cycle.	References	Deacon,	E.L.	(1969)	Physical	processes	near	the	surface	of	the	Earth.	In:	World	Survey	of	Climatology,	Vol.	1,	General	Climatology	(ed.	H.E.	Landsberg).	pp	Elsevier,	Amsterdam.	Monteith,	J.L.	&	Unsworth,	M.H.	(1990)	Principles	of	Environmental	Physics.
Edward	Arnold,	London.102	7	Measuring	Surface	Heat	Fluxes	Introduction	This	chapter	provides	an	overview	of	some	of	the	most	commonly	used	methods	by	means	of	which	important	terms	in	the	surface	energy	budget	are	measured.	Most	measurement	methods	provide	an	estimate	of	the	average	rate	of	flow	of	energy	into	or	out	of	the	Earth	s
surface	over	a	specified	period.	However,	latent	heat	flux	is	also	frequently	measured	in	the	form	of	the	net	evaporative	water	loss	from	sample	areas	of	the	terrestrial	surface.	Measuring	solar	radiation	The	most	common	early	approach	used	to	derive	surface	solar	radiation	was	to	estimate	how	much	of	the	calculable	solar	energy	entering	the	top	of
the	atmosphere	was	absorbed	before	it	reached	the	ground.	This	required	estimates	or	measurements	of	cloud	cover.	Subsequently,	instruments	were	devised	which	measured	the	incident	solar	energy	from	the	warming	it	induced	when	incident	on	a	near	blackbody	surface	or	from	the	number	of	electrons	it	mobilized	in	a	semiconductor.	Daily
estimates	of	cloud	cover	Estimates	of	cloud	cover	are	made	with	the	human	eye	by	trained	observers	at	meteorological	stations	looking	upward	at	the	sky	overhead.	When	estimates	are	made	in	this	way,	they	are	usually	expressed	either	in	oktas	(eighths	of	the	sky)	or	in	tenths	and	given	to	the	closest	whole	number	value.	A	value	of	0	refers	to	clear
Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.103	78	Measuring	Surface	Heat	Fluxes	Figure	7.1	(a)	Campbell-	Stokes	sunshine	hour	recorder;	(b)	a	card	after	it	has	been	removed	from	the	recorder	showing	burns	made	on	the	card	by	the	focused	solar	beam
when	there	was	bright	sunshine	during	the	day.	The	length	of	the	burns	are	measured	to	determine	the	number	of	bright	sunshine	hours.	(From	Fairmount	Weather	Systems,	2010.)	(a)	(b)	Length	of	burns	are	measured	Photograph	of	a	burnt	card	sky	while	8	oktas,	or	10	on	the	decimal	scale,	indicates	overcast	sky.	Estimates	made	in	this	way	are,	of
course,	only	representative	of	conditions	within	the	range	of	visibility	of	the	observer.	Problems	associated	with	this	method	include	inability	to	make	observations	when	the	visibility	is	very	low,	when	it	is	foggy	for	example,	and	difficulty	in	estimating	the	correct	fractional	cover	for	clouds	that	are	near	the	visual	horizon.	Quite	often	just	one	visual
estimate	of	cloud	cover	is	made	each	day,	often	at	the	same	time	as	other	daily	measurements	(such	as	rainfall),	although	several	observations	through	the	day	are	required	to	give	an	estimate	of	the	daily	average	because	there	is	often	a	marked	diurnal	variation	in	cloud	cover.	John	Francis	Campbell	(	)	invented	the	first	simple	instrument	to	estimate
daily	average	cloud	cover	indirectly	in	the	form	of	the	number	of	hours	of	the	bright	sunshine	expressed	as	a	fraction	of	the	maximum	number	of	hours	for	which	bright	sunshine	is	feasible	on	the	day	observations	are	made.	The	device	he	invented,	which	is	often	called	the	Campbell-Stokes	recorder,	comprises	a	sphere	of	glass	that	serves	to	focus	the
Sun	s	rays	onto	a	card,	see	Fig.	7.1a.	When	the	Sun	is	exposed	it	has	sufficient	energy	to	burn	the	card	and	as	it	moves	in	the	sky,	the	length	of	the	burnt	trace	on	the	card	can	be	later	measured	and	interpreted	in	terms	of	the	time	without	cloud	during	the	day,	see	Fig.	7.1b.	At	the	time	of	writing,	this	is	by	far	the	most	common	radiation	instrument
used	at	agro-climate	stations	worldwide.	Thermoelectric	pyranometers	Figure	7.2	shows	a	thermoelectric	sensor	of	solar	radiation	often	called	a	Kipp	pyranometer.	When	solar	radiation	is	incident	on	a	surface	which	has	properties	close	to	those	of	a	blackbody,	the	surface	temperature	rises.	The	warmed	surface	loses	energy	to	its	surroundings	and
an	equilibrium	is	established	between	the	incoming	solar	energy	and	this	outgoing	heat	loss.	The	equilibrium	temperature	of	the	absorbing	surface	is	related	to	the	strength	of	the	solar	beam.	In	the	Kipp104	Measuring	Surface	Heat	Fluxes	79	(a)	Treated	surface	absorbs	solar	energy	Glass	domes	protect	and	filter	solar	radiation	(b)	Thermopile
measures	temperature	difference	between	surfaces	+	Hot	surface	warmed	by	radiation	Cool	surface	in	metal	at	air	temperature	Figure	7.2	(a)	Operating	principle	of	a	thermoelectric	sensor	for	measuring	solar	radiation;	(b)	Kipp	and	Zonen	pyranometer	which	uses	the	thermoelectric	method.	(From	Kipp	and	Zonen,	2010.)	pyranometer,	solar
radiation	is	measured	using	the	thermoelectric	effect	from	the	difference	in	temperature	between	the	surface	heated	by	solar	radiation	and	the	body	of	the	instrument.	A	thermopile	comprising	many	bi-metallic	junctions	connected	in	series	is	used	to	generate	the	voltage	produced.	Glass	domes	are	used	to	provide	protection	for	the	surface	receiving
solar	radiation	and	to	inhibit	convection	from	the	blackened	surface.	These	domes	also	act	as	a	filter,	restricting	incoming	energy	to	that	arriving	in	the	solar	waveband.	Many	of	the	pyranometers	in	common	use	today	are	thermoelectric	sensors	that	use	this	approach.	Photoelectric	pyranometers	Photoelectric	pyranometers	use	silicon	photovoltaic
detectors	that	provide	an	electrical	output	proportional	to	the	radiant	energy	falling	on	the	semiconductor.	The	sensitivity	of	photovoltaic	detectors	is	not	uniform	with	wavelength	and	they	are	not	sensitive	to	the	full	spectrum	of	the	energy	incident	in	the	solar	beam,	see	Fig.	7.3a.	Photoelectric	pyranometers	therefore	require	careful	calibration
against	a	standard	sensor	before	use.	It	is	assumed	that	any	changes	in	the	incoming	solar	spectrum,	in	changing	meteorological	conditions,	does	not	greatly	influence	the	calibration	of	the	instrument.	Commercial	photoelectric	pyranometers	(see	7.3b)	are,	however,	less	expensive	and	easier	to	use	than	other	pyranometers	and	they	are	popular
because	of	this.	After	careful	calibration,	the	error	in	the	measurement	they	provide	can	be	less	than	5%	under	most	conditions	of	natural	daylight.	By	carefully	introducing	filters	above	the	active	surface,	photovoltaic	sensors	can	be	designed	to	measure	the	incoming	energy	in	selected	wavebands.	The	most	common	requirement	is	for	sensors	which
measure	incoming	energy	in	the	0.4	μm	to	0.7	μm	waveband,	this	being	the	range	of	wavelengths	used	by	plants	for	photosynthesis.	Such	sensors	are	usually	referred	to	as	quantum	sensors.105	80	Measuring	Surface	Heat	Fluxes	(a)	0.25	Figure	7.3	(a)	Wavelength	dependent	response	of	a	LI-CORR	LI-200	photovoltaic	pyranometer	compared	with	the
spectrum	of	solar	radiation	above	and	below	the	atmosphere;	(b)	LI-COR	pyranometer	which	uses	the	photovoltaic	method.	(LI-COR	Environmental,	2010;	after	Federer	and	Tanner,	1966.)	Percent	relative	response	to	irradiance	Spectral	irradiance	(Sλ)	-	W	m	2	A	1	(b)	O	3	Solar	irradiation	curve	outside	atmosphere	Solar	irradiation	curve	at	sea	level
Curve	for	blackbody	ct	5900	k	O	3	H	2	O	O	2	H	2	O	Pyranometer	sensor	H	2	O	H	2	O	H	2	O	H	2	O	H2	O,	CO	2	Wavelength	(μ)	H	2	O,	CO	2	H	2	O,	CO	Measuring	net	radiation	Net	radiometers	differ	from	pyranometers	in	that	they	measure	the	difference	between	the	incoming	and	outgoing	radiant	energy	in	both	the	solar	and	the	longwave	wavebands.
Many	net	radiometers	currently	in	use	measure	the	net	difference	in	energy	input	to	two	blackened	surfaces,	one	facing	up	and	one	down.	Using	a	thermopile,	analogous	to	the	approach	used	in	thermoelectric	pyranometers,	the	difference	in	temperature	between	the	two	surfaces	generates	a	voltage,	see	Fig.	7.4a.	The	surfaces	are	commonly
protected	from	the	environment	(especially	precipitation)	by	polythene	domes	which	allow	radiation	of	all	wavelengths	to	reach106	Measuring	Surface	Heat	Fluxes	81	(a)	Downward	radiation	(all	wavelengths)	(b)	Polythene	domes	Dry	Nitrogen	to	inflate	domes	(c)	Treated	surfaces	absorbs	radiant	energy	at	all	wavelengths	+	Upward	radiation	(all
wavelengths)	Thermopile	measures	temperature	difference	between	surfaces	Figure	7.4	(a)	Schematic	diagram	of	a	thermoelectric	net	radiometer	which	measures	the	difference	in	radiant	energy	at	all	wavelengths	arriving	from	above	and	below;	(b)	A	simple	thermoelectric	net	radiometer;	(c)	Kipp	and	Zonen	CNR	4	thermoelectric	net	radiometer
which	measures	all	four	components	of	net	radiation	using	four	separate	sensors.	(From	Kipp	and	Zonen,	2010.)	the	two	active	surfaces,	see	Fig.	7.4b.	Sometimes	these	domes	are	inflated	using	dry	nitrogen	at	slightly	greater	than	atmospheric	pressure.	Net	radiation	can	also	be	obtained	by	measuring	all	four	components	of	net	radiation	(i.e.,	upward
and	downward	shortwave	radiation,	and	upward	and	downward	longwave	radiation)	separately.	Instrument	packages	can	be	obtained	comprising	four	separate	radiometers,	two	pyranometers	to	measure	the	solar	fluxes	and	two	pyrgeometers	to	measure	the	longwave	fluxes,	see	Fig.	7.4c.	These	radiometers	are	thermoelectric	sensors	operating
similarly	to	thermoelectric	pyranometers	but	with	appropriate	wavelength	filtering	to	select	the	required	wavebands.	Measuring	soil	heat	flux	Soil	heat	flux	is	measured	using	soil	heat	flux	plates.	These	are	circular	disks	a	few	centimeters	in	diameter	and	a	few	millimeters	thick	made	of	material	with	a	thermal	conductivity	that	is	broadly	similar	to
that	of	soil.	The	assumption	is	that	because	the	thermal	conductivity	is	similar,	when	the	disk	of	material	is	inserted	horizontally	into	the	soil	the	flow	pattern	of	heat	in	the	soil	is	not	greatly	disturbed.	There	are	shortcomings	in	this	assumption	because	the	thermal	conductivity	of	soil	changes	substantially	with	soil	moisture	content.	A	thermopile	with
the	bimetal107	82	Measuring	Surface	Heat	Fluxes	Air	Soil	surface	G	z	=	0	Figure	7.5	Arrangement	of	a	soil	heat	flux	plate	and	soil	thermometers	when	used	to	estimate	the	heat	flux	at	the	soil	surface.	Soil	Soil	heat	flux	plate	~5	cm	G	z	=	0	Soil	thermometers	junctions	alternately	near	the	top	and	bottom	of	the	soil	heat	plate	measures	the
temperature	difference	across	the	soil	heat	flux	plate.	Because	the	thermal	conductivity	and	thickness	of	the	soil	heat	flux	plate	are	known,	the	heat	flow	per	unit	area	through	the	plate	can	be	calculated	and	this	is	assumed	to	be	the	same	as	that	which	would	be	flowing	through	the	volume	of	soil	that	the	plate	replaces.	Soil	heat	flux	plates	cannot
realistically	be	used	on	the	surface	of	the	soil	so	they	are	normally	installed	at	some	depth	(typically	5	cm)	below	the	soil	surface,	see	Fig	Because	the	damping	depth	of	heat	flow	in	soils	is	typically	on	the	order	of	5	15	cm,	this	means	the	soil	heat	flux	measured	by	the	plate	is	not	a	good	estimate	of	the	surface	soil	heat	flux.	Therefore,	an	attempt	is
made	to	estimate	the	loss	or	gain	of	heat	in	the	layer	of	soil	between	the	plate	and	the	surface.	To	do	this	at	least	one	and	usually	more	thermometers	are	inserted	into	the	soil	to	measure	the	rate	of	change	of	soil	temperature	between	the	soil	flux	plate	and	the	surface.	Often	a	pit	with	a	vertical	edge	is	dug	and	these	thermometers	and	the	soil	heat
flux	plate	are	inserted	sideways	into	the	soil	through	the	edge	of	the	pit	to	minimize	soil	disturbance.	If	the	heat	capacity	per	unit	volume	of	the	soil,	C	s,	is	known,	the	corrected	soil	heat	flux	at	the	surface	is	estimated	from	the	soil	heat	flux	measure	by	the	plate	using:	G	=	G	+	C	z=	0	z=	d	s	δt	soil	δt	(7.1)	where	G	z=0	and	G	z=d	are	respectively	the
soil	heat	fluxes	at	the	surface	and	at	depth	d	at	which	the	soil	heat	flux	plate	is	inserted,	and	dt	soil	is	the	average	change	in	the	temperature	of	the	soil	layer	above	the	plate	over	the	period	dt	for	which	estimation	is	required.	Measuring	latent	and	sensible	heat	There	are	two	general	ways	in	which	the	fluxes	of	latent	and	sensible	heat	are	measured.
One	is	to	determine	one	or	both	of	these	energy	fluxes	by	making	meteorological	measurements	in	the	turbulent	air	just	above	the	surface	through108	Measuring	Surface	Heat	Fluxes	83	Wind	direction	A	Figure	7.6	Upwind	fetch	of	micrometeorological	sensors.	Fetch	of	instrument	A	which	they	pass.	The	second	way	is,	by	measuring	the	water	lost	by
evaporation	from	the	surface,	to	obtain	the	latent	heat	flux,	and	then	to	deduce	the	sensible	heat	flux	from	the	surface	energy	budget.	These	two	different	approaches	are	discussed	separately.	Micrometeorological	measurement	of	surface	energy	fluxes	When	energy	fluxes	are	measured	using	micrometeorological	techniques,	the	measurement	is	of
vertical	flow	made	at	a	point	with	a	sensor	or	sensors	mounted	typically	at	a	height	of	a	few	meters	or	tens	of	meters	on	a	pole	or	tower	in	the	turbulent	airstream	comparatively	close	to	the	ground.	Energy	exchange	is	assumed	to	be	vertical	and	the	energy	fluxes	are	assumed	independent	of	height	and	to	be	a	weighted	average	of	the	surface	fluxes
originating	upwind	of	the	instrumentation.	The	upwind	area	sampled	is	called	the	fetch,	see	Fig	The	proportional	contributions	from	areas	that	lie	within	the	fetch	depend	on	the	buoyancy	of	the	atmosphere,	the	height	of	the	sensor(s)	used,	and	on	the	aerodynamic	roughness	of	the	upwind	surface.	Several	different	micrometeorological	methods	have
been	used	in	the	past	but	here	attention	is	focused	on	the	two	still	in	common	use.	Bowen	ratio/energy	budget	method	One	method	that	has	been	much	used	to	measure	latent	and	sensible	heat	fluxes	is	based	on	the	surface	energy	budget.	The	approach	is	theoretically	simple.	It	relies	on	the	fact	that	it	is	always	possible	to	provide	an	estimate	of	the
sum	of	the	latent	and	sensible	heat	fluxes	at	any	point	from	Equation	(4.2)	providing	all	the	remaining	terms	in	the	surface	energy	balance	equation	can	be	measured,	thus:	H	+	l	E	=	A	(7.2)	where	A	is	the	available	energy	given	by	Equation	(4.3).	To	deduce	the	latent	and	sensible	heat	fluxes	separately,	a	second	equation	describing	their
interrelationship	is	required	and	the	ratio	of	the	sensible	to	the	latent	heat	fluxes,	b,	the	Bowen	ratio,	is	used	to	provide	this	second	relationship.	Consequently,	the	approach	is	called	the	Bowen	ratio/energy	budget	method.	To	estimate	the	ratio	of	the	flux	of	sensible	heat	to	the	flux	of	latent	heat	it	is	assumed	that	for	height	of	the	order	of	meters	to
tens	of	meters	above	the	ground,	the	transfer	processes	responsible	for	moving	sensible	heat	vertically	are	the	same109	84	Measuring	Surface	Heat	Fluxes	as	those	that	move	latent	heat	vertically,	and	that	these	are	equally	effective	in	each	case.	Recognizing	the	need	to	express	temperatures	in	terms	of	virtual	potential	temperature	when	describing
flow	in	a	hydrostatic	atmosphere	(see	Chapter	3),	the	rate	of	vertical	sensible	heat	flow	between	two	levels	is	assumed	to	be	proportional	to	the	difference	in	atmospheric	heat	content	at	these	two	levels,	i.e.,	proportional	to	the	difference	in	(r	a	c	p	q	v	).	Similarly,	the	rate	of	water	vapor	flow	between	the	same	two	levels	is	assumed	to	be	proportional
to	the	difference	in	humidity	content	between	the	two	levels,	i.e.,	proportional	to	the	difference	(r	a	q),	and	latent	heat	flow	is	then	proportional	to	this	difference	multiplied	by	λ.	Consider	two	levels	where	the	potential	temperatures	are	q	v	1	and	q	v2,	respectively,	and	the	specific	humidities	are	q	1	and	q	2,	respectively.	If	the	processes	for	the
transfer	of	heat	and	water	vapor	are	the	same	between	these	levels,	then	β	is	given	by:	2	1	=	(	racpqv)	(	racpqv)	b	2	1	(	rl	a	q	)	(	rl	a	q	)	(7.3)	Substituting	for	q	using	Equation	(2.9),	this	equation	can	be	rewritten	as:	H	b	=	=	g	le	Δq	v	Δe	(7.4)	where	Δθ	v	and	Δe	are	the	differences	in	virtual	potential	temperature	and	vapor	pressure	between	levels	1
and	2,	respectively,	and	γ	is	the	psychrometric	constant	defined	by	Equation	(2.25).	Because	the	sum	and	the	ratio	of	the	sensible	heat	and	latent	heat	fluxes	are	known,	individual	values	of	these	two	fluxes	can	be	calculated	by	combining	Equations	(7.2)	and	(7.4)	to	give:	le	=	A	1+	(	b)	(7.5)	and:	H	=	A	l	E	(7.6)	Measuring	the	difference	in	air
temperature	and	humidity	between	two	heights	required	to	calculate	the	Bowen	ratio	from	Equation	(7.4)	can	be	difficult	if	these	differences	are	comparable	in	size	with	systematic	errors	in	the	instruments	used.	But	field	systems	have	been	designed	to	minimize	the	effect	of	sensor	errors;	one	approach	(Fig.	7.7)	is	to	regularly	interchange	pairs	of
temperature	and	humidity	sensors	between	the	two	levels.	In	practice,	measuring	the	difference	in	humidity	is	usually	more	difficult	than	measuring	the	difference	in	temperature	and	an	effective	way	to	minimize	the	effect	of	humidity	measurement	errors	is	to	duct	air	alternately	from	the	two	levels	to	a	common	humidity	sensor	(Fig.	7.8).	The	effect
of	any	instrumental	offset	error	then	cancels	out	in	the	measured	difference.110	Measuring	Surface	Heat	Fluxes	85	(a)	Reversing	motor	housing	Vane	Thermopile	cables	Plug	Wet-bulb	Inner	shield	Dry-bulb	PVC	Tee	Outer	shield	PVC	Pipe	(b)	Radiation	shield	Stop	Water	reservoir	Plug	PVC	Tee	Aspiration	motor	(Viewed	from	the	front	of	the	system)
Figure	7.7	(a)	Schematic	diagram	of	a	Bowen	ratio	measuring	system	with	interchanging	temperature	and	humidity	sensors;	(b)	A	Bowen	ratio	measuring	system	with	interchanging	sensors	used	over	short	vegetation.	(From	McCaughey,	1981,	published	with	permission.)	Eddy	correlation	method	In	the	atmosphere	a	few	meters	or	tens	of	meters
above	the	ground,	vertical	movement	of	atmospheric	entities	is	almost	entirely	by	turbulent	transport.	Near	a	horizontal	surface	the	mean	wind,	u,	is	parallel	to	the	ground	so	at	any	point,	P,	the	average	wind	vector	perpendicular	to	the	ground,	w,	is	near	zero	(Fig.	7.9).	However,	the	turbulent	eddies	in	the	air	cause	pseudo-random	fluctuations	in	the
vertical	wind,	w,	and	in	other	atmospheric	variables.	In	particular,	there	are	fluctuations	q	around	the	mean	value	of	specific	humidity,	q,	and	fluctuations	q	v	around	the	mean	value	of	virtual	potential	temperature,	q	v.	Upward	movement	of	water	vapor	in	the	turbulent	field	means	that	on	average	there	is	a	correlation	between	fluctuations	of	higher
than	average	humidity	and	movement	of	air	away	from	the	surface,	i.e.,	a	correlation	with	positive	fluctuations	in	vertical	wind	speed.	Similarly	lower	than	average	fluctuations	in	average	humidity	are	on	average	correlated	with	negative	fluctuations	in	vertical	wind	speed.	Integrating	the	product	of	the	instantaneous	value	of	w	with	the	instantaneous
fluctuation	in	the	volumetric	latent	heat	content	of	the	air,	(l	r	a	q	),	gives	the	time	average	outward	flux	of	latent	heat,	λe,	i.e.:	le	=	l	r	q	w	(7.7)	a111	86	Measuring	Surface	Heat	Fluxes	(a)	(b)	Water	vapor	measurement	Figure	7.8	(a)	Schematic	diagram	of	a	Campbell	Scientific	Bowen	ratio/energy	budget	system	for	measuring	latent	and	sensible	heat
with	humidity	measured	by	ducting	air	alternately	to	a	common	sensor;	(b)	Schematic	diagram	of	the	system	used	to	duct	air	to	the	common	humidity	sensor.	(From	Campbell	Scientific,	1987.)	Air	intakes	at	two	heights	2	liter	containers	extends	time	constant	of	vapor	measurement	Cooled	mirror	Dew	PT.	Sounoid	valve	controls	which	input	goes	to
cooled	mirror.	switched	every	2	minutes	Adjustable	flow	meters	Pump	Similarly,	integrating	the	product	of	the	instantaneous	value	of	w	with	the	instantaneous	fluctuation	in	the	volumetric	heat	content	of	the	air,	(r	a	c	p	q	v	)	gives	the	time	average	sensible	heat	flux,	H,	i.e.:	H	=	r	c	q	w	(7.8)	a	p	v	Thus,	to	measure	the	latent	and	sensible	heat	fluxes	it
is	necessary	to	take	simultaneous,	co-located	measurements	of	the	wind	speed	perpendicular	to	the112	Measuring	Surface	Heat	Fluxes	87	Figure	7.9	Mean	and	vertical	wind	speed	components	parallel	to	and	perpendicular	to	the	surface.	The	mean	perpendicular	wind	is	zero,	with	fluctuations	in	vertical	wind	speed	caused	by	turbulent	eddies.
surface,	atmospheric	humidity,	and	temperature	above	the	ground.	Rapid	response	sensors	are	required	to	capture	high	frequency	fluctuations	and	the	sensors	must	have	stable	calibration	over	the	period	over	which	the	time-average	product	is	calculated.	To	make	the	measurement,	sometimes	electronic	hardware	is	used	to	rapidly	interrogate	the
sensors	and	to	compute	the	fluctuating	component	of	each	measured	value	and	their	instantaneous	cross	products,	and	then	to	average	and	store	the	resulting	fluxes,	preferably	over	long	periods.	However,	now	that	data	storage	is	inexpensive,	simply	storing	the	data	for	later	analysis	is	an	alternative.	In	practice,	the	turbulent	eddies	responsible	for
the	flux	transfer	occur	over	a	wide	range	of	frequencies,	with	the	spectrum	of	contributing	frequencies	being	determined	by:	ambient	horizontal	wind	speed	there	is	more	transfer	at	higher	frequencies	when	wind	speeds	are	greater;	sensor	mounting	height	there	is	more	transfer	at	lower	frequencies	when	sensors	are	mounted	farther	from	the
surface;	aerodynamic	roughness	of	the	surface	there	is	more	transfer	at	lower	frequencies	over	rougher	surfaces	such	as	forest	than	smoother	surfaces	such	as	bare	soil;	and	atmospheric	buoyancy	there	is	more	transfer	at	lower	frequencies	in	unstable	atmospheres.	In	eddy	correlation	measuring	systems,	measurements	are	usually	attempted	using
sensors	that	can	resolve	frequencies	from	about	ten	cycles	per	second	to	about	ten	cycles	per	hour.	Evaporation	measurement	from	integrated	water	loss	Evaporation	can	be	measured	as	the	net	water	loss	to	the	atmosphere	from	a	terrestrial	surface	over	a	given	time	period.	If	required,	the	time	average	latent	heat113	88	Measuring	Surface	Heat
Fluxes	Precipitation	input,	P	Evaporation	output,	E	Runin,	V	ri	Figure	7.10	Water	balance	of	a	sample	volume	used	to	measure	the	net	water	loss	to	the	atmosphere	as	evaporation	by	measuring	the	other	inputs	and	outputs	to	the	volume.	Leakage,	V	L	Surface	area,	A	Storage,	V	s	Runoff,	V	ro	Sample	volume	can	then	be	calculated	from	this.	The
approach	is	to	define	a	sample	of	the	evaporating	surface	with	known	area	for	which	the	water	balance	can	be	closed,	i.e.,	to	define	a	sample	for	which	all	the	water	entering	or	leaving	can	be	measured	or	adequately	estimated.	The	water	balance	equation	for	such	a	sample	volume	is	illustrated	in	Fig.	7.10,	and	the	evaporation	from	the	sample	is
calculated	from:	(	)	vri	Vro	+Δ	Vs	+	VL	E	=	P	(7.9)	A	where	E	is	the	(required)	evaporation	loss	from	and	P	is	measured	precipitation	input	to	the	sample	volume,	both	in	mm	depth	of	water;	A	is	the	surface	area	of	the	sample,	in	m	2	;	V	ri	and	V	ro	are	the	runin	to	and	runoff	from	the	sample	volume,	respectively,	measured	in	liters;	ΔV	s	is	the
measured	or	estimated	change	in	water	stored	in	the	sample	volume,	in	liters;	and	V	L	is	the	unmeasured	loss	from	the	system,	in	liters.	V	L	is	therefore	the	error	in	the	evaporation	arising	from	poor	water	balance	closure.	Evaporation	pans	The	first	measurements	of	evaporation	were	of	the	evaporation	from	the	surface	of	samples	of	water	held	in	a
container	exposed	to	the	atmosphere.	Measurement	from	well-specified	containers,	usually	called	evaporation	pans,	is	still	much	used	to	provide	an	approximate	index	of	the	atmospheric	conditions	that	influence	the	evaporation	rate	from	well-watered	crops	and	soils.	Many	designs	for	evaporation	pans	have	been	documented,	one	that	has	been
widely	adopted	as	a	standard	is	the	US	Weather	Bureau	Class	A	pan	(Fig.	7.11).	This	is	a	cylindrical	raised	pan	mounted	above	ground	with	an	area	of	1.21	m	2	and	a	depth	of	m	which	is	made	of	22-gauge	galvanized	iron	or	monel	metal,	and	which	is	mounted	horizontally	0.15	m	above	ground	on	a	wooden	platform	with	soil	build	up	to	be	within114
Measuring	Surface	Heat	Fluxes	89	Figure	7.11	US	Weather	Bureau	Class	A	pan	(From	Illinois	State	Water	Survey	atmos/statecli/instruments/	panevap.jpg.)	0.05	m	beneath	the	pan.	Water	is	added	to	the	pan	as	needed	so	that	the	water	level	is	always	m	below	the	rim	of	the	pan.	The	measurements	provided	by	evaporation	pans	are	usually
significantly	greater	than	the	evaporation	from	nearby	surfaces	such	as	crops	and	lakes.	This	is	mainly	because	the	energy	balance	of	the	pan	is	not	representative.	Some	of	the	energy	for	evaporation	comes	from	radiant	energy	incident	on	the	sides	of	the	pan,	conduction	through	the	sides	or	bottom	of	the	pan,	and/or	energy	transferred	from	the	air
as	it	blows	over	the	(usually	cooler)	water	surface.	For	this	reason	empirical	correction	factors,	called	pan	coefficients,	are	used	to	correct	the	measured	evaporation	rates	downward	to	give	a	better	estimate	of	the	evaporation	rates	for	nearby	vegetation,	soil,	or	water	surfaces.	Pan	coefficients	can	be	in	the	range	0.3	to	1.0	but	are	more	typically	in
the	range	0.65	to	Their	value	depends	on	wind	speed,	relative	humidity	and	where	the	pan	is	located,	relative	to	the	area	for	which	estimates	are	required,	see	Chapter	23.	If,	for	example,	evaporation	estimates	are	sought	for	an	irrigated	grass	crop	located	in	a	dry	landscape,	the	crop	factor	appropriate	for	a	pan	located	within	the	cropped	area	is
closer	to	unity	than	the	pan	factor	for	a	pan	located	at	the	edge	of	the	crop	that	is	exposed	to	less	humid	air	from	the	surrounding	dry	area.	Watersheds	and	lakes	Evaporation	has	been	inferred	from	the	water	balance	of	watersheds	and	lakes	but	this	is	difficult	to	do	with	high	accuracy	because	it	is	often	deduced	as	a	comparatively	small	residual	in	a
water	balance	in	which	other	terms	dominate.	Although	errors	in	measured	runoff	can	be	just	a	few	percent,	the	errors	in	estimating	areaaverage	precipitation	and	water	storage	can	be	significantly	higher,	say	5	15%	because	of	the	sampling	errors	which	can	be	significant	over	large	areas,	see	Chapter	12.	In	addition,	unmeasured	groundwater
leakage	is	a	systematic	error	that	is	hard	to	estimate.	As	a	result,	errors	in	estimates	of	evaporation	made	from	the	water	balance	of	catchments	and	lakes	may	be	as	high	as	20	30%.	However,	comparative	studies	of	the	water	balance	of	carefully	selected	and	well-maintained	paired	catchments	have	given	definitive	evidence	of	evaporation115	90
Measuring	Surface	Heat	Fluxes	Severn	(65%	forest;	35%	grassland)	Wye	(100%	grassland)	Cumulative	totals(mm)	Precipitation	Grassland	Severn	Forest	Evaporation	Wye	Year	Figure	7.12	Results	of	the	Plynlimon	paired	catchment	study	demonstrating	the	additional	water	loss	as	evaporation	for	the	partly	forested	catchment.	differences	for	different
vegetation	covers.	Figure	7.12	shows	the	results	of	a	good	example,	the	Plynlimon	catchments,	which	demonstrate	a	clear	difference	in	the	area-average	evaporation	loss	from	two	adjacent	catchments,	one	entirely	grassland	and	one	partially	forested,	in	the	high	rainfall	maritime	climate	of	Wales.	Lysimeters	Lysimeters	are	sometimes	regarded	as
providing	the	standard	evaporation	measurement	against	which	alternative	measurement	methods	can	be	validated.	High	quality	lysimeter	systems	are	expensive,	however,	and	their	use	requires	great	care.	Accurate	lysimeters	have	been	much	used	in	research	to	calibrate	some	of	the	empirical	formulae	used	to	estimate	evaporation	from	irrigated
crops,	see	Chapter	23.	The	method	requires	isolating	a	sample	volume	of	soil	and	vegetation,	typically	m	in	diameter,	in	a	container	from	which	there	is	no	leakage	and	from	which	runoff	is	measured.	The	incoming	water	as	precipitation	is	measured,	and	the	change	in	the	water	inside	the	container	determined,	often	by	weighing	the	whole	lysimeter.
Lysimeters	must	be	installed	carefully	to	leave	the	natural	soil	and	vegetation	undisturbed,	and	if	a	crop	is	grown	in	the116	Measuring	Surface	Heat	Fluxes	91	Soil	moisture	content	Soil	water	potential	Depth	below	soil	surface	Final	soil	moisture	content	profile	A	B	Initial	soil	moisture	content	profile	Average	zero	flux	plane	Water	movement	upwards
Water	movement	downwards	Final	profile	Initial	profile	Depth	below	soil	surface	A	B	Water	lost	to	evaporation	Water	lost	to	drainage	Figure	7.13	Measuring	evaporative	water	loss	using	soil	water	depletion	with	regions	in	the	profile	with	upward	and	downward	water	loss	defined	by	the	zero	flux	plane	obtained	from	measurements	of	soil	water
potential.	(From	Shuttleworth,	1993,	published	with	permission.)	surrounding	area,	an	identical	crop	must	be	grown	in	the	lysimeter	to	maintain	a	similar	soil	moisture	status.	Soil	moisture	depletion	Evaporation	is	sometimes	measured	by	monitoring	incoming	precipitation	and	the	change	in	soil	moisture	beneath	sample	areas	of	vegetation	and	soil.
The	change	in	soil	moisture	can	be	determined	in	different	ways,	including	using	neutron	probes,	capacitance	probes,	and	time-domain	reflectometer	sensors.	Adequate	spatial	sampling	is	required	for	an	accurate	estimate	of	evaporation,	and	drainage	must	either	be	easily	quantified	or	negligible.	This	method	is	particularly	useful	for	comparing
evaporation	from	undisturbed	plots	of	different	crops.	The	method	becomes	more	accurate	if	there	are	co-located	measurements	of	soil	tension	to	determine	the	average	zero	flux	plane	which	separates	regions	in	the	soil	profile	in	which	movement	is	primarily	upward	from	those	where	it	is	downward,	see	Fig	Comparison	of	evaporation	measuring
methods	Attributes	of	the	several	evaporation	measuring	methods	described	above	are	given	in	Table	7.1	along	with	their	relative	strengths	and	weaknesses,	the	scale	at	which	measurement	is	made,	and	likely	errors	in	each	method.117	Table	7.1	Summary	of	attributes	of	different	method	for	measuring	evaporation	along	with	opinions	on	their
relative	strengths	and	weaknesses,	the	scale	at	which	measurement	is	made,	and	likely	errors	in	each	method.	Micrometeorological	methods	Brief	Description	Assumptions	Strengths	and	weaknesses	Scale	of	Measurement	Error	Bowen	Ratio	Energy	Budget	Calculate	evaporation	as	the	latent	heat	from	the	surface	energy	budget	using	the	ratio	of
sensible	to	latent	heat	(Bowen	ratio)	derived	from	the	ratio	between	atmospheric	temperature	and	humidity	gradients	measured	over	a	few	meters	above	the	vegetation.	Eddy	correlation	Calculate	the	evaporation	as	20	to	60	minute	time	averages	from	the	correlation	coefficient	between	fluctuations	in	vertical	windspeed	and	atmospheric	humidity
measured	at	high	frequency	(~10	Hz)	and	at	the	same	place,	a	few	meters	above	the	vegetation.	Assumes	the	turbulent	diffusion	coefficient	for	sensible	heat	and	latent	heat	are	the	same	in	the	lower	atmosphere	in	all	conditions	of	atmospheric	stability,	and	sample	plot	scale	measurements	of	energy	budget	components	(net	radiation,	soil	heat)	are
representive	of	upwind	conditions.	Assumes	transfer	of	water	vapor	is	all	via	turbulent	transfer	at	the	sample	point,	but	does	not	occur	in	turbulence	with	associated	time	scales	less	than	~0.1	seconds	or	greater	than	the	selected	averaging	time.	Fairly	well	established	method	which	is	available	as	relatively	inexpensive	proprietary	systems	that	can	be
used	for	both	short	crops	and	natural	vegetation	but	is	problematic	over	tall	vegetation	when	atmospheric	gradients	are	low	and	commonly	cannot	be	used	during	hours	around	dawn	and	dusk	hours	when	the	Bowen	ratio	is	minus	one.	The	preferred	method	for	field	scale	measurements	in	research	applications,	gives	routine	unsupervised	data
collection	using	reasonably	expensive	proprietary	logger	and	co-located	sensors,	but	prone	to	systematic	underestimation	of	fluxes	so	best	used	to	measure	Bowen	ratio,	with	evaporation	then	deduced	from	surface	energy	budget	Field	scale	Errors	associated	with	assumptions	and	representativeness	and	the	errors	in	required	supplementary	sensors
imply	overall	errors	can	be	~5	15%.	Field	scale	Systematic	underestimation	up	to	25%	can	occur	in	the	basic	measurement,	reduced	to	random	errors	~5	15%	if	sensible	heat	also	measured	and	energy	balance	used	Water	loss	measurements	Brief	Description	Assumptions	Strengths	and	weaknesses	Scale	of	Measurement	Error	Evaporation	pan
Direct	measurement	of	the	change	in	water	level	over	time	for	a	sample	of	open	water	in	a	pan	with	well-specified	dimensions	and	siting.	Assumes	that	the	relationship	between	the	measured	evaporation	from	pans	(with	prescribed	characteristics)	and	the	actual	evaporation	from	the	adjacent	area	can	be	calibrated,	and	that	this	calibration	is
transferrable	between	different	locations	and	climates	Method	is	long	established	and	well-recognized,	simple	to	understand	and	implement,	and	reasonably	inexpensive;	but	because	it	fundamentally	relies	on	the	validity	of	an	extrapolated	calibration	factor	previously	defined	elsewhere,	it	is	primarily	used	for	crop	evaporation	estimates	rather	than
heterogeneous	natural	vegetation	covers	Plot	scale	(assumed	representative	at	field	scale)	Varies	with	reliability	and	relevance	of	calibration	factor,	but	~10	20%	errors	are	possible	for	crops,	with	greater	errors	likely	for	natural	vegetation	because	calibration	may	be	unknown118	Water	balance	of	catchment	The	unmeasured	difference	between
other	measured	components	of	the	catchment	water	balance,	including	incoming	precipitation,	surface	(and	preferably	also	groundwater)	outflow,	and	the	change	in	soil	water	storage.	Lysimetry	Measures	the	change	in	weight	over	time	of	an	isolated	preferably	undisturbed	sample	of	soil	and	overlying	vegetation	while	simulataneously	measuring
incoming	precipitation	to	and	outgoing	drainage	from	the	sample	Soil	moisture	depletion	Measure	the	change	in	water	content	of	a	representative	sample	of	undisturbed	soil	and	vegetation	while	simulataneously	measuring	incoming	precipitation	and	run-on	and	runoff	and	estimating	deep	drainage	for	the	sample	plot	Assumes	all	the	other
components	of	the	catchment	water	balance	can	be	measured	as	spatial	averages	with	sufficient	accuracy	for	evaporation	to	be	reliably	calculated	as	perhaps	a	small	difference	between	them.	Assumes	that	the	sample	of	soil	and	overlying	vegetation	on	which	measurements	are	made	are	representative	of	the	plot	or	field	for	which	evaporation
measurement	is	required	in	terms	of	soil	water	content	and	vegetation	growth	and	vigor.	Assumes	soil	water	measuring	device	(resistance	blocks,	tensiometers,	neutron	probes,	time-domain	reflectometers,	capacitance	sensors)	adequately	determine	change	in	soil	water,	the	effects	of	deep	roots	and	sensor	placement	are	small,	and	deep	drainage	can
be	estimated	adequately.	Gives	an	area-average	measurement	for	natural	vegetation	covers	for	a	hydrologically	significant	region	which	relates	to	water	resource	issues,	but	area-average	measurement	of	the	other	water	balance	terms	can	be	expensive	and	difficult,	especially	groundwater	flow	and	soil	water	storage,	consequently	only	longer	time-
average	estimates	are	possible	If	the	soil	and	vegetation	sample	is	truly	representative	(difficult	to	achieve),	the	lysimeter	is	widely	accepted	as	being	an	unparalleled	standard	against	which	to	compare	and	validate	other	evaporation	measurements/models	of	crop	evaporation,	but	modern	high	precison	lysimeters	are	very	expensive	(~$50k)	and
require	expert	supervision.	Measurement	is	reasonably	inexpensive	and,	in	principle,	representative	of	the	often	crop	covered	plot	in	which	it	is	implemented,	but	disturbance	during	installation	of	soil	water	sensors	and	deep	roots	extending	below	the	measurement	depth	can	negatively	influence	the	measurement,	and	deep	drainage	is	hard	to
estimate.	Catchment	scale	Varies	with	quality	of	implementation	and	size	and	nature	of	catchment,	but	errors	as	low	as	~10	20%	may	be	achievable	in	research	catchments	with	persistent	care	Sample	scale	(assumed	representative	at	plot	or	field	scale)	Plot	scale	(assumed	representative	at	field	scale)	State	of	the	art	lysimeters	can	provide	daily
measurements	with	high	accuracy	(few%),	but	errors	can	easily	become	substantial	(few	10%)	with	unrepresentative	sampling.	Varies	with	quality	of	implementation	but	errors	of	~5	15%	likely	achievable	with	TDR	or	neutron	probes;	(soil	capacitance	and	conductivity	sensors	not	yet	accurate	enough.119	94	Measuring	Surface	Heat	Fluxes	Important
points	in	this	chapter	Measuring	solar	radiation:	either	estimated	from	cloud	cover	(reported	by	an	observer,	or	from	a	Campbell-Stokes	recorder	that	focuses	the	Sun	s	rays	to	burn	a	card	when	skies	are	clear);	or	measured	using	a	Thermoelectric	pyranometer	(from	the	heating	it	induces	on	a	blackened	surface),	or	a	Photoelectric	pyranometer	(from
the	electrical	output,	from	a	silicone	voltaic	detector,	that	it	generates).	Measuring	net	radiation:	either	measured	as	the	difference	in	temperature	between	blackened	surfaces	using	a	thermopile	in	a	net	radiometer,	or	by	measuring	all	four	components	of	net	radiation	separately	using	two	pyranometers	to	measure	(upward	and	downward)	solar
radiation	and	two	pyrgeometers	to	measure	(upward	and	downward)	longwave	radiation.	Measuring	soil	heat	flux:	measured	using	the	temperature	difference	across	a	soil	heat	flux	plate	(a	disk	a	few	centimeters	in	diameter,	a	few	millimeters	thick,	with	thermal	conductivity	similar	to	soil)	inserted	typically	~5	cm	below	ground,	with	thermometers
above	to	estimate	flux	loss	in	the	soil	between	the	surface	and	plate.	Micrometeorological	measurement	of	latent	and	sensible	heat:	two	techniques	remain	in	common	use	both	involve	deploying	sensors	meters	or	tens	of	meters	above	the	ground.	Bowen	ratio/energy	budget	method.	H	and	le	are	deduced	by	simultaneously	measuring	(a)	all	the	other
components	of	the	surface	energy	budget,	to	determine	the	sum	of	H	and	le;	and	(b)	the	gradients	of	temperature	(strictly	virtual	potential	temperature)	and	humidity	(often	measured	as	vapor	pressure),	to	determine	the	ratio	of	H	to	le.	Individual	values	are	calculated	from	the	sum	and	ratio	of	the	two.	Sometimes,	when	gradients	are	small,	accuracy
is	improved	by	interchanging	sensors	between	levels	or	ducting	air	from	different	levels	alternately	to	a	common	sensor.	Eddy	correlation	method.	H	and	le	are	deduced	by	multiplying	the	instantaneous	fluctuation	in	vertical	wind	speed	with	the	instantaneous	fluctuation	in	the	volumetric	heat	content	of	the	air	to	give	the	instantaneous	value	of	H,
and	with	the	instantaneous	fluctuation	in	the	volumetric	latent	heat	content	of	the	air	to	give	the	instantaneous	value	le.	Time-average	values	are	found	by	integrating	these	instantaneous	flux	values.	Rapid	response	sensors	with	stable	calibration	are	required,	these	typically	being	interrogated	several	times	per	second.	Integrated	water	loss
measurement	of	evaporation:	involves	defining	a	sample	of	the	evaporating	surface	for	which	all	the	water	entering	or	leaving	can	be	measured	over	the	sampling	period.	Common	measurements	include	the	following:120	Measuring	Surface	Heat	Fluxes	95	Evaporation	pans.	The	measured	evaporation	from	a	sample	of	water	held	in	a	prescribed
container	(e.g.,	the	Class	A	pan)	may	be	used	as	an	indication	of	that	from	nearby	surfaces	such	as	crops	and	lakes,	but	requires	correction	using	an	empirical	pan	coefficient	in	the	range	(but	usually	).	Watersheds	and	lakes.	Evaporation	may	be	inferred	from	the	measured	water	balance	of	watersheds	and	lakes,	but	this	is	difficult	because	it	is
deduced	as	a	small	residual	in	a	water	balance	in	which	other	terms	dominate,	so	errors	may	be	20	30%.	Lysimeters.	Evaporation	is	determined	from	detailed	measurements	of	the	water	balance	for	a	sample	of	soil	and	vegetation	that	is	representative	of	its	surroundings,	but	ensuring	this	can	be	a	challenge.	High	quality	weighing	lysimeters	are
considered	the	(albeit	expensive)	standard	against	which	alternatives	can	be	validated.	Soil	moisture	depletion.	The	measurements	of	precipitation	and	the	change	in	the	soil	moisture	stored	in	the	soil	profile	(measured	using	neutron	probes,	capacitance	probes,	time-domain	reflectometers,	etc.)	can	be	used	to	estimate	evaporation.	References
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In:	Handbook	of	Hydrology	(ed.	D.	Maidment),	pp	McGraw-Hill,	New	York.121	8	General	Circulation	Models	Introduction	Among	the	many	acronyms	used	by	scientists	arguably	GCM	is	currently	the	best	recognized	and	most	widely	used,	not	only	by	meteorologists	and	hydrometeorologists	but	also	by	other	scientific	disciplines,	politicians	and
policymakers,	and	by	members	of	the	public.	Many	non-experts	think	the	acronym	is	shorthand	for	Global	Climate	Model	because	it	is	widespread	interest	in	global	climate	change	that	has	fostered	its	popularity.	But	the	acronym	predates	this	widespread	interest	and	in	reality	it	is	shorthand	for	General	Circulation	Model.	This	chapter	is	written	to
provide	an	introduction	to	this	aspect	of	present-day	atmospheric	science	for	hydrometeorologists	who	will	not	necessarily	become	experts	in	the	specialized	field	of	atmospheric	modeling,	but	who	need	to	be	familiar	with	the	basic	nature	of	GCMs	and	their	strengths	and	shortcomings.	Because	changes	in	the	hydroclimate	of	the	Earth	are	predicted,
hydroclimatologists	and	hydrometeorologists	need	a	basic	understanding	of	the	models	used	to	make	such	predictions.	What	are	General	Circulation	Models?	General	Circulation	Models	are	complex	computer	programs	written	to	describe	how	the	air	in	the	atmosphere	moves,	or	circulates,	around	the	globe.	To	do	this	they	include	in	their	code	the
equations	that	describe	the	conservation	and	movement	of	momentum,	energy,	and	the	mass	of	atmospheric	constituents	(including	water	vapor)	which	are	discussed	in	later	chapters.	They	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.122	General	Circulation
Models	97	also	include	equations	describing	the	processes	that	transfer	momentum,	energy,	and	mass	into	and	out	of	the	atmosphere	from	oceans	and	continents,	and	the	energy	incoming	to	the	atmosphere	as	shortwave	radiation	from	the	Sun	and	outgoing	as	longwave	radiation	to	deep	space.	Aspects	of	these	processes	were	discussed	in	earlier



chapters.	GCMs	also	include	in	their	code	equations	that	describe	the	evolution	with	time	of	atmospheric	constituents.	This	may	require	description	of	chemical	reactions	but	much	more	commonly	it	requires	that	the	phase	changes	for	atmospheric	constituents	are	described,	the	description	of	the	phase	changes	of	water	being	the	most	important
need.	When	describing	the	computational	mechanics	that	GCMs	use	to	describe	the	atmosphere,	it	is	helpful	first	to	draw	an	analogy	with	the	computer	programs	that	are	set	up	to	manage	bank	accounts.	GCMs	manage	atmospheric	bank	accounts	for	volumes	of	atmosphere	each	of	which	is	defined	by	the	area	of	the	Earth	s	surface	it	overlies
(specified	as	lying	between	latitude	and	longitude	limits)	and	by	a	height	range	above	the	ground.	Although	not	strictly	cubes,	one	might	visualize	these	volumes	as	being	equivalent	to	bricks	which	when	cemented	together	form	the	whole	atmosphere.	The	bank	accounts	maintained	by	the	GCM	for	each	volume	of	atmosphere	contain	wealth	in	several
different	currencies,	the	most	important	being	the	energy,	momentum,	and	mass	of	atmospheric	constituents.	Extending	the	bank	account	analogy	one	step	further,	at	regular	intervals	a	banking	program	would	update	the	bank	accounts	it	maintains	to	reflect	changes	in	the	amount	held	in	each	currency	in	each	account	as	a	result	of	financial
transactions	between	them,	and	the	interest	earned	on	deposits	and	value	lost	by	inflation.	In	a	broadly	similar	way,	having	built	this	basic	descriptive	framework	for	the	atmosphere,	at	regular	intervals	GCMs	represent	how	much	energy,	momentum,	and	mass	is	moved	between	the	volumes	of	atmosphere	it	has	defined	and	the	extent	to	which	there
are	internally	generated	increases	or	decreases	within	the	volume.	Figure	8.1	illustrates	how	a	GCM	might	partition	the	atmosphere	into	segments	and	some	of	the	exchanges	and	internal	processes	that	are	represented	in	the	model.	The	size	of	the	areas	of	atmosphere	represented	in	each	column	of	air,	which	is	usually	called	the	grid	scale	of	the
GCM,	and	the	height	range	of	each	volume	within	each	column	are	mainly	determined	by	computational	constraints.	The	computer	memory	available	to	store	values	of	atmospheric	variables	for	each	volume	element	in	part	determines	the	size	of	the	volume	elements	selected.	However,	just	as	important,	if	the	computer	program	is	to	remain	stable,
the	time	step	at	which	updates	are	made	to	the	variables	in	each	volume	element	falls	rapidly	as	the	grid	scale	and	height	ranges	decrease.	Hence,	the	run	time	of	atmospheric	simulations	also	rapidly	increases	as	the	grid	scale	and	height	ranges	decrease.	In	practice,	for	stable	operation	a	time	step	of	minutes	is	required	when	GCMs	have	a	grid
scale	of	a	few	hundred	kilometers.123	98	General	Circulation	Models	Vertical	exchange	between	levels	IN	THE	ATMOSPHERIC	COLUMN	Wind	vectors	Humidity	Clouds	Temperature	Height	AT	THE	SURFACE	Ground	temperature,	water	and	energy	fluxes	Horizontal	exchange	between	columns	Figure	8.1	Partition	of	the	atmosphere	in	GCMs	in
Cartesian	coordinates	and	the	exchanges	and	internal	processes	represented	in	the	model.	(From	Henderson-	Sellers	and	McGuffie,	1987,	published	with	permission.)	How	are	General	Circulation	Models	used?	General	Circulation	Models	(GCMs)	are	currently	used	in	three	main	ways,	their	application	having	evolved	historically	as	atmospheric
scientists	have	come	to	realize	additional	ways	in	which	they	can	be	used.	GCMs	were	originally	developed	in	support	of	Numerical	Weather	Prediction	(NWP),	their	purpose	in	this	application	being	to	provide	a	physically	realistic	description	of	the	circulation	of	the	atmosphere	that	is	responsible	for	moving	weather	systems	across	the	Earth	s
surface.	National	and	international	weather	forecasting	centers	continue	developing	and	applying	GCMs	extensively	for	this	important	purpose.	The	process	used	is	essentially	one	of	extrapolation.	Weather	forecast	centers	first	use	as	much	observational	data	as	they	can	routinely	obtain	to	help	define	a	measurementinfluenced	description	of	the
atmosphere,	much	of	this	data	being	obtained	via	the	World	Weather	Watch	(WWW)	system	managed	by	the	World	Meteorological	Organization	(WMO).	This	becomes	the	initial	state	specified	in	the	GCM	when	used	for	NWP,	with	updating	of	initial	states	and	subsequent	weather	predictions	based	on	each	initiation	typically	being	made	at	six	hourly
intervals.	There	are	always	observational	errors	in	measured	variables	and	these	must	be	recognized	when	the	initial	model	state	is	defined,	otherwise	the	GCM	will	become	unstable	when	run	forward	in	time.	To	cope	with	this	issue,	the	process	known	as	four-dimensional	data	assimilation	(4DDA)	is	used.	This	involves124	General	Circulation	Models
99	making	a	compromise	between	the	model-calculated	fields	defined	by	the	GCM	at	the	time	of	the	initiation	(which	are,	of	course,	consistent	with	the	equations	used	in	the	GCM),	and	any	observations	available	at	that	time.	The	values	of	the	weather	variables	specified	in	the	initial	state	of	the	GCM	thus	become	a	weighted	average	of	that	predicted
by	the	GCM	based	on	an	earlier	initiation	and	those	currently	observed.	Plausible	values	are	assumed	for	errors	in	the	observational	data	and	model	calculated	values,	and	these	are	used	to	define	the	weighted	average	initial	fields.	If	the	observed	values	are	substantially	different	to	model	calculated	values	they	are	rejected	as	implausible	and	not
used	in	the	initiation.	The	GCM	is	then	run	forward	in	time	for	some	days	ahead	and	in	this	way	numerical	predictions	of	actual	weather	made	for	the	future.	In	practice,	there	are	always	shortcomings	in	the	description	of	the	atmosphere	represented	in	the	GCM	not	least	because	the	representation	is	made	at	grid	scale	using	approximate	equations
that	parameterize	processes	that	occur	at	much	smaller	scale.	Consequently,	the	accuracy	of	weather	predictions	degrades	with	time	ahead.	Currently	GCMs	used	for	weather	prediction	can	make	reasonable	predictions	for	a	few	days	ahead,	and	some	weather	centers	attempt	forward	look	predictions	for	as	long	as	8	10	days	ahead.	Thus,	when	used
for	NWP,	GCMs	extrapolate	observations	forward	in	time	using	a	physically	realistic	representation	of	atmospheric	circulation	to	predict	the	actual	future	weather	for	periods	of	several	days	ahead.	Some	time	ago	it	was	realized	that	the	process	of	NWP	could	provide	an	important	byproduct.	The	six	hourly	initiation	process	using	data	assimilation
calculates	values	of	the	meteorological	variables	used	in	the	GCM	everywhere	in	the	atmosphere.	These	values	are	in	significant	part	based	on	model	predictions,	but	they	are	at	least	in	part	influenced	by	observations.	Globally	available	fields	of	weather	variables	cannot	be	routinely	obtained	at	regular	six	hourly	intervals	in	any	other	way.	But	they
are	needed,	and	for	this	reason	model-calculated	data	based	on	the	assimilation	of	observations	into	GCMs	have	now	become	widely	used	as	a	source	of	data	in	their	own	right.	Thus,	the	initiation	fields	of	GCMs	used	for	NWPs	are	often	stored	and	can	be	made	available	as	a	data	source	which	has	the	advantage	of	being	broadly	consistent	with	the
laws	of	atmospheric	physics	(to	the	extent	these	are	represented	in	the	GCM),	while	also	reflecting	relevant	observations	available	at	the	time	of	initiation	to	the	extent	allowed	by	the	data	assimilation	process.	One	feature	of	such	model-calculated	data	when	provided	as	time	series	is	that	the	amount	and	nature	of	observational	data	that	influence	the
data	product	through	data	assimilation	can	change	with	time.	Consequently,	the	relative	influence	of	observations	versus	model	in	the	data	also	changes	with	time.	Over	the	years	weather	forecast	centers	have	sought	to	use	more	and	more	observations	to	better	define	the	initial	states	used	for	their	forecasts,	and	the	amount	of	remote	sensing	data
so	used	has	also	greatly	increased.	As	a	result	more	recent	model-calculated	data	are	arguably	a	better	reflection	of	reality.	An	important	shortcoming	of	model-calculated	data	arises	because	weather	forecast	centers	are	always	striving	to	improve	the	realism	with	which	atmospheric	processes	are	represented	in	their	model.	Consequently,	improved
versions	of	the	GCMs	used125	100	General	Circulation	Models	for	NWP	are	therefore	adopted	and	applied.	Because	the	data	delivered	by	data	assimilation	is	influenced	by	the	nature	of	the	GCM	used,	this	means	there	are	discontinuities	in	the	derived	global	data	sets	associated	with	model	changes.	For	this	reason,	some	major	modeling	centers	have
deliberately	created	modelcalculated	data	sets	by	applying	consistent	data	assimilation	procedures	to	historical	observational	data	using	the	same	recent	model	to	provide	more	consistent	data	series.	These	data	are	called	reanalysis	data.	Thus,	when	GCMs	are	used	to	create	model-calculated	reanalysis	data,	a	consistent	data	assimilation	procedure
is	used	with	the	same	version	of	the	GCM	to	calculated	globally	available	data	sets	of	weather	variables	from	historical	data	records.	As	experience	in	the	use	of	GCMs	in	NWP	grew,	confidence	also	grew	that	although	their	ability	to	predict	actual	weather	decayed	after	several	days,	their	ability	to	make	reasonable	predictions	of	the	statistics	of
weather,	i.e.,	climate,	at	a	particular	place	was	retained.	This	confidence	sparked	a	whole	new	branch	of	atmospheric	science,	namely	climate	prediction.	When	GCMs	are	used	in	this	way,	they	are	used	to	predict	a	sequence	of	weather	events	which,	it	is	assumed,	is	representative	of	those	that	will	occur,	or	that	would	occur	given	prescribed	changes
in	the	factors	that	influence	weather.	Among	the	factors	that	may	change	future	climate	are	the	concentration	of	gases	that	are	involved	in	the	absorption	and	emission	of	radiation	in	the	atmosphere	and	the	nature	of	the	vegetation	covering	land	areas	of	the	globe.	Thus,	climate	prediction	involves	running	GCMs	for	longer	periods	than	weather
predictions,	at	least	for	seasons	and	commonly	for	several	years,	decades,	centuries,	and	even	millennia.	An	initial	global	field	of	weather	variables	must	still	be	provided	when	a	GCM	is	used	for	climate	prediction	and	different	patterns	of	simulated	weather	sequences	will	result	for	different	initiation	fields.	For	this	reason,	climate	predictions	are	now
usually	made	with	several	different	initiation	fields	selected	(perhaps	randomly)	to	be	typical	from	those	made	available	by	operational	NWP.	The	resulting	suite	of	predictions	given	by	a	GCM	with	different	initiation	fields	is	called	an	ensemble.	The	mean	of	such	an	ensemble	might	be	adopted	as	the	average	climate	prediction	for	the	GCM,	and	the
variability	of	the	ensemble	considered	a	measure	of	the	GCM	dependent	accuracy	of	the	prediction.	Thus,	when	GCMs	are	used	for	climate	prediction	the	purpose	is	to	simulate	the	average	statistics	of	weather	across	the	globe	over	long	periods	and	to	quantify	the	changes	induced	in	these	statistics	in	response	to	prescribed	changes	in	the	influences
that	determine	weather.	How	do	General	Circulation	Models	work?	Sequence	of	operations	The	operational	sequence	used	in	running	GCMs	is	illustrated	in	Fig	As	described	in	the	previous	section,	the	first	step	is	to	define	an	initial	state	for	all	of	the	variables	whose	evolution	is	being	simulated	using	4DDA.126	General	Circulation	Models	101
Initiation	i.e.	using	4DDA	to	define	initial	values	of	state	variables	globally	Solving	the	dynamics	i.e.	calculating	updates	values	of	the	state	variables	by	solving	conservation	laws	assuming	fixed	values	of	divergences	Calculating	the	physics	i.e.	calculating	updates	values	of	divergences	for	each	volume	element	assuming	fixed	state	variables	Run	time
outputs	Smoothing	divergences	i.e.	applying	smoothing	to	maintain	model	stability	Figure	8.2	Sequence	of	operations	during	a	GCM	run.	Stop	and	output	The	equations	coded	in	the	GCM	are	then	applied	sequentially	in	two	groups	at	each	time	step.	During	the	first	set	of	calculations	the	processes	that	control	changes	in	modeled	variables	within
each	simulated	volume	(such	as	radiation	divergence,	phase	changes,	and	the	input	or	loss	of	energy,	momentum,	and	mass	at	the	top	and	bottom	of	each	atmospheric	column)	are	held	constant.	The	conservation	laws	and	ideal	gas	law	are	applied	to	compute	how	energy,	mass,	and	momentum	are	re-distributed	between	the	many	volume	elements
over	the	time	step	and	how	the	equivalent	meteorological	variables	describing	the	state	of	the	atmosphere,	the	state	variables,	are	altered	as	a	result.	Applying	this	set	of	equations	with	fixed	flux	divergences	at	each	grid	point	is	sometimes	called	solving	the	dynamics.	In	the	next	step	in	GCM	operation	the	state	variables	are	held	constant	and	the
processes	that	give	rise	to	internal	changes	in	state	variables	(the	divergence	terms)	are	calculated	in	anticipation	of	their	application	during	the	next	time	step.	Making	these	calculations	is	sometimes	called	calculating	the	physics	although	some	of	the	processes	described	may	actually	be	chemical	or	biological	in	nature.	If	the	effect	of	changing
influences	on	weather	are	being	investigated,	imposed	changes	in,	for	example,	the	concentration	of	radiatively	active	gases	or	the	representation	of	surface	vegetation	are	imposed	while	calculating	the	physics.	In	the	real	world,	equations	involved	in	solving	the	dynamics	and	solving	the	physics	apply	simultaneously	rather	than	in	sequence,	and	the
need	to	apply	them	in	sequence	in	a	GCM	run	is	a	compromise	which	can	give	rise	to	model	instability.	For	this	reason	it	is	usually	necessary	to	apply	some	form	of	smoothing	procedure	to	the	divergences	calculated	during	the	physics	calculations	before	the	next	time	step.	This	two	stage	sequence	of	calculations,	i.e.,	first	solving	the	dynamics	and
then	calculating	physics,	is	then	repeated	successively	as	the	GCM	runs	forward	in	time127	102	General	Circulation	Models	(2)	Transformation	to	grid	space	samples	field	around	zones	of	Iatitude	and	longitude	(1)	Each	atmospheric	layer	held	and	moved	in	spectral	space	(3)	Spectral	truncation	restricts	information	Vertical	exchanges	in	grid	space	sp
latitude	np	Figure	8.3	Representation	of	the	atmosphere	in	GCMs	in	spectral	coordinates	and	the	interchange	Cartesian	coordinates	required	to	calculate	the	physics.	(From	Henderson-Sellers	and	McGuffie,	1987,	published	with	permission.)	(4)	Each	surface	is	transformed	into	sampled	grid	space	representation	0	longitude	360	Surface	fluxes	are
computed	in	grid	space	until	the	model	run	reaches	some	predefined	stopping	point.	Selected	calculated	fields	are	output	as	the	model	proceeds	that	provide	the	required	description	of	the	evolving	atmosphere.	Solving	the	dynamics	GCMs	use	two	different	ways	to	store	state	variables.	The	first	is	that	illustrated	in	Fig.	8.1	in	which	the	state	variables
are	stored	as	individual	values	of	atmospheric	variables	for	each	of	the	defined	atmospheric	volume	elements	as	specified	by	lines	of	latitude	and	longitude	using	(currently	0.5	to	5	)	grid	scale	and	the	(currently	5	25	m)	vertical	height	ranges.	When	this	is	done,	state	variables	are	said	to	be	stored	on	a	Cartesian	Grid.	The	alternative	way	to	store	the
values	of	state	variables	is	on	a	Spectral	Grid,	see	Fig	When	this	is	done,	instead	of	storing	individual	values	of	atmospheric128	General	Circulation	Models	103	variables,	the	GCM	stores	information	on	the	global	pattern	of	state	variables	at	each	level	in	the	atmosphere	in	the	form	of	a	Fourier	series.	In	this	series,	each	term	has	a	wavelength	an
integral	multiple	of	which	corresponds	to	the	distance	around	the	Earth.	By	expressing	the	longitudinal	distribution	of	state	variables	in	this	way	between	time	steps,	it	is	possible	to	capture	most	(but	not	all)	of	the	spatial	variability	using	less	computer	storage	by	truncating	the	Fourier	series	after	a	specified	number	of	wavelengths.	The	number	of
wavelengths	before	truncation	varies	with	the	application	of	the	GCMs,	longer	climate	prediction	runs	having	truncation	earlier	than	shorter	NWP	runs.	When	using	a	spectral	grid,	movement	within	each	vertical	layer	of	the	atmosphere	can	be	calculated	in	spectral	space	and	this	computation	can	be	efficient.	However,	vertical	movement	and
calculating	the	physics	for	each	atmospheric	column	requires	transposition	of	the	state	variables	into	coordinate	space.	Using	a	spectral	grid	is	most	effective	when	describing	state	variables	that	vary	smoothly	across	the	globe.	Truncating	the	Fourier	series	in	a	spectral	description	can	give	rise	to	artificial	wavelike	features	and	unrealistic
divergences	and,	as	computer	memory	becomes	more	available,	the	technical	advantages	of	using	a	spectral	description	of	state	variables	become	less	significant.	Calculating	the	physics	Calculation	of	the	physics	is	made	for	each	atmospheric	column	extending	from	the	surface	upward	to	a	defined	level,	which	is	regarded	as	being	the	top	of	the
atmosphere.	The	GCM	code	contains	subroutines	that	compute	the	divergence	of	energy,	momentum	and	the	mass	of	atmospheric	constituents,	the	surface	exchanges	of	these	variables,	and	buoyant	exchanges	between	cells	at	different	levels	in	this	column.	Typically	GCMs	will	include	at	least	the	following	subroutines.	Radiation	scheme:	The
radiation	transfer	scheme	calculates	the	propagation	and	reflection	of	shortwave	and	longwave	radiation	through	each	layer	in	the	atmospheric	column	from	the	modeled	profiles	of	temperature,	humidity,	cloud	amount	and	the	concentration	of	aerosols,	ozone,	and	radiatively	active	gases	such	as	water	vapor	and	carbon	dioxide.	Boundary-layer
scheme:	The	boundary-layer	scheme	uses	first	order,	heightintegrated	representations	of	the	surface	energy	and	momentum	exchanges	between	the	lowest	model	level	represented	in	the	GCM	and	the	ground,	based	on	the	modeled	vertical	gradients	of	the	variables	which	control	these	exchanges.	Surface-parameterization	scheme:	The	surface-
parameterization	scheme	provides	a	description	of	shortwave	and	longwave	exchange,	momentum	capture,	and	how	the	available	energy	at	the	surface	is	shared	as	heat	fluxes	for	sea,	sea-ice,	land-ice,	snow-covered	land,	and	several	snow-free	land-cover	types.129	104	General	Circulation	Models	Convection	scheme:	The	convection	scheme	computes
the	exchange	of	buoyant	thermals	and	compensation	flows	between	modeled	layers,	and	calculates	the	amount	of	convective	precipitation	generated	as	these	thermals	rise	and	cool.	Large-scale	precipitation	scheme:	The	large-scale	precipitation	scheme	calculates	if	each	of	the	modeled	layers	has	become	saturated	and	removes	any	excess	water	as
rain,	if	the	air	temperature	is	greater	than	freezing	point,	or	as	frozen	precipitation,	if	the	air	temperature	is	less	than	freezing	point.	Intergovernmental	Panel	on	Climate	Change	(IPCC)	The	Intergovernmental	Panel	on	Climate	Change	(IPCC)	is	a	scientific	intergovernmental	body	tasked	to	evaluate	the	risk	of	climate	change	caused	by	human
activity.	The	panel	was	established	in	1988	by	the	World	Meteorological	Organization	(WMO)	and	the	United	Nations	Environment	Programme	(UNEP),	two	organizations	of	the	United	Nations.	The	IPCC	shared	the	2007	Nobel	Peace	Prize.	The	IPCC	does	not	carry	out	research,	nor	does	it	monitor	climate	or	related	phenomena.	A	main	activity	of	the
IPCC	is	publishing	special	reports	on	topics	relevant	to	the	implementation	of	the	UN	Framework	Convention	on	Climate	Change,	an	international	treaty	that	acknowledges	the	possibility	of	harmful	climate	change.	The	IPCC	bases	its	assessment	on	the	most	recent	scientific,	technical	and	socio-economic	information	produced	worldwide	relevant	to
the	understanding	of	climate	change.	IPCC	reports	are	widely	cited	in	almost	any	debate	related	to	climate	change.	The	IPCC	First	Assessment	Report	appeared	in	1990	with	a	supplementary	report	in	1992,	and	there	have	been	subsequent	reports	in	1995,	2001	and	The	key	conclusions	of	the	most	recent	IPCC	report	(IPCC,	2007)	are	as	follows:
Warming	of	the	climate	system	is	unequivocal.	Most	of	the	observed	increase	in	globally	averaged	temperature	since	the	mid-twentieth	century	is	very	likely	due	to	the	observed	increase	in	anthropogenic	(human-caused)	greenhouse	gas	concentrations.	Anthropogenic	warming	and	sea-level	rise	would	continue	for	centuries	due	to	the	timescales
associated	with	climate	processes	and	feedbacks,	even	if	greenhouse	gas	concentrations	were	to	be	stabilized,	although	the	likely	amount	of	temperature	and	sea-level	rise	varies	greatly	depending	on	the	intensity	of	fossil	fuel	burning	during	the	next	century.	The	probability	that	this	is	caused	by	natural	climatic	processes	alone	is	less	than	5%.	World
temperatures	could	rise	by	between	1.1	and	6.4	C	(2.0	and	11.5	F)	during	the	twenty-first	century,	and:130	General	Circulation	Models	105	sea	levels	will	probably	rise	by	18	to	59	cm	(7.08	to	in).	there	is	a	confidence	level	>90%	that	there	will	be	more	frequent	warm	spells,	heat	waves	and	heavy	rainfall.	there	is	a	confidence	level	>66%	that	there
will	be	an	increase	in	droughts,	tropical	cyclones	and	extreme	high	tides.	Both	past	and	future	anthropogenic	carbon	dioxide	emissions	will	continue	to	contribute	to	warming	and	sea-level	rise	for	more	than	a	millennium.	Global	atmospheric	concentrations	of	carbon	dioxide,	methane,	and	nitrous	oxide	have	increased	markedly	as	a	result	of	human
activities	since	1750	and	now	far	exceed	pre-industrial	values	over	the	past	650,000	years.	In	IPCC	statements	most	means	greater	than	50%,	likely	means	at	least	a	66%	likelihood,	and	very	likely	means	at	least	a	90%	likelihood.	Important	points	in	this	chapter	What	are	General	Circulation	Models	(GCMs)?	Computer	programs	which	describe
atmosphere	circulation	using	equations	that	portray	conservation	and	movement	of	atmospheric	constituents,	incoming	solar	radiation	and	outgoing	longwave	radiation,	and	transfers	between	the	atmosphere	and	oceans	and	continents.	Currently	GCMs	describe	changes	in	the	atmosphere	every	minutes	at	points	separated	by	10s	100s	of	kilometers
in	the	horizontal	and	by	10s-1000s	of	meters	in	the	vertical.	How	are	GCMs	used?	To	give:	numerical	weather	prediction	(NWP)	in	which	an	observation-based	description	of	the	current	atmosphere	is	extrapolated	forward	for	several	(typically	3	8)	days	to	calculate	the	actual	weather	likely	to	occur	over	this	period.	globally-available	atmospheric	data
provided	by	GCMs	as	a	byproduct	of	the	process	necessary	to	define	the	initial	state	of	the	atmosphere	prior	to	an	NWP	run,	with	four-dimensional	data	assimilation	used	to	define	a	weighted	average	description	between	that	previously	predicted	by	the	GCM	and	all	relevant	observations	available	at	the	time	of	initiation.	climate	prediction	in	which	it
is	assumed	that,	although	they	are	not	able	to	predict	actual	weather	for	more	than	a	few	days,	GCMs	are	able	to	predict	the	statistics	of	weather,	i.e.,	climate,	for	periods	up	to	many	centuries	ahead.	How	do	GCMs	Work?	Once	an	initial	state	of	the	atmosphere	has	been	defined,	equations	coded	in	the	GCM	are	applied	at	each	time	step	in	two	groups
sequentially;	the	dynamics,	equations	that	control	the	model	s	state	variables	solved	assuming	fixed	values	for	variables	(such	as	flux	divergences)	that	determine	changes	in	state	variables;	and131	106	General	Circulation	Models	the	physics,	equations	that	calculate	the	controlling	values	to	be	applied	in	the	subsequent	dynamics,	these	being
calculated	using	the	most	recently	updated	state	variables.	The	dynamics	are	then	again	solved	and	the	physics	re-calculated,	and	so	on	until	the	run	is	complete.	Solving	the	dynamics:	GCMs	use	two	ways	to	store	and	solve	state	variables,	either	as	individual	values	for	each	volume	elements	stored	in	a	Cartesian	Grid,	or	on	a	Spectral	Grid	as	a
(truncated)	series	of	Fourier	coefficients	that	describe	the	longitudinal	variation	in	state	variables.	Calculating	the	physics:	the	divergence	of	state	variables	is	calculated	throughout	the	atmospheric	column,	along	with	the	buoyant	exchanges	between	cells	at	different	levels	and	the	surface	exchanges	of	state	variables	using	(at	least)	the	following
subroutines:	(a)	Radiation	scheme;	(b)	Boundarylayer	scheme;	(c)	Surface-parameterization	scheme,	(d)	Convection	scheme;	and	(e)	Large-scale	precipitation	scheme.	Intergovernmental	Panel	on	Climate	Change	(IPCC):	an	intergovernmental	body	tasked	with	evaluating	the	risk	of	climate	change	caused	by	human	activity	based	on	the	most	recent
scientific,	technical	and	socio-economic	information	produced	worldwide	relevant	to	the	understanding	of	climate	change.	The	2007	IPCC	Assessment	Report	stated	that	warming	of	the	climate	system	is	unequivocal,	and	most	of	the	observed	increase	in	globally	averaged	temperatures	since	the	mid-twentieth	century	is	very	likely	due	to	the	observed
increase	in	anthropogenic	(human-caused)	greenhouse	gas	concentrations.	References	Henderson-Sellers,	A.	&	McGuffie,	K.	(1987)	Climate	Modelling	Primer.	Wiley	&	Sons,	Chichester,	UK.	IPCC	(2007)	The	Intergovernmental	Panel	on	Climate	Change,	World	Meteorological	Organization,	Geneva	2,	Switzerland,	online	at132	9	Global	Scale	Influences
on	Hydrometeorology	Introduction	The	purpose	of	this	chapter	is	to	give	general	insight	into	why	hydrological	catchments	located	in	different	regions	of	the	world	have	characteristically	different	hydrometeorological	context.	Although	there	is	always	very	substantial	variability	in	the	atmosphere,	the	air	in	the	troposphere	undergoes	large-scale
circulation	which	is	on	average	organized	at	the	global	scale.	The	global	patterns	created	lead	to	distinguishable	regional	differences	in	hydroclimate.	Such	organization	happens	because	there	are	large-scale	influences	on	atmospheric	behavior	that	have	a	discernable	consequence.	As	mentioned	in	the	previous	chapter,	the	process	of	four-
dimensional	data	assimilation,	by	means	of	which	available	weather	observations	are	merged	into	GCMs,	has	allowed	synthesis	of	time	series	of	model-calculated	fields	of	atmospheric	variables	that	are	available	globally.	The	availability	of	these	fields	facilitates	a	fusion	of	existing	and	more	recent	understanding	of	large-scale	atmospheric	circulation.
Much	of	the	description	of	atmospheric	behavior	given	in	this	chapter	draws	on	knowledge	provided	by	this	useful	byproduct	of	the	regular	and	repeated	initiation	of	the	GCM	at	numerical	weather	prediction	centers.	Global	scale	influences	on	atmospheric	circulation	Differential	heating	by	the	Sun	is	the	primary	cause	of	the	general	circulation	of	the
atmosphere.	The	spatial	pattern	of	atmospheric	heating	is	greatly	influenced	by	the	relative	geometry	of	the	Sun	and	the	Earth	and	how	this	changes	with	time,	but	it	is	also	influenced	by	regional	differences	in	the	terrestrial	controls	involved	in	transferring	solar	energy	into	the	atmosphere.	Cartoons	in	Fig.	9.1	illustrate	the	Terrestrial
Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.133	Latitudinal	differences	in	solar	energy	across	the	globe	Planetary	interrelationship	Persistent	perturbations	Contrast	in	ocean	to	continent	surface	exchanges	Latent	heat	Sensible	Latent	heat	heat	Sensible	heat	Ocean
Continent	Seasonal	and	Diurnal	Perturbations	(due	to	the	movement	of	the	earth	around	the	Sun	and	its	rotation	around	its	axis)	Continental	topography	(e.g.	interference	by	the	Rockies	and	Andes)	Figure	9.1	Important	controls	on	atmospheric	circulation	described	in	the	text.	Temporary	perturbations	Perturbations	in	oceanic	circulation	e.g.	EI	Niño
Perturbations	in	atmospheric	constituents	Changing	continental	land	cover	(e.g.	deforestation	and	desertification)	Latent	heat	Sensible	heat	Latent	heat	Sensible	heat	Changed	cover	Original	cover134	Global	Scale	Influences	on	Hydrometeorology	109	most	important	controls	on	atmospheric	circulation	described	below.	In	approximate	descending
order	of	importance,	these	controls	can	be	classified	as	follows.	Planetary	interrelationship	Latitudinal	differences	in	solar	energy	input	The	Earth	rotates	around	an	axis	that	is	(when	averaged	over	the	whole	year)	perpendicular	to	the	plane	in	which	the	Earth	moves	around	the	Sun.	Consequently,	the	solar	energy	received	per	unit	area	is,	on
average,	greatest	at	the	equator	and	least	at	the	poles.	This	difference	causes	atmospheric	circulations	that	transfer	energy	within	the	moving	atmosphere	from	low	to	high	latitude.	Seasonal	perturbations	Because	the	axis	of	rotation	of	the	Earth	on	any	particular	day	is	not	perpendicular	to	the	plane	in	which	the	Earth	moves	around	the	Sun	(see	Fig.
5.7	and	Fig.	9.1),	the	latitude	where	there	is	most	and	least	solar	radiation	changes	with	season.	This	results	in	persistent	regular	seasonal	changes	in	circulation	patterns.	Daily	perturbations	The	rotation	of	the	Earth	means	there	is	a	regular	diurnal	cycle	in	the	longitude	at	which	there	is	maximum	input	of	solar	radiation.	At	any	latitude,	the
magnitude	and	timing	of	this	daily	cycle	of	energy	changes	with	season.	Persistent	perturbations	Contrast	in	ocean	to	continent	surface	exchanges	On	average	about	half	of	the	solar	energy	reaching	the	Earth	enters	the	atmosphere	from	the	Earth	s	surface,	mainly	in	the	form	of	surface	latent	and	sensible	heat	fluxes.	Because	water	is	freely	available
at	the	ocean	surface	but	not	necessarily	at	continental	surfaces,	there	is	a	characteristic	difference	in	the	relative	magnitude	of	these	two	different	fluxes	for	these	two	surfaces.	The	average	aerodynamic	roughness	of	oceans	is	also	less	than	that	of	continents.	This	contrast	in	surface	exchanges	of	energy	and	momentum	influences	regional
hydroclimate.	Continental	topography	Atmospheric	circulation	mainly	occurs	in	the	troposphere.	In	some	locations	the	height	of	continental	topography	is	of	the	same	order	as	the	depth	of	the	troposphere	and	this	can	influence	regional	flow	patterns	to	some	extent,	particularly	when	topography	is	organized	in	mountain	chains	that	lie	roughly
perpendicular	to	atmospheric	flow	(e.g.,	the	Rockies	and	Andes).135	110	Global	Scale	Influences	on	Hydrometeorology	Temporary	perturbations	Perturbations	in	oceanic	circulation	Oceans	cover	about	two-thirds	of	the	globe	and	are	strongly	coupled	to	the	overlying	atmosphere	through	sea-surface	temperature.	Regular	changes	in	seasurface
temperature	that	occur	annually	in	response	to	solar	heating	influence	the	frequency	of	tropical	storms.	Changes	at	longer	timescales	such	as	occur	in	El	Niño	and	La	Niña	events	or	during	the	Pacific	Decadal	Oscillation	(PDO)	are	associated	with	consequential	shifts	in	atmospheric	circulation	that	influence	terrestrial	hydrometeorology.
Perturbations	in	atmospheric	content	Some	important	impacts	of	activity	on	continental	surfaces	arise	indirectly	through	associated	changes	in	atmospheric	constituents	that	participate	in	the	process	that	control	radiation	transfer	through	the	atmosphere.	Erupting	volcano	and	natural	or	human-induced	atmospheric	pollution	can	alter	aerosol
concentrations	and	influence	regional	and	global	hydroclimate	by	altering	the	absorption	of	solar	radiation.	Changes	in	hydroclimate	also	occur	in	response	to	natural	or	humaninduced	changes	in	the	concentration	of	the	radiatively	active	gases	such	as	carbon	dioxide	that	control	the	transfer	of	longwave	radiation	through	the	atmosphere.
Perturbations	in	continental	land	cover	The	general	contrast	between	the	surface	exchanges	of	oceanic	and	continental	surface	can	be	modified	by	changes	in	continental	land	cover.	Such	changes	alter	the	albedo	and	hence	solar	radiation	capture,	the	aerodynamic	roughness	of	the	surface	and	hence	momentum	capture,	and	the	partition	of	available
energy	between	latent	and	sensible	heat	fluxes.	Changes	in	land	cover	may	occur	naturally	in	response	to	changing	climate,	or	they	may	result	from	large-scale	intervention	that	alters	the	vegetation	present	over	land	areas,	such	as	deforestation.	Latitudinal	imbalance	in	radiant	energy	As	discussed	in	Chapter	5,	all	the	radiant	energy	entering	the
Earth	system	from	the	Sun	is	within	a	spectrum	that	is	determined	by	the	temperature	of	the	Sun	and	is	mainly	in	the	wavelength	range	of	0.15	to	4	μm.	The	intensity	with	which	solar	radiation	enters	the	top	of	the	atmosphere	is	strongly	determined	by	latitude,	with	more	arriving	at	the	equator	and	less	at	the	poles.	On	the	other	hand,	most	of	the
energy	leaving	the	Earth	system	is	in	the	longwave,	mainly	in	the	wavelength	range	of	3	to	100	μm.	The	spectrum	and	amount	of	outgoing	radiation	is	determined	by	the	temperature	of	the	surface	of	the	Earth	and	overlying	atmosphere	at	the	latitude	at	which	the	longwave	radiation	leaves.	The	temperature136	Global	Scale	Influences	on
Hydrometeorology	Surplus	Watts	m	Deficit	Surplus	heat	energy	transferred	by	atmosphere	and	oceans	to	higher	latitudes	Deficit	150	Watts	m	Figure	9.2	Balance	between	average	net	shortwave	and	longwave	radiation	from	90	North	to	90	South	North	Net	shortwave	Net	longwave	Latitude	South	of	the	Earth	falls	from	the	equator	toward	the	poles
but	the	latitudinal	variation	in	the	amount	of	radiant	energy	leaving	as	longwave	radiation	is	much	less	than	the	latitudinal	variation	in	the	amount	of	energy	received	as	shortwave	radiation,	see	Fig	On	average	across	the	surface	of	the	globe,	there	is	a	near	perfect	balance	between	incoming	and	outgoing	radiant	energy.	At	low	latitudes,	however,
there	is	more	radiant	energy	incoming	as	shortwave	radiation	than	is	leaving	as	longwave	radiation;	consequently	surplus	energy	is	available.	At	high	latitudes	the	reverse	is	true,	when	averaged	over	the	year	there	is	more	outgoing	radiant	energy	as	longwave	radiation	than	incoming	radiant	energy	as	shortwave	radiation.	This	discrepancy	causes
the	atmospheric	general	circulation,	because	to	support	the	persistent	latitudinal	imbalance	in	radiant	energy	transfer,	energy	must	be	moved	from	low	latitudes	to	high	latitudes	in	the	atmosphere	and	oceans.	Lower	atmosphere	circulation	Latitudinal	bands	of	pressure	and	wind	When	mariners	first	began	to	travel	the	globe	using	sailing	ships,	they
soon	realized	that,	on	average,	there	are	characteristic	patterns	of	wind	flow	at	different	latitudes,	and	they	learned	how	to	exploit	these	in	their	travels.	Close	to	the	equator	they	found	regions	with	little	wind	where	progress	was	difficult	under	sail.	In	these	regions	the	ensuing	state	of	inactivity	could	make	the	travelers	dull,	listless	and
depressed.137	112	Global	Scale	Influences	on	Hydrometeorology	60	N	Polar	cell	Mid-latitude	cell	Westerlies	30	N	Hadley	cell	High	pressure	Northeasterly	trades	Inter-tropical	convergence	0	Low	pressure	Hadley	cell	Southeasterly	trades	30	S	High	pressure	Mid-latitude	cell	60	S	Westerlies	Polar	cell	Figure	9.3	Variation	in	time-average	wind	speed
and	pressure	with	latitude.	They	called	these	regions	the	Doldrums.	North	or	south	of	the	Doldrums	the	winds	became	steadier	and	were	more	consistently	from	the	east:	southeasterly	winds	north	of	the	equator	and	northeasterly	winds	south	of	the	equator.	These	winds	were	important	because	their	consistent	presence	meant	international	trade
using	sailing	ships	could	flourish	and	they	became	known	as	the	Trade	Winds.	At	about	30	on	either	side	of	the	equator,	again	there	was	sometimes	little	wind.	These	areas	were	called	the	horse	latitudes,	because	here	ships	could	become	becalmed	and,	on	occasion,	any	horses	on	board	were	thrown	overboard	in	order	to	conserve	precious	water.
Farther	from	the	equator	still,	at	latitudes	near	60	N	and	60	S,	average	winds	became	strongly	westerly.	Pressure	shows	similar	time-average	consistent	tendencies	with	latitude,	with	low	pressure	at	the	equator,	high	pressure	at	30	N	and	30	S,	low	pressure	again	at	60	N	and	60	S,	and	higher	pressure	at	the	poles,	see	Fig	Hadley	circulation	In	the
early	1700s,	George	Hadley,	an	English	lawyer	and	amateur	meteorologist,	argued	that	solar	heating	creates	upward	motion	of	equatorial	air	and	air	from138	Global	Scale	Influences	on	Hydrometeorology	113	(a)	0	[V]	(DJF)	60S	FERREL	1	HADLEY	S	0	4	HADLEY	N	FERREL	N	Pressure	(mb	10	3	)	Figure	9.4	Mean	latitude	average	circulation	of	the
atmosphere	(a)	December	to	February,	(b)	June	to	August.	Values	on	the	streamlines	are	total	mass	circulation	between	that	streamline	and	the	zero	streamline.	(From	Rassmusson	et	al.,1993,	published	with	permission.)	(b)	[V]	(JJA)	60S	FERREL	2	0	HADLEY	S	0	Equator	HADLEY	N	FERREL	1	60N	Pressure	(mb	10	3	)	neighboring	latitudes	must	flow
in	to	replace	it	and	that	the	easterly	component	of	the	trade	winds	was	associated	with	the	rotation	of	the	Earth.	The	idea	of	symmetrical	cells	on	either	side	of	the	equator	became	accepted	but	it	was	later	realized	that	in	fact	there	are	several	cells	on	either	side	of	the	equator,	see	Fig	However,	because	the	latitude	of	maximum	solar	heating	is
strongly	seasonal,	there	is	a	strong	seasonality	in	the	Hadley	cell	and	circulation	is	only	briefly	symmetrical	at	the	spring	and	fall	equinoxes.	Otherwise,	the	dominant	latitudinal	circulation	comprises	three	main	cells,	with	the	strong	equatorial	Hadley	cell	being	of	central	importance,	see	Fig	There	is	a	strong,	single	summer	Hadley	cell	in	each
hemisphere	with	the	location	of	rising	air	shifting	with	the	thermal	equator.	This	is	balanced	by	falling	air	in	the	winter	hemisphere.	The	regular	seasonal	shift	in	the	location	of	rising	and	falling	air	between	the	two	hemispheres	means	the	circulation	pattern	appears	symmetrical	as	an	annual	average.	Mean	low-level	circulation	Outside	the	tropics,
the	rotation	of	the	Earth	is	a	fundamental	influence	on	atmospheric	general	circulation,	see	Fig.	9.5a.	Near-surface	wind	flow,	which	would	otherwise	be	purely	pressure	driven,	includes	circular	flows	induced	by	the	Coriolis	force.	In	the	northern	hemisphere,	the	circulation	induced	is	clockwise	around	regions	of	high	pressure	and	counterclockwise
around	regions	of	low	pressure.	In	the	southern	hemisphere	the	circulation	sense	is	reversed,	i.e.,	circulation	is	counterclockwise	around	high	pressure	and	clockwise	around	low	pressure.	In	the139	114	Global	Scale	Influences	on	Hydrometeorology	(a)	90N	Annual	average	streamflow	and	pressure	20	60N	30N	EQ	S	60S	Insufficient	data	90S	W	60W
0	60E	120E	180	Latitude	(b)	90N	60N	20	30N	EQ	30S	60S	90S	Northern	hemisphere	summer	High	Insufficient	data	Low	Monsoon	flow	(c)	90N	60N	80	30N	EQ	40	30S	60S	90S	Low	Northern	hemisphere	winter	Insufficient	data	High	Monsoon	flow	Figure	9.5	Atmospheric	streamflow	(each	barb	=	2	m	s	1	)	and	mean	sea	level	pressure	difference	(in
mb)	across	the	globe	(a)	as	an	annual	average,	(b)	in	the	northern	hemisphere	summer,	and	(c)	in	the	northern	hemisphere	winter.	(Redrawn	from	Peixoto	and	Oort,	1992,	published	with	permission.)	annual	average	flow	pattern	(Fig.	9.5a)	this	influence	is	most	obvious	over	the	oceans	which	are	aerodynamically	smoother	than	the	continents,	with
annual	average	circulation	around	the	high	pressure	zones	apparent	at	30	N	and	30	S.	But	it	is	possible	to	distinguish	circulation	around	low	pressure	at	60	N.	There	is	a	pronounced	seasonal	variation	in	the	location	and	strength	of	the	circulation	associated	with	the	Coriolis	force	within	the	general	pattern	of	atmospheric	circulation	as	the	location	of
the	overhead	Sun	moves	north	and	south.	The	greater	presence	of	continental	surfaces	in	the	northern	hemisphere	also	has	an	impact	on	the	seasonal	variations	in	circulation	and	pressure,140	Global	Scale	Influences	on	Hydrometeorology	N	a	60N	N	EQ	S	S	S	W	60W	0	Latitude	60E	120E	180	Figure	9.6	Annual	average	atmospheric	streamflow	(each
barb	=	5	m	s	1	)	at	200	mb	(10	km).	(From	Peixoto	and	Oort,	1992,	published	with	permission.)	see	Fig.	9.5b	and	c.	In	the	northern	hemisphere	summer	the	oceanic	subtropical	highs	are	farther	north	and	more	intense	and	there	are	regions	of	low	pressure	over	the	warm	continents	which	contribute	to	the	creation	of	monsoon	flows.	In	the	northern
hemisphere	winter	there	is	a	reversal	in	the	pressure	differences	between	the	oceans	and	the	continents	with	pronounced	low	pressure	regions	in	the	northern	seas	reflecting	the	more	persistent	presence	of	storms	in	this	region.	Mean	upper	level	circulation	Higher	in	the	troposphere,	at	about	20	kpa	or	10	km,	the	atmospheric	circulation	intensifies
and	simplifies	(Fig.	9.6).	The	most	prominent	features	are	bands	of	strong	westerly	winds	in	both	hemispheres	in	the	subtropics	and	middle	latitudes	where	the	tropospheric	jet	streams	are	found.	There	is	some	seasonality	in	this	pattern	(not	shown),	with	intensification	of	the	flow	in	the	winter	hemisphere.	In	the	northern	hemisphere	there	is	a
tendency	for	the	upper	level	winds	to	have	a141	116	Global	Scale	Influences	on	Hydrometeorology	wave	number	of	two	and	to	move	toward	the	equator	as	they	flow	over	continents,	and	away	from	the	equator	as	they	flow	over	oceans.	This	tendency	is	more	pronounced	in	the	northern	hemisphere	winter.	Within	this	average	flow	pattern,	the	jet
stream	is	continually	developing,	meandering,	and	decaying	giving	relatively	less	consistent	lower-level	winds.	The	jet	streams	have	a	fundamental	influence	on	hydrometeorological	variability.	Ocean	circulation	As	mentioned	in	Chapter	1,	the	oceans	are	the	principal	source	of	memory	in	the	hydroclimatic	system	because	of	their	capability	to	store
and	subsequently	release	large	amounts	of	heat	energy.	The	thermal	structure	of	the	oceans	is	fundamentally	different	to	that	of	the	atmosphere.	Energy	from	the	Sun	is	captured	near	the	ocean	surface	and	some	warms	the	atmosphere	from	below.	As	a	result,	air	nearer	the	ocean	surface	tends	to	be	warmer	and	lighter	in	daytime	conditions,	and	the
atmosphere	is	unstable	and	well-mixed	throughout	the	boundary	layer	as	a	result.	On	the	other	hand,	solar	energy	warms	the	oceans	from	above,	so	the	temperature	of	the	water	is	higher	nearer	the	surface	and	the	surface	layer	of	the	ocean	is	stable.	Some	mixing	of	energy	downward	does	occur	as	a	result	of	the	turbulence	caused	by	surface	winds
but	the	depth	to	which	this	occurs	is	limited.	Consequently,	the	oceans	are	divided	into	a	mixed	layer	(typically	between	100	m	and	1000	m	deep)	which	is	separated	from	the	deep	ocean	below	by	the	thermocline,	i.e.,	the	steep	negative	temperature	gradient	that	gives	a	stable	interface	between	these	two	layers	and	suppresses	mixing,	see	Fig	At	low
latitudes,	solar	heating	is	strong	and	fairly	constant	through	the	year,	and	the	stability	of	the	thermocline	is	able	to	keep	the	mixed	layer	fairly	shallow	with	limited	seasonality	in	its	depth.	In	middle	latitudes	the	strength	of	the	solar	heating	changes	seasonally.	In	the	hemispherical	summer,	the	mixed	layer	is	again	fairly	shallow	as	at	low	latitudes.
However,	in	the	hemispherical	winter	solar	heating	is	less,	so	the	distinction	between	the	mixed	layer	and	deep	ocean	is	reduced;	because	the	temperature	gradient	and	stability	of	the	thermocline	is	therefore	less,	surface	winds	can	mix	warmer	surface	water	to	greater	depth.	Sea-surface	temperature	(SST)	provides	an	important	lower	boundary
condition	on	the	atmosphere	over	the	ocean	surfaces	that	cover	70%	of	the	globe.	As	discussed	in	Chapter	1,	there	is	a	strong	coupling	between	oceans	and	atmosphere	because	of	the	effective	exchange	of	energy	fluxes	and	momentum.	Since	air	near	open	water	is	close	to	saturation,	the	surface	temperature	of	the	ocean	defines	not	only	the	lower
boundary	condition	for	sensible	heat	transfer	but	also	for	latent	heat	transfer.	The	isotherms	of	annual	average	SST	run	roughly	east-west	across	the	large	oceans,	from	greater	than	29	C	at	the	equator	to	almost	2	C	near	the	poles	where	the	presence	of	salt	in	the	ocean	depresses	the	freezing	point,	see	Fig	However,	isotherms	are	modified	near
continents	in	response	to	wind-driven	currents	in	the	upper	few	hundred	meters	of	the	ocean.	In	the	most	southerly	latitudes	of	the	southern	hemisphere	(not	shown	in	Fig.	9.8),	the142	Peru	Global	Scale	Influences	on	Hydrometeorology	117	Temperature	C	Surface	C	C	0	Surface	Mixed	Winter	layer	Upper	zone	Seasonal	thermocline	(Summer)	Depth
(m)	1000	Main	thermocline	zone	Figure	9.7	Typical	ocean	temperature	profiles	for	tropical	and	temperate	regions.	(Redrawn	from	Picard	and	Emery,	1982,	published	with	permission.)	2000	Low	latitudes	Deep	zone	Mid	latitudes	Figure	9.8	Annual	average	sea-surface	temperatures	and	extratropical	ocean	surface	currents.	(From	Rassmusson	et
al.,1993,	published	with	permission.)	60N	40N	20N	EQ	20S	40S	Somali	(Seasonal	Reversal)	Aguhius	60E	E	Kuroshio	E.	Australian	California	Gulf	Stream	Guiana	Brazil	Canary	27	S.	Eq.	S.	Eq	W	60W	0	Benguela	strong	and	persistent	westerly	winds	and	absence	of	continental	barriers	give	rise	to	the	Antarctic	circumpolar	current	which	is	continuous
around	the	globe.	Elsewhere	in	the	Atlantic	Ocean	and	Pacific	Ocean,	away	from	the	equator,	anticyclonic	gyres	occur	which	involve	currents	that	carry	warm	water	toward	the	poles	on	the	eastern	side	of	continents	and	currents	that	take	cooler	water	away	from	the	poles	on	the	western	side	of	continents.	At	the	equator	the	narrow	currents	are	east-
west	but	these	can	change	in	strength	rapidly	in	response	to	influences	such	as	the	El	Niño	Southern	Oscillation	phenomena	described	later.143	118	Global	Scale	Influences	on	Hydrometeorology	In	addition	to	the	wind-driven	surface	currents,	the	thermohaline	circulation	is	caused	by	changes	in	density	associated	with	the	temperature	and	salinity	of
the	sea	water.	This	originates	at	the	poles	as	vertical	flow	that	sinks	to	the	middle	ocean	or	lower	where	it	becomes	horizontal.	It	originates	as	a	result	of	density	increases	likely	due	in	part	to	direct	cooling,	but	also	as	a	result	of	increased	salinity	occurring	when	sea	water	freezes	and	ejects	additional	salt	into	nearby	saline	water.	Although	the
downward	branches	of	the	thermohaline	circulation	are	largely	restricted	to	high	latitudes,	the	compensating	upward	branches	occur	more	widely	across	the	globe.	The	thermohaline	cycle	is	very	slow,	typically	1600	years,	but	there	is	evidence	that	more	rapid	changes	occur	at	time	periods	of	decades	with	an	associated	influence	on	climate	at	this
time	scale.	Oceanic	influences	on	continental	hydroclimate	Monsoon	flow	The	seasonal	change	in	near-surface	air	temperature	is	markedly	different	between	oceanic	and	continental	surfaces.	Oceans	have	a	large	heat	capacity	and	efficient	coupling	with	the	atmosphere	and	this	has	the	effect	of	moderating	the	seasonal	cycle	in	the	temperature	of	the
overlying	air.	The	heat	capacity	of	land	surfaces	is	less	so	the	seasonal	cycle	can	be	much	larger.	Figure	9.9	shows	isotherms	of	the	difference	between	the	near-surface	air	temperature	in	January	relative	to	that	in	July.	Although	there	are	reductions	of	around	30	C	in	air	temperature	over	the	Arctic	Ocean,	elsewhere	changes	in	near-surface	air
temperature	over	oceans	are	on	the	order	of	5	10	C.	However,	the	mid-continental	reduction	in	near-surface	air	temperature	from	July	to	January	is	more	typically	on	the	order	of	C.	Notice	that	the	penetration	of	maritime	air	into	the	European	continent	is	greater	than	it	is	into	the	North	American	continent	presumably	because	there	is	less
topographic	obstruction	to	onshore	flow	and	the	seasonal	difference	in	near-surface	air	temperature	is	less	as	a	result.	One	important	consequence	of	the	substantial	difference	in	temperature	between	summer	and	winter	over	land	surfaces	relative	to	that	over	adjacent	ocean	is	the	occurrence	of	monsoon	air	flow	in	the	tropics.	The	largest	monsoon
system	is	the	Asian-Australian	monsoon	system	(Fig.	9.10)	which,	recognizing	the	population	distribution	of	the	world,	is	arguably	therefore	the	hydroclimate	phenomenon	that	has	most	impact	on	humankind.	In	the	northern	hemisphere	winter	season,	there	is	a	low	level	flow	of	dry,	cool	air	from	cold	continent	to	the	warmer	ocean	and	precipitation
over	the	land	is	low.	However,	during	the	northern	hemisphere	summer	season	the	direction	of	flow	is	reversed,	and	warm,	moist	air	flows	from	the	ocean	over	the	warm	land	where	the	resulting	upward	motion	of	the	heated	air	produces	heavy	precipitation	during	the	monsoon	season.	Monsoonal	flows	of	a	broadly	similar	nature	occur	elsewhere	in
West	Africa	and	in	the	North	American	Monsoon	System	(NAMS),	the	latter	being	responsible	for	much	of	the	summer	rain	falling	in	northern	Mexico	and	the	southwestern	USA.144	Global	Scale	Influences	on	Hydrometeorology	N	Difference	(	C)	January	minus	July	Figure	9.9	Global	distribution	of	change	in	near-surface	air	temperature	between	July
to	January	in	C.	(From	Peixoto	and	Oort,	1992,	published	with	permission.)	0	EQ	S	W	0	60E	Latitude	40N	February	60E	120E	W	60W	N	EQ	20S	40S	40N	August	E	120E	W	60W	N	EQ	20S	40S	Figure	9.10	Monsoon	component	of	atmospheric	circulation	showing	the	departure	of	the	monthly	mean	surface	circulation	during	February	and	August	from
its	annual	mean	and	27	C	and	28	C	sea-surface	isothermals	for	the	midsummer	month	in	each	hemisphere.	(From	Rassmusson	et	al.,1993,	published	with	permission.)	Tropical	cyclones	Tropical	cyclones	are	the	most	energetic	transient	weather	systems	in	the	tropics.	They	are	areas	of	intense	convergence	which,	when	mature,	have	a	central	core
which	is	considerably	warmer	than	the	surrounding	air.	They	are	designated	tropi-145	120	Global	Scale	Influences	on	Hydrometeorology	27.5	C(Feb)	27.5	C(Aug)	27.5	C(Aug)	27.5	C(Aug)	40N	20N	EQ	60E	27.5	C(Feb)	120E	C(Feb)	120W	60W	0	20S	40S	Figure	9.11	Primary	regions	where	tropical	storms	are	initiated	and	their	subsequent	primary
paths	together	with	the	27.5	C	sea-surface	temperature	isotherm	for	August.	(From	Rassmusson	et	al.,1993,	published	with	permission.)	cal	storms	when	they	have	sustained	winds	of	18	m	s	1	and	hurricanes	or	typhoons	(the	name	changes	regionally)	when	sustained	winds	reach	33	m	s	1	or	greater.	For	tropical	cyclones	to	generate,	three	conditions
must	occur	simultaneously.	Together	these	restrict	the	oceanic	regions	over	which	tropical	cyclones	can	originate.	The	first	requirement	is	that	the	ocean	must	be	sufficiently	warm:	SSTs	of	at	least	C	are	required.	Second,	because	significant	rotations	can	only	be	generated	where	there	is	a	significant	Coriolis	force,	tropical	storms	cannot	form	within
5	8	of	the	equator	even	if	the	SST	is	high	enough.	Finally,	a	small	change	of	wind	with	height	is	required	if	the	storm	is	to	persist.	Together	these	three	criteria	restrict	the	potential	source	areas	for	tropical	cyclones	to	those	shown	in	Fig	Once	established,	tropical	cyclones	generally	move	westward	and	toward	the	poles.	When	they	reach	land	they
can	have	a	major	and	usually	detrimental	impact	before	eventually	decaying	because	they	no	longer	have	access	to	the	latent	heat	energy	they	extract	from	warm	oceanic	waters.	El	Niño	Southern	Oscillation	The	annual	average	sea-surface	temperature	distribution	shown	in	Fig.	9.8	reveals	that	equatorial	SSTs	are	significantly	modified	by	wind-
driven	oceanic	currents.	In	particular,	the	Peru	current	brings	cold	polar	waters	from	the	Antarctic	to	the	equator	and	SST	in	the	eastern	Pacific	is	lower	than	it	would	otherwise	be.	The	trade	winds	blowing	across	the	Pacific	support	an	easterly	equatorial	surface	current	and	the	waters	warmed	by	solar	radiation	during	this	transit	gather	to	form	the
western	Pacific	warm	pool	(Fig.	9.12a).	Because	the	sea	surface	temperature	in	the	warm	pool	is	higher	than	elsewhere	in	the	equatorial	Pacific,	there	is	more	convection	in	the	atmosphere	above,	and	higher	precipitation	and	latent	heat	release.	On	average,	the	prevalent	atmospheric	ascent	in	this	region	draws	in	air,	including	air	from	across	the
Pacific.	The	trade	winds	are	thus	enhanced,	and	an	unstable	equilibrium	is	established	in	equatorial	Pacific	air-sea	interactions	characterized	by	warmer	water	and	more	convection	in	the	west	Pacific	and	cooler	water	and	less	convection	in	the	east	Pacific.146	Global	Scale	Influences	on	Hydrometeorology	121	(a)	Normal	conditions	Convective	loop
Equator	120	E	80	W	(b)	El	Niño	conditions	Increased	convection	Figure	9.12	Water	temperatures	in	the	Pacific	Ocean	during	(a)	non-el	Niño	and	(b)	El	Niño	years.	(From	ete/modules/elnino/crwhatis.	html.)	Equator	120	E	80	W	From	time	to	time	there	is	less	upwelling	of	cold	water	in	the	eastern	Pacific	and	therefore	a	relative	warming	of	the	SST	in
this	region.	This	phenomenon	is	called	El	Niño,	from	the	Spanish	for	the	little	boy,	referring	to	the	Christ	child,	because	the	phenomenon	is	usually	noticed	around	Christmas	off	the	west	coast	of	South	America.	Different	theories	have	been	advanced	for	why	the	upwelling	of	cold	water	in	the	eastern	Pacific	is	suppressed	but	as	yet	no	definitive
explanation	as	been	established.	However,	when	this	surface	warming	in	the	western	Pacific	occurs,	there	is	greater	atmospheric	convection	locally	and	the	resulting	advection	of	air	to	support	this	ascent	moderates	the	strength	of	the	trade	winds.	This	causes	equatorial	Pacific	surface	temperature	pattern	to	be	less	extreme,	with	less	warm	water
concentrated	in	the	warm	pool	and	more	warm	water	farther	east.	The	presence	of	El	Niño	tends	to	be	self-supporting	for	a	period	of	6	to	18	months	because	the	anomalously	warm	water	and	reduced	trade	winds	leads	to	moderation	of	the	equatorial	current	that	would	otherwise	drive	warming	water	westward	(Fig.	9.12b).147	122	Global	Scale
Influences	on	Hydrometeorology	PDO	0.8	Figure	9.13	Typical	wintertime	Sea	Surface	Temperature	(colors),	Sea	Level	Pressure	(contours)	and	surface	wind	stress	(arrows)	anomaly	patterns	during	warm	and	cool	phases	of	Pacific	Decadal	Oscillation	(From	washington.edu/pdo/.)	Warm	phase	Cool	phase	The	opposite	phenomenon	when	the	SST	in	the
eastern	Pacific	is	colder	than	average	is	called	La	Niña,	which	means	the	little	girl.	The	east-west	movement	in	Pacific	SSTs	that	occurs	in	El	Niño	and	La	Niña	conditions	necessarily	results	in	shifts	in	the	position	of	maximum	convection	in	the	equatorial	Pacific,	and	this	in	turn	gives	rise	to	large-scale	changes	in	the	general	circulation	of	the
atmosphere.	By	correlating	the	changes	in	regional	climate	at	locations	around	the	world	that	are	generated	by	such	changes	in	atmospheric	flow	with	observed	fluctuations	in	the	SST	in	the	tropical	Pacific,	statistical	relationships	have	been	developed	that	can	be	used	to	make	seasonal	predictions	in	those	regions	when	El	Niño	and	La	Niña	have
influence.	Pacific	Decadal	Oscillation	The	Pacific	Decadal	Oscillation	(PDO)	is	a	long-lived	El	Niño-like	pattern	of	Pacific	climate	variability,	see	Fig	While	the	two	climate	oscillations	are	similar	in	that	they	have	spatial	climate	fingerprints,	they	have	very	different	behavior	in	time.	Two	main	characteristics	that	distinguish	PDO	from	El	Niño/Southern
Oscillation	(ENSO)	are:	persistence:	during	the	twentieth	century	PDO	events	persisted	for	20	to	30	years	while	typical	ENSO	events	persisted	for	6	to	18	months;	and	location	of	impact:	the	climate	fingerprints	of	the	PDO	are	most	visible	in	the	North	Pacific	and	North	America	with	secondary	signatures	in	the	tropics,	but	the	opposite	is	true	for
ENSO.	Several	studies	have	found	evidence	for	two	full	PDO	cycles	in	the	past	century.	Cool	PDO	regimes	prevailed	from	1890	to	1924	and	again	from	1947	to	1976,	while	warm	PDO	regimes	dominated	from	1925	to	1946	and	from	1977	through	the	mid-1990s	and	beyond.148	Global	Scale	Influences	on	Hydrometeorology	123	Figure	9.14	The	North
Atlantic	Oscillation	is	the	anomalous	difference	between	the	polar	low	and	the	subtropical	high	during	the	winter	season	(December	through	March).	(a)	A	positive	NAO	index	phase	corresponds	to	a	stronger	than	usual	subtropical	high	pressure	center	and	a	deeper	than	normal	Icelandic	low,	resulting	in	more	and	stronger	winter	storms	crossing	the
Atlantic	Ocean	on	a	more	northerly	track.	(b)	A	negative	NAO	index	phase	corresponds	to	a	weak	subtropical	high	and	a	weak	Icelandic	low,	resulting	in	fewer	and	weaker	winter	storms	crossing	on	a	more	west-east	pathway.	(From	North	Atlantic	Oscillation	Westerly	winds	blowing	across	the	Atlantic	bring	moist	air	into	Europe.	In	years	when
westerlies	are	strong,	summers	are	cool,	winters	are	mild	and	rain	is	frequent.	If	the	westerlies	are	suppressed,	the	temperature	is	more	extreme	in	summer	and	winter	leading	to	heat	waves,	exceptional	frosts	and	reduced	rainfall.	A	permanent	low-pressure	system	over	Iceland,	called	the	Icelandic	Low,	and	a	permanent	high-pressure	system	over
the	Azores,	called	the	Azores	High,	control	the	direction	and	strength	of	westerly	winds	into	Europe.	The	relative	strengths	and	positions	of	these	pressure	systems	vary	from	year	to	year	and	this	variation	is	known	as	the	North	Atlantic	Oscillation	(NAO),	see	Fig	A	large	difference	in	the	pressure	at	the	two	stations,	i.e.,	a	year	when	the	NAO	index	is
high,	leads	to	increased	westerly	winds	and,	consequently,	cool	summers	and	mild,	wet	winters	in	central	Europe.	When	the	NAO	index	is	low,	the	westerly	winds	are	suppressed	and	central	Europe	has	cold	winters	with	the	storm	tracks	farther	south,	toward	the	Mediterranean	Sea,	resulting	in	more	storm	activity	and	rainfall	in	southern	Europe	and
North	Africa.	Water	vapor	in	the	atmosphere	The	global	distribution	of	water	vapor	in	the	atmosphere	and	how	that	concentration	is	changing	with	time	is	the	most	important	hydroclimatological	consequence	of	atmospheric	general	circulation	because	it	reflects	the	regional	surface	water	balance.	Over	the	ocean,	and	over	many	land	areas	where
water	is	readily	available,	the	specific	humidity	of	air	near	the	surface	is	strongly	linked	to	near-surface	air	temperature	and	changes	from	about	18	g	kg	1	at	the	equator	to149	124	Global	Scale	Influences	on	Hydrometeorology	90N	EQ	gm	kg	Near-surface	specific	humidity	S	W	0	60E	(a)	a	Figure	9.15	Global	distributions	of	annual	average	(a)	near-
surface	specific	humidity	in	units	of	g	kg	1	;	and	(b)	vertical	average	specific	humidity	in	units	of	g	kg	1.	(Redrawn	from	Peixoto	and	Oort,	1992,	published	with	permission.)	90N	EQ	gm	kg	Vertical	average	specific	humidity	S	90S	W	0	60E	(b)	N	EQ	less	than	1	g	kg	1	at	the	poles.	In	desert	regions	where	there	is	little	water	available	in	the	soil,	the
specific	humidity	is	less	(Fig.	9.15a).	The	total	amount	of	water	in	the	whole	atmospheric	column	(in	kg	m	2	),	which	is	sometimes	(wrongly)	called	the	precipitable	water,	is,	in	numerical	terms,	approximately	proportional	to	the	vertically	integrated	specific	humidity.	Figure	9.15b	shows	that	precipitable	water	also	decreases	from	the	equator	to	the
poles	and	is	higher	over	oceans	than	land.	This	figure	also	shows	that	the	penetration	of	moister	maritime	air	into	continents150	Global	Scale	Influences	on	Hydrometeorology	125	Figure	9.16	Global	distributions	of	annual	average	(a)	vertical	transport	of	water	vapor	at	the	85	KPa	level	in	units	of	10	6	kg	m	2	s	1,	negative	values	indicate	transport
upwards;	and	(b)	horizontal	water	vapor	transport	in	units	of	0.1	m	yr	1.	(Redrawn	from	Peixoto	and	Oort,	1992,	published	with	permission.)	in	westerly	airstreams	at	middle	latitudes	is	influenced	by	topographic	features	such	as	the	Rocky	Mountains	and	Andes	Mountains.	Figure	9.16a	shows	atmospheric	uplift	of	moisture	(and	associated	cooling)
that	is	large	in	the	Hadley	cell	at	the	equator	but	also	in	mid-latitude	low	pressure	systems.	Downward	transport	is	greatest	in	the	subtropical	anticyclones.	Figure	9.16b	shows	areas	with	large-scale	moisture	convergence	in	the	atmosphere	(where	precipitation	is	in	excess	of	evaporation)	are	associated	with	the	river	basins	of	the	world	s	major
rivers.151	126	Global	Scale	Influences	on	Hydrometeorology	Important	points	in	this	chapter	Influences	on	atmospheric	circulation:	are	in	three	general	classes:	Planetary	interrelationship,	primarily:	Solar	energy	input	(solar	radiation	is	greater	at	the	equator	than	the	poles)	Seasonal	perturbations	(latitude	of	maximum	solar	radiation	changes	with
season)	Daily	perturbations	(the	daily	cycle	in	solar	radiation	changes	with	season)	Persistent	perturbations,	primarily:	Ocean	versus	continent	(energy	return	to	the	atmosphere	differs	with	surface)	Continental	topography	(high	relief	can	interfere	with	tropospheric	flow)	Temporary	perturbations,	primarily:	Oceanic	circulation	(temporary	fluctuations
in	SST	alter	atmospheric	flows)	Atmospheric	content	(changing	air	content	alters	atmospheric	radiation	transfer)	Land	cover	(large-scale	land-cover	change	alters	surface	energy	balance)	Latitudinal	radiation	imbalance:	atmospheric	and	oceanic	circulation	must	occur	to	redress	the	imbalance	between	the	strong	latitudinal	variation	in	incoming	solar
radiation	and	the	weaker	latitudinal	variation	in	outgoing	longwave	radiation	loss.	Lower	atmosphere	circulation	Latitudinal	bands	of	pressure	and	wind:	on	average,	pressure	is	low	at	the	equator	with	southeasterly	(northeasterly)	trade	winds	north	(south)	of	the	equator;	there	is	high	pressure	and	less	wind	at	30	N	and	30	S,	but	stronger	westerly
winds	at	60	N	and	60	S.	Hadley	Circulation:	there	is	a	strong,	single	summer	Hadley	cell	with	rising	air	located	at	the	shifting	thermal	equator	with	falling	air	in	the	winter	hemisphere.	Mean	low-level	circulation:	Coriolis	force	gives	clockwise	(counterclockwise)	circulation	around	high	(low)	pressure	in	the	northern	hemisphere	most	noticeable	over
oceans	around	high	pressure	at	30	N	and	30	S.	The	circulation	is	reversed	in	the	southern	hemisphere.	There	is	a	seasonal	shift	in	the	circulation	pattern	as	the	thermal	equator	moves	north-south	that	is	different	between	hemispheres	because	the	northern	hemisphere	has	a	larger	land	area.	Mean	upper-level	circulation:	at	10	km	atmospheric
circulation	intensifies	with	strong	westerly	winds	in	both	hemispheres	in	the	subtropics	and	middle	latitudes	where	the	tropospheric	jet	streams	continually	develop,	meander	and	decay	giving	less	consistent	lower-level	winds	and	hydrometeorological	variability.	Ocean	circulation	Thermal	structure:	oceans	have	a	(	m	deep)	mixed	layer	separated
from	the	deep	ocean	by	the	thermocline,	a	steep	negative	temperature	gradient.152	Global	Scale	Influences	on	Hydrometeorology	127	Sea-surface	temperature	(SST):	isotherms	run	roughly	east-west	from	29	C	at	the	equator	to	-2	C	near	the	poles,	but	are	modified	near	continents	by	wind-driven	surface	currents	carrying	warm	water	toward	(cooler
water	from)	the	poles	on	the	eastern	(western)	side	of	continents.	Thermohaline	circulation:	originates	near	the	poles	(from	increased	salinity	due	to	sea	water	freezing)	as	vertical	flow	that	becomes	horizontal	in	the	middle/lower	ocean,	with	compensating	upward	branches	widely	spread	across	the	globe:	it	is	very	slow	(	1000s	years)	but	has	decadal
changes	that	influence	climate.	Oceanic	influences	on	continental	hydroclimate	Monsoon	flow:	difference	in	near-surface	air	temperature	in	winter	gives	flow	of	dry,	cool	air	from	a	colder	continent	to	a	warmer	nearby	ocean,	but	in	summer	warm,	moist	air	flow	from	ocean	to	warmer	land	where	ascent	gives	heavy	precipitation.	Tropical	cyclones:
originate	over	ocean	that	has	SST	>26	27	C	and	is	at	least	5	8	north	and	south	of	the	equator	and	generally	move	westward	and	toward	the	poles	giving	a	major	detrimental	impact	if	they	reach	land.	El	Niño	Southern	Oscillation	(ENSO):	Pacific	trade	winds	support	easterly	equatorial	flow	and	warmed	waters	form	an	eastern	Pacific	warm	pool	above
which	there	is	convection,	with	ascent	in	part	supported	by	enhancing	the	trade	winds.	From	time	to	time	there	is	relative	warming	of	the	normally	cooler	SST	in	the	eastern	Pacific	(El	Niño)	with	greater	atmospheric	convection	locally.	The	resulting	advection	moderates	the	strength	of	the	trade	winds,	hence	there	is	more	warm	water	farther	east
and	El	Niño	tends	to	be	self-supporting	for	a	period	of	6	to	18	months.	The	shift	in	the	center	of	convection	has	consequences	on	climate	globally.	The	opposite	phenomenon	when	the	SST	in	the	eastern	Pacific	is	colder	than	average	is	La	Niña.	Pacific	Decadal	Oscillation	(PDO):	a	long-lived	El	Niño-like	pattern	of	Pacific	climate	variability	that	persists
for	years	and	which	has	most	impact	in	the	North	Pacific	and	North	America.	North	Atlantic	Oscillation	(NAO):	a	variation	in	the	strength	and	position	of	the	Icelandic	Low	and	the	Azores	High	which	control	the	direction	and	strength	of	westerly	winds	in	the	Atlantic	which	in	turn	modify	the	seasonal	climate	of	Western	Europe.	References	Peixoto	J.P.
&	Oort,	A.H.	(1992)	Physics	of	Climate.	Springer-Verlag,	New	York.	Picard,	G.L.	&	Emery,	W.J.	(1982)	Descriptive	Physical	Oceanography,	4th	edn.	Pergamon	Press,	New	York.	Rassmusson,	E.M.,	Dickinson,	R.E.,	Kutzbach,	J.E.	&	Cleaveland,	M.K.	(1993)	Climatology.	In:	Handbook	of	Hydrology	(ed.	D.	Maidment)	pp	McGraw-Hill,	New	York.153	10
Formation	of	Clouds	Introduction	On	average,	about	60%	of	the	Earth	is	cloud-covered.	Clouds	are	extremely	important	in	hydrometeorology	because	when	they	move	in	the	atmosphere	they	transport	substantial	amounts	of	water	from	one	location	to	another.	If	present,	they	also	have	a	major	impact	on	the	absorption	of	solar	radiation	and	modify
the	surface	energy	balance	and	thereby	the	input	of	water	and	energy	into	the	atmosphere	from	below.	Tall	cumulus	and	stratocumulus	clouds	tend	to	shade	and	inhibit	solar	radiation	reaching	the	ground,	but	high	altitude	cirrus	cloud	tends	to	blanket	and	inhibit	the	loss	of	longwave	radiation.	In	seeking	to	predict	climate	change,	one	of	the	biggest
challenges	is	to	predict	how	any	additional	water	evaporated	into	the	atmosphere	will	be	expressed	in	terms	of	modified	cloud	cover	will	that	cloud	reduce	solar	radiation	input	or	increase	the	retention	of	outgoing	longwave	radiation?	Three	things	are	required	for	clouds	to	form.	One	is	the	presence	of	moisture	in	the	air	in	sufficient	quantity	to	result
in	cloud	if	the	air	is	cooled.	This	is	often	the	limiting	constraint	on	cloud	formation	in	arid	and	semi-arid	regions	such	as	the	southwestern	US	and	northern	Mexico.	It	is	difficult	to	condense	water	from	air	unless	there	is	something	for	the	water	to	condense	on	to,	so	a	second	possible	constraint	on	cloud	formation	is	a	lack	of	cloud	condensation	nuclei
(CCN),	i.e.,	entities	in	the	atmosphere	around	which	condensation	can	begin.	The	third	important	need	for	cloud	development	is	a	mechanism	by	means	of	which	air	can	be	cooled	sufficiently	to	allow	condensation	of	water	vapor.	In	practice,	the	cooling	required	is	usually	associated	with	atmospheric	movement,	as	discussed	next.	Terrestrial
Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.154	Formation	of	Clouds	129	(a)	T	2	T	z	;	but	r	=	r	sat	(at	T	2	)	Temperature	of	Temperature	=	T	2	surrounding	air	=	T	Mixing	ratio	=	r	z	i.e.,	the	air	is	still	warmer	than	the	surrounding	air	but	is	now	saturated	Buoyant	ascent
Temperature	of	surrounding	air	=	T	0	Temperature	=	T	1	Mixing	ratio	=	r	T	1	T	0	;	but	r	<	r	sat	(at	T	0	)	i.e.,	the	air	is	warmer	than	the	surrounding	air	and	is	unsaturated	(b)	Temperature	=	T	2	Mixing	ratio	=	r	T	2	T	z	;	but	r	=	r	sat	(at	T	2	)	Cooler	air	mass	or	topography	Temperature	=	T	1	Mixing	ratio	=	r	T	1	T	0	;	but	r	<	r	sat	(at	T	0	)	(c)	8	Figure
10.1	Mechanisms	for	atmospheric	cooling	to	give	cloud:	(a)	convective	ascent;	(b)	horizontal	movement	of	air	masses;	and	(c)	near-surface	mixing	of	saturated	air	with	different	temperatures.	Cool	moist	air	Mixed	moist	air	Warm	moist	air	e	sat	(KPa)	Saturated	T	C	C	Cloud	generating	mechanisms	Differential	buoyancy	in	the	air,	and	the	convective
thermals	that	result,	provide	an	important	mechanism	by	means	of	which	air	can	be	cooled	and	clouds	formed.	The	process	involved	is	comparatively	simple	(Fig.	10.1a).	A	parcel	of	unsaturated	air	whose	temperature	is	higher	than	the	air	that	surrounds	it	is	buoyant	and	rises.	As	it	does	so,	it	cools.	As	long	as	it	remains	buoyant	relative	to	the
surrounding	air,	it	continues	to	rise;	if	it	cools	enough	to	become	saturated,155	130	Formation	of	Clouds	cloud	formation	begins.	Once	cloud	formation	is	underway	and	water	vapor	is	being	converted	to	liquid	water	or	ice,	the	latent	heat	so	released	further	increases	the	temperature	of	the	parcel	helping	it	to	remain	buoyant	and	thus	aiding	further
ascent	and	cooling.	The	cloud	created	in	this	way	is	called	convective	cloud.	A	second	important	way	that	vertical	movement	and	associated	cooling	can	give	rise	to	condensation	and	cloud	is	as	a	result	of	large-scale	atmospheric	movement	(Fig.	10.1b).	Moving	masses	of	air	may	have	different	temperatures	and	different	buoyancy.	Thus,	a	more
buoyant	warm	air	mass	moving	horizontally	may,	for	example,	impinge	on	and	float	over	a	cooler	air	mass,	or	a	less	buoyant	cold	air	mass	moving	horizontally	may	impinge	on	a	warmer	air	mass	and	sink	beneath	it,	pushing	it	upward.	Thirdly,	air	moving	horizontally	may	sometimes	come	up	against	topography	and	be	forced	upward.	In	these
examples	it	is	the	large-scale	horizontal	movement	of	the	atmosphere	that	is	resulting	in	ascent	and	cooling	of	the	air,	the	net	result	being	that	unsaturated	air	moves	upward,	cools	and	becomes	saturated	to	give	cloud.	Another	way	that	wisps	of	cloud	can	be	formed	is	very	different	because	it	doesn	t	involve	ascent.	If	two	portions	of	air	that	are	both
close	to	saturation	but	with	different	temperatures	are	mixed,	the	resulting	air	mixture	will	have	the	average	temperature	and	average	water	content.	However,	because	the	saturated	vapor	pressure	curve	shown	in	Fig.	2.2	is	not	linear,	the	resulting	water	content	of	the	mixed	air	may	be	greater	than	that	of	saturated	air	at	the	new	average
temperature.	Consequently,	water	condenses	out	(Fig.	10.1c).	This	mechanism	is	not	a	major	source	of	cloud	but	is	the	reason	why	we	see	sea	frets	and	wisps	of	cloud	over	wet	forest	after	rain.	These	different	mechanisms	for	atmospheric	condensation	result	in	very	different	types	of	cloud,	which	are	subsequently	associated	with	different	patterns	of
rainfall,	as	follows.	Convective	cloud:	Because	the	mechanism	involved	in	cloud	formation	is	associated	with	strong	vertical	ascent	over	fairly	small	horizontal	areas,	the	resulting	cloud	can	be	quite	tall	with	horizontal	dimensions	typically	on	the	order	of	a	few	hundred	to	a	few	thousand	meters.	Moreover,	being	associated	with	local	rapid	ascent,	any
precipitation	associated	with	clouds	of	this	type	tends	to	be	heavy	and	local.	Frontal	cloud:	The	nature	of	the	processes	involved	in	the	formation	of	frontal	clouds	means	the	resulting	cloud	cover	tends	to	have	wide	spatial	coverage,	typically	over	areas	on	the	order	of	a	few	kilometers	to	several	tens	of	kilometers	or	greater.	Being	associated	with
gradual	uplift,	the	associated	precipitation	is	often	widespread	and	steady	but	is	usually	lighter	than	that	for	convective	clouds.	Surface	mixing:	The	wisps	of	clouds	produced	by	mixing	saturated	air	with	different	temperatures	have	very	limited	extent	and	are	not	usually	associated	with	precipitation.156	Formation	of	Clouds	131	Cloud	condensation
nuclei	There	are	always	numerous	small	particles,	called	aerosols,	suspended	in	the	atmosphere.	Some	are	important	because	they	act	as	the	condensation	nuclei	required	for	cloud	droplet	formation.	Aerosols	are	classified	according	to	their	size	as:	Aitken	Nuclei,	if	they	have	diameter	in	the	range	0	to	0.2	μm;	Large	Nuclei,	if	they	have	diameter	in
the	range	0.2	to	2	μm;	Giant	Aerosols,	if	they	have	diameter	greater	than	2	μm.	Typically	the	concentration	of	aerosols	in	the	troposphere	is	on	the	order	of	per	cubic	meter	but	it	can	be	as	high	as	per	cubic	meter	downwind	of	pollution	sources.	Higher	in	the	atmosphere,	aerosol	concentration	falls	off	to	about	per	cubic	meter	at	15	km.	The
concentration	of	aerosols	falls	off	rapidly	with	the	size	of	the	aerosols	so	the	concentration	of	Aitken	nuclei	greatly	exceeds	that	for	giant	nuclei.	Aerosols	originate	in	many	different	ways	but	their	origin	can	be	broadly	classified	according	to	whether	they	result	from	natural	phenomena	or	human	activity.	The	main	source	of	aerosols	and	the	amount	of
aerosols	these	sources	produce	annually	are	listed	in	Table	On	average	natural	sources	are	dominant,	Table	10.1	Sources	of	atmospheric	aerosols	and	estimates	of	the	amount	of	aerosols	produced	in	tonnes	per	year.	Natural	phenomena	(tonnes	per	year)	Airborne	Sea	salt	1000	Gas	to	particle	conversion	570	Windblown	dust	particles	500	Natural
forest	fires	35	Meteoric	debris	20	Volcanoes	(a	highly	variable	source)	25	Total	from	natural	sources	>2150	Human	activities	(tonnes	per	year)	Gas	to	particle	conversion	275	Industrial	processes	56	Fuel	combustion	(stationary	sources)	44	Solid	waste	disposal	3	Transportation	3	Miscellaneous	28	Total	from	human	activities	410157	132	Formation	of
Clouds	Escaping	molecule	Higher	saturated	vapor	pressure	Lower	saturated	vapor	pressure	More	escape	and	capture	Less	escape	and	capture	Figure	10.2	The	difference	in	binding	force	on	escaping	water	molecules	above	a	curved	and	flat	water	surface	and	its	consequences	on	saturated	vapor	pressure.	Less	molecular	bonds	for	a	curved	surface
although	locally	aerosol	cloud	condensation	nuclei	concentration	can	be	greatly	enhanced	by	industrial	activity	and	agricultural	practice,	including	the	burning	of	agricultural	crops	and	forests.	Saturated	vapor	pressure	of	curved	surfaces	Chapter	2	discussed	how	evaporation	involves	two	processes,	the	escape	of	water	molecules	from	a	liquid	surface
when	they	have	sufficient	energy	to	overcome	the	forces	that	bind	them,	and	the	capture	of	a	proportion	of	the	molecules	above	the	surface	when	they	collide	with	it.	These	two	competing	exchanges	achieve	equilibrium	when	the	air	above	a	water	surface	is	saturated	and	the	vapor	pressure	of	the	air	at	saturation	depends	on	the	binding	energy	of	the
molecules	in	the	water.	The	lower	the	binding	energy,	the	greater	is	the	number	of	molecules	in	the	water	with	sufficient	energy	to	escape	and	the	greater	is	the	boil	off	rate.	If	the	boil	off	rate	is	higher,	the	equilibrium	between	rates	occurs	when	the	concentration	of	water	vapor	in	the	air	is	higher	and	consequently	the	saturated	vapor	pressure	is



higher.	If	the	evaporating	water	surface	is	curved,	molecules	leaving	the	surface	are	on	average	farther	away	from	the	molecules	that	remain	in	the	water,	and	the	effective	binding	force	is	therefore	reduced,	see	Fig	Consequently,	water	molecules	escape	more	easily	from	a	curved	surface	and	the	saturated	vapor	pressure	of	air	above	a	curved
surface	is	higher	as	a	result.	The	increase	in	saturated	vapor	pressure	above	a	curved	surface	with	radius	r	relative	to	the	saturated	vapor	pressure	above	a	flat	water	surface	is	de	sat,	where:	de	sat	rv	2S	=	r	r	r	w	v	(10.1)	where	r	w	and	r	v	are	the	densities	of	water	and	water	vapor,	respectively,	and	S	is	the	surface	tension	of	water.	Therefore,	in
principle,	the	difference	in	saturated	vapor	pressure	goes	to	infinity	as	the	radius	of	the	curved	surface	goes	to	zero.158	Formation	of	Clouds	133	Table	10.2	Typical	values	for	the	radius,	concentration	and	terminal	velocity	of	the	airborne	entities	present	in	clouds.	Airborne	entity	Radius	(mm)	Concentration	(per	m	3	)	Terminal	velocity	(m	s	-1	)
Atmospheric	aerosols	Various	but	small	Typical	cloud	condensation	nuclei	Typical	cloud	droplet	Large	cloud	droplet	Cloud/rain	borderline	droplet	Raindrop	The	form	of	Equation	(10.1)	means	that	the	saturated	vapor	pressure	at	which	condensation	on	to	a	surface	can	occur	is	less	for	surfaces	with	larger	radius	than	it	is	for	surfaces	with	smaller
radius.	Cloud	droplet	size,	concentration	and	terminal	velocity	Because	saturated	vapor	pressure	is	higher	over	curved	surfaces,	condensation	in	clouds	is	preferentially	onto	the	larger	aerosols,	i.e.,	onto	the	fraction	of	aerosols	that	are	most	rare,	particularly	if	they	are	hydrophilic.	Because	of	this,	the	cloud	droplet	density	in	clouds	is	typically	a
thousand	times	less	than	the	density	of	atmospheric	aerosols,	i.e.,	about	10	9	per	cubic	meter	rather	than	per	cubic	meter.	The	ratio	of	the	area	of	a	cloud	particle	to	its	volume	is	greater	for	smaller	particles	than	for	larger	particles.	As	a	result,	if	growth	is	only	by	condensation	(as	opposed	to	by	collisions),	smaller	drops	increase	their	diameter	more
quickly	than	the	larger	drops.	Hence,	not	only	does	the	mean	value	of	the	particle	diameter	increase	with	time	in	a	cloud,	but	also	the	spectrum	of	diameters	present	in	the	cloud	narrows	because	the	smaller	diameter	particles	grow	quicker.	Table	10.2	shows	typical	values	for	the	radius	of	aerosol	particles,	cloud	condensation	nuclei,	cloud	droplets
and	raindrops	in	a	cloud,	their	likely	concentration,	and	terminal	velocity.	For	comparison,	the	order	of	magnitude	of	uplift	in	developing	clouds	is	1	m	s	1.	How	do	clouds	work?	Clouds	occur	when	atmospheric	uplift	causes	air	to	cool,	saturate,	and	condense	water	vapor	onto	cloud	condensation	nuclei.	The	smallest	cloud	droplets	or	ice	particles	are
swept	upward	by	the	uplift	while	still	growing.	When	they	have	grown	larger	they	can	hang,	apparently	stationary,	in	the	rising	air	because	their	terminal	velocity	is	similar	to	the	uplift.	A	fraction	of	these	water	droplets	or	ice	particles	may	become	large	enough	to	fall	out	of	the	cloud	but	these	quickly	evaporate.	Eventually,	the	cloud	particles
become	larger	still,	large	enough159	134	Formation	of	Clouds	Cold	clouds	Dominant	in	the	higher	atmosphere	and	at	high	latitudes	Mixed	clouds	Supercooled	droplets	Water	droplets	Warm	clouds	Dominant	in	the	lower	atmosphere	and	at	low	latitudes	Ice	particle	50	C	40	C	30	C	20	C	10	C	0	C	10	C	Figure	10.3	Temperature	ranges	and	constituents
for	different	cloud	types.	to	have	a	terminal	velocity	such	that	they	fall	through	the	cloud	despite	uplift,	colliding	with	and	capturing	water	from	the	smaller	particles	as	they	do	so.	The	resulting	large	cloud	particles	so	formed	which	fall	out	of	the	cloud	may	then	be	big	enough	to	reach	the	ground	as	rain	or	snow	before	they	can	evaporate.	In	strongly
convective	conditions,	uplift	in	the	cloud	can	become	so	rapid	that	it	is	hard	for	particles	to	fall	against	it.	As	a	result,	they	continue	to	grow	until	they	eventually	become	much	larger	and	can	fall	out	of	the	cloud	to	reach	the	ground,	usually	as	heavy	rain.	Ice	in	clouds	Broadly	speaking	there	are	three	types	of	clouds	which	are	distinguished	by	the	air
temperature	in	which	they	exist,	i.e.,	cold	clouds	when	the	air	temperature	is	40	C	or	less,	made	up	almost	entirely	of	ice	particles;	warm	clouds	when	the	air	temperature	is	greater	than	0	C,	made	up	almost	entirely	of	water	droplets;	and	mixed	clouds	between	these	two	temperatures	which	are	a	mixture	of	ice	particles	and	water	droplets,	see	Fig
The	ice	particles	present	in	mixed	and	cold	clouds	can	be	formed	or	grow	in	different	ways,	the	most	important	being:	Spontaneous	nucleation:	at	low	temperatures	(<	40	C)	a	chance	aggregation	of	enough	water	molecules	can	spontaneously	freeze	into	an	ice	particle;	Heterogeneous	nucleation:	ice	grows	around	a	pre-existing	ice	nucleus	inside	a
water	droplet;	Contact	nucleation:	a	pre-existing	supercooled	water	droplet	makes	contact	with	a	pre-existing	ice	particle	and	is	captured	to	increase	the	size	of	the	ice	particle;	and	Bergeron-Findeison	process:	water	evaporated	from	water	droplets	freezes	directly	on	to	pre-existing	ice	particle.160	Formation	of	Clouds	135	The	relative	importance	of
these	processes	can	influence	the	overall	structure	and	shape	of	the	cloud	and	the	extent	and	severity	of	any	precipitation	that	may	be	generated	by	them.	Cloud	formation	processes	Thermal	convection	Whether	cloud	develops,	and	the	extent	and	form	in	which	it	develops,	depends	on	the	lapse	rate	of	the	advected	atmosphere,	i.e.,	on	the
Environmental	Lapse	Rate	(G	e	).	The	Environmental	Lapse	Rate	is	the	lapse	rate	of	the	incoming	air	mass	and	so	is	location-specific	and	changes	with	time	because	it	is	determined	by	the	history	of	inputs	and	outputs	to	the	atmosphere	upstream.	It	might	be	measured	using	a	radiosonde	attached	to	a	balloon	released	into	the	atmosphere	to	provide
data	for	weather	forecasts,	including	forecasts	of	cloud	cover.	The	Environmental	Lapse	Rate	will	usually	include	an	inversion	in	potential	temperature	at	the	tropopause	which	can	stop	the	ascent	of	moist	air	and	thus	limits	the	vertical	extent	of	cloud.	Near	the	ground	the	Environmental	Lapse	Rate	is	rarely	equal	to	(and	is	usually	less	than)	the	dry
adiabatic	lapse	rate,	G,	this	being	the	approximate	rate	at	which	buoyant	air	cools	when	it	ascends	quickly,	see	Chapter	3.	The	potential	for	cloud	formation	depends	on	the	height	dependent	interrelationship	between	three	lapse	rates,	specifically:	The	environmental	lapse	rate,	G	e	the	(measured	or	model-calculated)	lapse	rate	of	the	air	overlying	the
location	of	interest	into	which	cloud	might	be	seeded.	The	dry	adiabatic	lapse	rate,	G	the	rate	at	which	air	cools	if	is	moved	upward	in	the	atmosphere	adiabatically	(see	Chapter	3).	The	moist	adiabatic	lapse	rate,	G	m	the	rate	at	which	saturated	air	cools	if	it	is	moved	upward	in	the	atmosphere	adiabatically.	Recall	that	the	dry	adiabatic	lapse	rate	(G	=
g/c	p	)	is	constant	with	height	but	that	the	moist	adiabatic	lapse	rate,	G	m,	in	addition	to	being	smaller	than	G,	increases	with	temperature	(see	Equation	3.10).	In	practice,	temperature	decreases	with	height	inside	a	cloud,	consequently	the	moist	adiabatic	lapse	rate	and	therefore	the	rate	of	cooling	of	the	atmosphere	increases	with	height.	Figure
10.4	illustrates	the	rate	of	cooling	of	a	buoyant	parcel	of	air	(created	by	surface	warming)	that	is	seeded	into	the	atmosphere	with	three	different	Environmental	Lapse	Rates	which	we	refer	to	as	Case	1,	2,	and	3.	In	all	three	cases	the	air	parcel	initially	rises	at	the	dry	adiabatic	lapse	rate.	In	Case	1,	the	air	is	so	dry	that	the	dry	adiabatic	rate	intersects
the	environmental	lapse	rate	before	the	air	has	cooled	enough	to	saturate,	consequently	no	cloud	develops.	In	Cases	2	and	3	the	air	is	initially	moister.	Consequently,	the	parcel	rises	and	cools	at	the	dry	adiabatic161	136	Formation	of	Clouds	Environmental	lapse	rate	Moist	adiabatic	lapse	rate	Environmental	lapse	rate	Moist	adiabatic	lapse	rate
Environmental	lapse	rate	Height	above	the	ground	Height	above	the	ground	Height	above	the	ground	Lifting	condensation	level	Dry	adiabatic	lapse	rate	Dry	adiabatic	lapse	rate	Dry	adiabatic	lapse	rate	Virtual	temperature	Case	1	Virtual	temperature	Case	2	Virtual	temperature	Case	3	Figure	10.4	The	mechanism	of	ascent	and	cloud	formation	for	the
three	different	cases	described	in	the	text.	lapse	rate	until	it	reaches	the	lifting	condensation	level,	i.e.,	the	height	at	which	the	temperature	of	the	parcel	has	cooled	enough	for	it	to	saturate.	At	this	level	cloud	formation	begins.	In	Cases	2	and	3	the	parcel	then	continues	to	rise,	but	now	being	saturated	inside	the	cloud,	it	cools	at	the	moist	adiabatic
rate.	The	rate	of	cooling	is	therefore	less,	but	the	cooling	rate	gradually	increases	as	the	air	temperature	decreases	with	height	inside	the	cloud.	These	two	cases	are	different	because	the	environmental	lapse	rates	into	which	the	buoyant	moist	air	is	seeded	are	different.	In	Case	2	the	moist	adiabatic	lapse	rate	intersects	the	environmental	lapse	rate
before	the	tropopause	so	ascent	and	cloud	formation	stops	at	this	level.	However,	in	Case	3	the	environmental	lapse	rate	is	such	that	the	moist	adiabatic	lapse	rate	does	not	intersect	the	environmental	lapse	rate	before	the	tropopause.	In	Case	2	cloud	development	is	inhibited	by	loss	of	buoyancy,	but	in	Case	3	tall	cumulus	tower	clouds	can	develop
with	a	consequently	greater	potential	to	generate	stronger	uplift	inside	the	cloud	and	heavier	precipitation.	Foehn	effect	When	a	moist,	unsaturated	air	mass	moving	horizontally	impinges	on	a	topographic	barrier,	the	air	is	forced	to	ascend	(Fig.	10.5a).	If	ascent	is	sufficiently	rapid,	the	moist	air	first	cools	at	approximately	the	dry	adiabatic	lapse
rate162	Formation	of	Clouds	137	(a)	Moist	airflow	Cloud	development	Precipitation	Topographic	barrier	Warming	at	dry	adiabatic	lapse	rate	Cooler,	moist	air	Saturation	level	Forced	uplift	giving	cooling	at	dry	adiabatic	lapse	rate	Warmer,	drier	air	(b)	Height	Environmental	lapse	rate	Figure	10.5	(a)	Diagrammatic	illustration	of	the	Foehn	effect;	(b)
Cooling	and	warming	rates	of	moist,	unsaturated	air	forced	to	pass	over	a	topographic	barrier	assuming	some	of	the	moisture	in	the	air	is	lost	by	precipitation	between	the	upwind	and	downwind	sides.	Leeward	cloud	base	Windward	cloud	base	Moist	adiabatic	lapse	rate	Dry	adiabatic	lapse	rate	Virtual	temperature	(Fig.	10.5b)	until	it	reaches	the
cloud	condensation	level	when	cloud	starts	to	form.	It	then	continues	rising	and	cooling	at	the	moist	adiabatic	lapse	rate,	giving	more	cloud	and	possibly	precipitation	preferentially	on	the	windward	side	of	the	barrier.	Once	the	air	reaches	the	top	of	the	topographic	barrier,	it	begins	to	fall	and	warm	again	and,	being	still	in	cloud,	does	so	at	the	moist
adiabatic	lapse	rate.	Assuming	some	moisture	was	lost	as	precipitation	during	the	ascent,	the	water	vapor	content	(mixing	ratio)	of	the	air	is	now	less	than	before	the	ascent.	Consequently,	the	air	becomes	unsaturated	at	a	lower	temperature	and	at	a	higher	level,	so	the	cloud	begins	to	dissipate	with	a	higher	cloud	base	downwind	of	the	barrier	than
upwind	of	the	barrier.	Once	it	becomes	unsaturated	the	descending	air	continues	to	warm,	now	at	the	dry	adiabatic	lapse	rate.	The	net	effect	of	this	forced	transit	over	a	barrier	is	that	some	of	the	water	vapor	originally	in	the	air	mass	is	precipitated	mainly	on	the	windward	side,	and	the	air	downwind	of	the	barrier	is	ultimately	drier	and	warmer	than
it	was	on	the	upwind	side.163	138	Formation	of	Clouds	Figure	10.6	Development	of	wave	clouds	over	and	downwind	of	a	topographic	barrier	showing	as	(a)	the	mountain	wave	or	helm	cloud,	as	(b)	the	subsequent	wave	clouds,	and	as	(c)	the	rotor	cloud.	(a)	Cold	air	Warm	air	Figure	10.7	Cross-section	of	a	typical	(a)	cold	front	and	(b)	warm	front.	In
both	cases	the	vertical	scale	is	exaggerated.	(b)	Warm	air	Cold	air	In	certain	circumstances	significant	turbulent	eddies	can	develop	downwind	of	a	topographic	barrier,	and	clouds	may	form	at	the	crests	of	the	waves	or	at	the	top	of	the	large-scale	eddies	so	caused	(Fig.	10.6).	Extratropical	fronts	and	cyclones	These	weather	systems	normally	result
from	the	interaction	of	two	air	masses	with	characteristically	different	temperatures.	The	interface	between	two	air	masses	is	called	a	cold	front	if	colder	air	displaces	and	moves	beneath	warm	air	(Fig.	10.7a)	and	a	warm	front	if	warm	air	displaces	and	moves	over	cold	air	(Fig.	10.7b).	In	cold	fronts	the	interface	between	the	two	air	masses	tends	to	be
steeper	than	for	warm	fronts	so	the	resulting	patterns	of	cloud	and	precipitation	are	less	extensive	in	nature.	An	approaching	cold	front	is	usually	associated	with	increasing	wind	speed	and	reducing	pressure,	accompanied	by	increasing	cloud	that	becomes	lower	and	produces	more	precipitation	as	the	front	passes.	If	the	warm	air	is	unstable,
scattered	heavy	storms	may	occur.	After	passage	of	the	front,	the	air	temperature	falls	sharply,	pressure	rises	rapidly,	the	wind	direction	changes,	and	the	weather	generally	becomes	cooler	and	drier.164	Formation	of	Clouds	139	(a)	High	pressure	Cool	air	(b)	Cool	air	Low	pressure	High	pressure	Warm	air	Warm	air	(c)	(d)	A	Low	A	pressure	C	Low
pressure	Cool	air	C	Cool	air	B	B	Warm	air	High	pressure	Cool	air	Warm	air	High	pressure	Figure	10.8	Evolution	of	a	typical	northern	hemisphere	cyclone	as	illustrated	by	surface	weather	maps,	with	the	wind	aloft	shown	parallel	to	isobars	of	constant	pressure;	(a)	stationary	front	with	wind	shear	across	the	interface;	(b)	and	(c)	a	frontal	wave	with
growing	amplitude;	(d)	warm	front	being	overtaken	by	the	cold	front	to	create	an	occluded	front.	Warm	fronts	tend	to	move	more	slowly	than	cold	fronts	and	they	are	usually	less	well-defined	because	the	interface	is	shallower.	As	the	warm	air	moves	over	the	cold	air,	a	broad	band	of	cloud	develops	which	may	extend	several	hundred	kilometers	ahead
of	the	front	and	likely	gives	rise	to	precipitation.	If	the	warm	air	is	moist	and	stable	the	precipitation	increases	gradually	as	the	front	approaches,	but	if	it	is	moist	and	unstable	taller	cloud	will	likely	occur	and	often	heavy	storms	will	result	as	well.	Because	the	interface	between	air	masses	tends	to	be	unstable,	it	frequently	evolves	into	a	spiraling
stream	as	a	result	of	the	rotation	of	the	Earth.	The	resulting	weather	system	is	called	a	cyclone.	Cyclones	vary	greatly	but	Figs	10.8	and	10.9	show	a	typical	life	cycle.	In	the	initial	stages	the	winds	on	either	side	of	the	stationary	front	are	blowing	in	opposite	directions	(Fig.	10.8a).	As	a	result	of	small	disturbances	in	the	shear	or	other	irregularities	in
surface	roughness	or	surface	heating,	the	front	may	gradually	assume	a	wave-like	shape	(Fig.	10.8b),	which	may	persist	and	increases	in	amplitude.	In	due	course,	a	frontal	wave	evolves	with	well-defined	cold	and	warm	fronts	that	in	the	northern	hemisphere	has	a	counterclockwise	flow	pattern	(Fig.	10.8c).	Because	the	cold	front	portion	usually
moves	quicker	than	the	warm	front	portion,	the	cold	front	eventually	overtakes	the	warm	front	to	become	an	occluded	front	(Fig.	10.8d),	at	which	time	the	cyclone	achieves	maximum	intensity.	Later	the	occlusion	gradually	disappears	and	a	new	cyclone	may	be	formed.165	140	Formation	of	Clouds	(a)	A-A	Warm	air	Cool	air	Cool	air	(b)	B-B	Cool	air
Warm	air	Cool	air	Figure	10.9	Vertical	cross-section	along	(a)	the	lines	A-A	in	Figure	10.8c;	(b)	the	lines	B-B	in	Figure	10.8c;	and	(c)	the	line	C-C	in	Figure	10.8d.	(c)	Cool	air	C-C	Warm	air	Cool	air	Figure	10.9	illustrates	typical	cloud	and	precipitation	behavior	in	the	vertical	cross-sections	along	the	lines	A-A	and	B-B	in	Fig.	10.8c,	and	along	C-C	in	Fig.
10.8d.	The	cross-section	along	line	B-B	shows	the	expected	behavior	for	the	two	separated	fronts	moving	to	the	right,	while	the	line	A-A	shows	the	behavior	in	a	region	where	the	warm	air	has	risen	and	is	still	rising	above	the	cold	air.	The	behavior	shown	in	the	cross-section	C-C	illustrates	the	behavior	when	the	two	fronts	have	become	occluded	and
cyclonic	activity	is	at	its	peak.	Cloud	genera	Classification	of	clouds	is	not	straightforward.	Cloud	morphology	and	cloud	height	are	the	usual	basis	for	defining	cloud	genera.	The	form	of	cloud	is	indicated	by	the	names	cumulus	meaning	heaped,	stratus	meaning	layered,	and	cirrus	meaning	fibrous.	However,	the	designation	nimbus,	which	indicates
rain	clouds,	is	additionally	used	as	a	qualifier.	Cumulonimbus,	for	example,	describes	a	cloud	with	a	heaped	form	that	produces	precipitation,	a	designation	that	is	almost	synonymous	with	a	thunderstorm.	Cumulus	clouds	may	extend	through	the	troposphere,	and	stratus,	cirrus,	and	cumulus	may	have	a	height	related	prefix,	such	as	alto,	which
implies	medium	height.	The	main	cloud	genera	currently	used	are	given	in	Table	10.3,	along	with	some	important	cloud	characteristics	associated166	Formation	of	Clouds	141	Table	10.3	Cloud	genera	based	on	morphology	and	height	of	occurrence.	Category	Type	(abbreviation)	Base	height	(km)	Depth	(km)	Typical	base	temperature	(	C)	Water
content	(g	m	3	)	High	Cirrus	(Ci)	to	Cirrocumulus	(Cc)	to	60	Cirrostratus	(Cs)	to	60	Medium	Altocumulus	(Ac)	to	Altostratus	(As)	to	Low	Stratus	(St)	to	Stratocumulus	(Sc)	to	+15	Nimbostratus	to	Vertical	Cumulus	to	Cumulonimbus	to	with	these	genera.	Sometimes	an	additional	word	of	Latin	origin	is	added	as	a	qualification	of	these	genera,	such	as
lenticularis	meaning	lens-shaped.	Important	points	in	this	chapter	Requirements	for	cloud:	three	things	are	required:	(a)	sufficient	atmospheric	moisture	to	produce	cloud	if	the	air	is	cooled;	(b)	cloud	condensation	nuclei	(CCN)	on	which	to	condense	water	vapor;	and	(c)	a	mechanism	to	cool	air	to	generate	condensation,	this	usually	being	some	form
of	atmospheric	uplift.	Cloud	generation:	the	two	main	mechanisms	that	give	the	required	atmospheric	uplift	to	cool	air	and	produce	cloud	are:	buoyant	ascent	of	parcels	of	warmed	moist	air	giving	convective	cloud	that	is	tall	and	has	horizontal	dimensions	of	order	100s	to	1000s	of	meters;	and	large-scale	horizontal	movement	in	the	atmosphere	that
results	in	air	moving	upward	(a	warm	air	mass	rising	over	colder	air;	a	cold	air	mass	pushing	beneath	a	warmer	air	mass	forcing	it	up;	or	air	that	is	forced	to	rise	over	topography)	giving	shallower	frontal	cloud	with	horizontal	dimensions	of	order	1	to	10s	of	km.	Near-surface	mixing	of	saturated	air	with	different	temperatures	can	also	give	small	wisps
of	cloud	as	in	sea	frets	and	above	rain-soaked	forests.	Cloud	condensation	nuclei:	in	air,	there	are	typically	m	3	aerosols	that	are	potential	condensation	nuclei	for	cloud	droplets,	these	being	mainly	of	natural	origin,	but	with	local	enhancements	by	human	activities.	Aerosol	concentration	falls	rapidly	with	diameter	from	Aitken	Nuclei	(2	μm)167	142
Formation	of	Clouds	Vapor	pressure	near	curved	surfaces:	saturated	vapor	pressure	above	curved	surfaces	is	higher	because	water	molecules	can	escape	more	readily	from	them	so	condensation	is	easier	onto	droplets	with	larger	radius.	Droplet	concentration:	cloud	droplet	density	is	about	1000	times	less	than	aerosol	density	(	10	9	m	3	versus	m	3	)
because	condensation	is	easier	onto	larger	radii	aerosols	that	are	much	less	common	(see	last	two	points).	How	do	clouds	work?:	smaller	cloud	particles	with	lower	terminal	velocity	are	swept	upward	or	hang	almost	stationary	in	the	atmospheric	uplift	in	clouds	until	some	particles	grow	large	enough	to	fall	quickly	through	the	cloud,	gathering	water
from	smaller	particles	as	they	do	so.	These	leave	the	cloud	and	some	may	be	big	enough	to	reach	the	ground	before	evaporating.	Cloud	types:	three	types	of	cloud	are	distinguished	by	their	temperature,	cold	clouds	(<	40	C),	mixed	clouds	(	40	C	to	0	C)	and	warm	clouds	(>0	C).	Cloud	formation:	three	important	cloud	formation	mechanisms	described
in	the	text	are	Thermal	convection,	the	Froehn	effect,	and	Extratropical	fronts	and	cyclones.	Cloud	genera:	cumulus	means	heaped,	stratus	means	layered,	and	cirrus	means	fibrous,	with	nimbus	indicating	rain	clouds	used	as	a	qualifier,	and	alto	and	cirro	respectively	used	as	a	prefix	to	indicate	medium	and	high.168	11	Formation	of	Precipitation
Introduction	As	discussed	in	the	last	chapter,	clouds	are	made	up	of	cloud	droplets,	ice	particles,	or	a	mixture	of	the	two,	depending	on	the	temperature	of	the	cloud	and	therefore	on	its	height	and	location.	It	is	very	difficult	for	these	basic	constituents	to	reach	the	ground	because	they	are	small	in	size	and	so	have	very	low	terminal	velocity;	there	is
also	often	uplift	in	the	cloud	that	counteracts	the	tendency	they	have	to	fall.	Even	droplets	or	particles	that	are	just	large	enough	to	fall	out	of	the	cloud	are	likely	to	evaporate	before	they	reach	the	ground,	once	they	leave	the	saturated	atmosphere	inside	the	cloud.	Moreover,	cloud	particles	do	not	grow	rapidly	enough	by	simple	condensation	to	fall	as
precipitation.	Some	other	growth	mechanism	is	required.	As	discussed	in	more	detail	below,	there	are	two	general	ways	cloud	particles	can	grow	more	quickly.	The	first	is	via	some	form	of	collision.	The	name	given	to	growth	processes	that	involve	collision	is	different	depending	on	the	phase	of	the	cloud	particles	involved.	When	water	droplets	collide
with	other	water	droplets	and	grow	as	a	result,	the	process	is	called	coalescence.	This	can	occur	in	both	warm	clouds	and	mixed	clouds.	When	ice	particles	grow	by	colliding	with	other	ice	particles,	the	growth	process	is	called	aggregation.	This	can	occur	in	both	cold	clouds	and	mixed	clouds.	When	an	ice	particle	grows	by	colliding	with	and	freezing
the	water	from	(or	riming)	water	droplets,	the	process	is	called	accretion.	This	process	can	only	occur	in	mixed	clouds.	All	of	these	collision	processes	require	that	there	is	air	motion	within	the	cloud,	but	this	is	a	common	phenomenon	in	clouds.	A	second	way	that	ice	particles	grow	in	mixed	clouds	is	by	the	Bergeron-	Findeisen	process.	In	this	process
(described	in	greater	detail	later)	ice	particles	grow	at	the	expense	of	water	droplets	in	the	cloud	because	there	is	a	difference	in	the	saturated	vapor	pressure	for	ice	and	water	at	the	same	temperature.	This	growth	process	does	not	necessarily	require	internal	movement	in	the	cloud,	but	it	can	Terrestrial	Hydrometeorology,	First	Edition.	W.	James
Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.169	144	Formation	of	Precipitation	obviously	only	give	growth	in	mixed	cloud	where	both	phases	of	water	coexist.	It	is	worth	noting	that	there	are	more	growth	processes	available	for	mixed	clouds,	i.e.,	all	the	collision	processes	as	well	as	the	Bergeron-Findeisen	process,
and	their	ability	to	produce	precipitation	is	therefore	greater	than	for	warm	clouds	or	cold	clouds.	Precipitation	formation	in	warm	clouds	It	is	clear	from	the	discussion	above	that,	in	clouds	that	ultimately	produce	precipitation,	the	growth	of	cloud	particles	is	complex,	and	that	it	is	particularly	so	for	mixed	clouds.	A	full	description	of	the	microphysics
of	cloud	evolution	is	beyond	the	scope	of	this	text.	However,	it	is	helpful	to	consider	at	least	the	simplest	case	of	droplet	growth	in	warm	clouds	to	provide	basic	insight	into	the	complex	process	of	collision	growth.	By	definition,	the	air	temperature	in	a	warm	cloud	is	above	0	C.	Consequently,	warm	clouds	are	found	below	the	0	C	isotherm,	which
means	they	have	a	limited	depth	at	middle	and	high	latitudes	where	they	make	only	a	small	contribution	to	precipitation.	But	their	contribution	to	tropical	precipitation	and	to	warm	season	precipitation	can	be	appreciable.	In	warm	clouds,	coalescence	is	the	only	collision	mechanism	available	for	cloud	particle	growth.	It	occurs	between	droplets	or
drops	of	different	size	that	are,	therefore,	falling	at	different	rates.	The	larger	drop	falls	more	quickly	and	collides	with	and	potentially	captures	the	slower	moving	smaller	drop.	The	likelihood	of	two	water	droplets	colliding	can	be	expressed	in	terms	of	an	impact	parameter,	y,	which	is	equal	to	the	distance	between	the	geometric	centers	of	the	two
droplets	(Fig.	11.1a).	Collision	is	likely	if	y	=0	and	unlikely	if	y	>>	(R	+	r),	where	R	is	the	radius	of	the	larger	collector	drop	and	r	is	the	radius	of	the	smaller	drop	with	which	the	collector	drop	collides.	However,	the	distinction	between	whether	there	is	or	is	not	a	collision	is	blurred	because	complications	arise,	some	of	which	are	illustrated	in	Fig.
11.1b.	The	collision	efficiency,	E	1,	is	defined	to	be	the	effective	area	for	which	collision	of	the	two	cloud	droplets	is	certain	relative	to	the	area	[π(r	+	r)	2	]	for	which	collision	would	be	certain	in	the	absence	of	these	complicating	processes.	The	value	of	E	1	varies	from	near	zero	when	both	cloud	droplets	are	small	to	near	unity	when	both	are	large
(Fig.	11.2).	However,	not	all	collisions	will	result	in	the	two	droplets	coalescing	because,	having	collided,	they	can	then	subsequently	break	apart.	So	it	is	necessary	to	multiply	E	1	by	the	coalescence	efficiency,	E	2,	which	decreases	markedly	for	droplets	of	similar	size,	to	give	the	collection	efficiency,	E	c,	with	which	a	falling	droplet	will	collide	with
and	then	absorb	another	droplet,	hence	E	c	=	(E	1	E	2	).	Attempts	have	been	made	to	estimate	E	1,	E	2,	and	E	c	theoretically,	but	it	is	very	difficult	to	validate	these	theoretical	estimates	experimentally.	Given	a	(perhaps	approximate)	description	of	the	collection	of	droplets	by	a	single	droplet,	the	next	step	is	to	imagine	a	large	droplet	of	radius	R
falling	though	a	field	of	smaller	droplets	that	are	of	uniform	radius	r	and	equally	distributed	in	space.	Assuming	R	>>	r,	it	can	be	easily	shown	that	the	resulting	rate	of	growth	in	the	radius	R	is	given	by:170	(a)	R	(b)	Formation	of	Precipitation	145	Complicating	process:	Small	droplet	caught	in	air	flow	around	large	droplet	Figure	11.1	(a)	Collision	of	a
large	cloud	droplet	with	a	small	cloud	droplet	(b)	complicating	process	that	means	the	impact	factor,	y,	is	not	a	perfect	diagnostic	of	collision	likelihood.	r	y	Wake	of	large	drop	allows	small	droplet	to	coalescence	Thin	air	layer	keeps	droplets	separate	1.0	Large	collector	drop	(e.g.	30	μm)	Collision	efficiency	Medium	collector	drop	(e.g.	20	μm)	Figure
11.2	Typical	profiles	of	collision	efficiency	for	two	falling	droplets	with	different	radii.	Note	the	low	magnitude	of	the	collision	efficiency	for	a	small	collector	drop	Small	collector	drop	(e.g.	10	μm)	Ratio	of	radius	of	smaller	drop	to	larger	drop	dr	dt	=	(	)	v	v	we	R	r	c	4r	w	(11.1)	where	v	R	and	v	r	are	the	terminal	velocities	of	the	droplets	with	radii	R	and
r,	respectively,	w	is	the	liquid	water	content	of	the	cloud	per	unit	volume,	r	w	is	the	density	of	liquid	water,	and	E	c	is	the	collection	efficiency	for	droplets	with	radii	R	and	r.171	146	Formation	of	Precipitation	If	R	is	much	greater	than	r,	then	v	R	is	much	greater	than	v	r	and	if	(for	the	purposes	of	this	illustration)	it	is	also	assumed	that	the	large
droplet	is	a	perfect	sphere,	then	v	R	is	proportional	to	R	0.5	and	it	follows	that:	dr	wr	0.5	dt	(11.2)	Equation	(11.2)	implies	that	drop	growth	occurs	at	an	accelerating	rate.	Although	the	model	just	described	illustrates	some	relevant	features	of	droplet	growth	in	a	warm	cloud,	it	is	clearly	overly	simplistic.	In	fact	the	collision	between	droplets	has
stochastic	aspects	that	involve	spatial	and	temporal	dependency.	But	more	realistic	statistical	collision	models	have	been	created	which	simulate	droplet	growth	reasonably	well.	These	show	that	the	predisposition	of	bigger	droplets	to	get	bigger	means	that	after	about	15	minutes	the	droplet	distribution	becomes	bimodal,	and	that	after	some	time
drops	with	radius	greater	than	500	μm	are	formed	which	are	able	to	fall	from	the	warm	cloud.	Precipitation	formation	in	other	clouds	In	cold	clouds,	aggregation	of	ice	particles	is	the	only	mechanism	available	for	particle	growth.	The	physics	involved	in	the	aggregation	is	broadly	similar	to	that	of	coalescence	although	there	are	additional
complicating	mechanisms	involved.	The	terminal	velocities	of	ice	crystals	in	clouds	tends	to	be	very	slow	and	to	vary	with	the	shape	of	the	particles,	with	the	more	complex	shapes	such	as	plate-shaped	crystals	having	little	variation	in	velocity	with	increasing	size.	Generally	the	terminal	velocities	of	pure	ice	crystals	are	small,	usually	less	than	0.1	m	s
1	and	commonly	around	0.05	m	s	1	and	the	range	of	terminal	velocities	is	narrow.	This	lowers	the	opportunity	for	pure	ice	particles	to	grow	by	aggregation.	The	solid	nature	of	ice	particles	also	means	they	have	a	tendency	to	bounce	off	each	other	hence	collection	efficiency	is	further	reduced.	For	all	these	reasons,	the	opportunity	for	ice	particle
growth	by	aggregation	to	precipitation-sized	entities	in	cold	clouds	is	somewhat	limited.	In	mixed	clouds	that	occur	above	the	0	C	isotherm,	but	which	have	a	temperature	greater	than	40	C,	all	the	growth	processes	mentioned	in	the	introduction	can	occur,	i.e.,	coalescence	of	water	droplets,	aggregation	of	ice	particles,	and	accretion	of	water	droplets
onto	ice	particles,	along	with	the	Bergeron-Findeisen	process.	Aggregation	can	be	more	effective	in	mixed	clouds	if	the	ice	particles	have	a	thin	film	of	supercooled	water	on	their	surface.	This	makes	them	sticky	because	the	thin	layer	of	water	between	the	colliding	ice	particles	freezes	instantaneously.	The	efficiency	with	which	this	aggregation
occurs	seems	to	be	greater	in	the	temperature	range	4	C	to	0	C.	Snowflakes	are	formed	by	this	process	with	the	largest	snowflakes	produced	in	the	warmest	regions	of	clouds.	Although	the	terminal	velocities	of	ice	particles	are	small,	differential	motion	of	ice	particles	and	water	droplets	within	mixed	clouds	results	in	collisions,	so	accretion	is	a172
Formation	of	Precipitation	147	e	air	=	kpa	Vapor	flow	Figure	11.3	Ice	particle	growth	by	vapor	transfer	in	the	Bergeron-Findeisen	Process.	e	sat	(	10)	=	kpa	Ice	particle	e	sat	(	10)	=	kpa	Water	droplet	comparatively	efficient	mechanism	by	which	particle	growth	can	yield	precipitationsized	drops.	In	the	cold	portions	of	a	cloud	the	freezing	of	water
onto	cold	ice	particles	can	be	so	rapid	that	the	process	is	sometimes	called	dry	growth.	If	the	water	content	of	a	mixed	cloud	is	high,	the	water	gathered	by	accretion	onto	ice	particles	can	be	considerable,	and	there	may	be	opportunity	for	several	water	drops	to	combine	together	before	freezing,	giving	layers	of	ice.	The	resulting	particle	can	become
quite	large	and	quite	dense,	resulting	in	hail.	If	the	water	content	of	the	cloud	is	low,	accretion	is	slower	and	air	can	be	trapped	in	the	particle	giving	graupel.	In	mixed	clouds,	the	Bergeron-Findeisen	process	can	occur	and	is	the	most	important	mechanism	responsible	for	producing	precipitation-sized	particles,	to	the	extent	that	in	some
meteorological	models	it	is	the	only	process	represented.	In	part	this	importance	is	because	the	large	majority	of	precipitating	clouds	extend	upward	above	the	0	C	isotherm	and	there	is,	therefore,	an	appreciable	thickness	in	which	ice	particles	and	(supercooled)	water	droplets	coexist.	In	addition,	tall	convective	clouds	may	occur	that	seed	ice
particles;	these	fall	and	grow	rapidly	at	the	expense	of	the	water	droplets	in	lower,	warmer	clouds	with	higher	liquid	water	content.	But	the	main	reason	why	the	Bergeron-Findeisen	process	is	so	important	is	because	it	does	not	require	air	movement	in	the	cloud	or	mechanical	collision.	It	is	therefore	very	efficient	and	is	considered	capable	of
producing	more	intense	rainfall	such	as	that	which	occurs	from	cumulonimbus	cloud.	The	process	itself	is	simple,	see	Fig	It	relies	on	the	fact	that	there	is	a	difference	between	the	saturated	vapor	pressure	for	water	vapor	over	ice	and	water	vapor	over	water.	Consider	evaporation	from	supercooled	water	on	the	one	hand	and	sublimation	from	ice	on
the	other.	For	the	reasons	discussed	in	detail	in	Chapter	2,	because	the	water	in	ice	is	more	rigidly	bound,	it	takes	more	energy	to	release	a	molecule	to	the	vapor	state	and,	as	a	result,	the	saturated	vapor	pressure	is	less	for	ice	than	water,	see	Table	Figure	11.3	illustrates	how	the	Bergeron-Findeisen	Process	operates	for	an	example	case	in	which
the	air	in	the	mixed	cloud	has	a	temperature	of	-10	C.	At	this	temperature,	the	saturated	vapor	pressure	over	water	is	kpa,	but	that	over	ice	is	kpa.	The	air	inside	the	cloud	will	establish	a	vapor	pressure	that	is	intermediate	to	these	two,	at	(say)	kpa.	The	air	is	therefore	unsaturated	with	respect	to	water,	and	water	vapor	is	evaporated	into	the	air	from
the	water	droplets.	However,	the	air	is	supersaturated	with	respect	to	ice.	Consequently,	water173	148	Formation	of	Precipitation	Table	11.1	Saturated	vapor	pressure	over	water	and	ice	as	a	function	of	temperature.	Temperature	(	C)	Saturated	vapor	pressure	over	water	(kpa)	Saturated	vapor	pressure	over	ice	(kpa)	vapor	is	frozen	out	of	the	air	and
directly	deposited	on	to	the	ice	particles.	Because	there	is	no	physical	movement	of	cloud	particles	involved,	the	transfer	of	vapor	and	resulting	ice	particle	growth	can	be	rapid.	Which	clouds	produce	rain?	Most	clouds	do	not	produce	rain.	This	can	be	seen	easily	by	comparing	satellite	derived	maps	of	cloud	cover	with	simultaneous	maps	of
precipitation	intensity	derived	from	rainfall	radar,	both	of	which	are	now	readily	available	on	the	Internet.	Clouds	do	not	produce	rain	if	they	are:	too	short	lived,	or	have	not	yet	been	in	existence	long	enough	for	drops	of	sufficient	size	to	escape	from	the	cloud	and	fall	to	the	ground;	too	shallow	to	allow	vertical	motion	that	encourages	particle	growth;
too	high,	which	implies	that	they	have	low	moisture	content	because	they	are	cold,	they	have	limited	internal	vertical	motion,	and	any	precipitation	generated	has	abundant	opportunity	to	evaporate	before	reaching	the	ground.	Clouds	that	are	more	likely	to	produce	precipitation	have	the	opposite	characteristics	to	those	given	above,	specifically	they:
have	existed	for	some	time,	so	they	more	likely	have	greater	dynamical	activity	which	includes	differential	vertical	motion,	and	there	has	been	more	time	for	multiple	collisions	to	have	occurred	between	component	cloud	particles;174	Formation	of	Precipitation	149	Table	11.2	Recognized	forms	of	precipitation.	Precipitation	form	Description	Liquid
precipitation	Rain	Drizzle	Freezing	rain	or	drizzle	Drops	of	water	with	diameter	>0.5	mm	but	smaller	if	widely	scattered	Fine	drops	of	water	with	diameter	235	K,	a	rain	rate	of	0	mm/hour	is	assigned.	The	GPI	estimate	works	best	over	space	and	time	averages	of	at	least	250	km	and	6	hours,	respectively,	and	in	oceanic	regions	with	deep	convection.
Several	other	precipitation	products	based	on	OLR	are	also	available.	Some,	such	as	the	PERSIANN	precipitation	product,	have	developed	interrelationships	using	neural	networks	rather	than	using	fixed	formulae	or	linear	regression.	At	microwave	frequencies,	the	atmosphere	is	almost	transparent	where	no	precipitating	clouds	occur.	Where	there	is
high	humidity	and	particularly	where	there	are	precipitating	clouds,	microwave	emissivity	and	absorption	is	greater.	Consequently,	data	from	satellite	sensors	operating	in	the	microwave	waveband	can	contribute	information	relevant	to	remote	sensing-based	precipitation198	Precipitation	Measurement	and	Observation	173	products.	One	microwave-
based	data	product	is	the	Goddard	Profiling	Algorithm	(GPROF)	fractional	occurrence	of	precipitation	which	gives	the	fraction	of	area	with	precipitation	on	a	0.5	by	0.5	grid	over	ocean.	The	algorithm	applies	a	Bayesian	inversion	method	to	the	observed	microwave	brightness	temperatures	using	an	extensive	library	of	cloud-model-based	relations
between	hydrometeor	profiles	and	microwave	brightness	temperatures.	Each	hydrometeor	profile	is	associated	with	a	surface	precipitation	rate.	There	is	value	in	seeking	to	use	the	many	alternative	sources	of	remotely	sensed	data	relevant	to	estimating	precipitation	now	available	to	provide	a	single	best	estimate.	The	Global	Precipitation	Climatology
Project	(GPCP)	seeks	to	derive	such	a	preferred	satellite	precipitation	data	set	by	selecting	and	merging	data	from	many	sources.	Spaceborne	radar	Good	progress	has	been	made	toward	remote	sensing	precipitation	using	space-based	radar	broadly	similar	to	that	used	in	ground-based	systems,	and	there	are	plans	to	develop	this	approach	further.
The	precipitation	radar	used	in	the	Tropical	Rainfall	Measuring	mission	(TRMM)	was	the	first	spaceborne	instrument	designed	to	provide	three-dimensional	maps	of	storm	structure.	These	measurements	yield	information	on	the	intensity	and	distribution	of	the	rain,	on	rain	type	and	storm	depth,	and	on	the	height	at	which	the	snow	melts	into	rain.
TRMM	had	a	horizontal	resolution	at	the	ground	of	about	five	kilometers	and	a	swath	width	of	247	kilometers.	One	important	feature	was	its	ability	to	provide	vertical	profiles	of	the	rain	and	snow	from	the	surface	to	a	height	of	~20	kilometers.	The	TRMM	radar	was	able	to	detect	fairly	light	rain	rates	down	to	about	0.7	mm	hr	1,	but	it	was	less
successful	when	detecting	intense	rain	rates.	Providing	enough	power	to	detect	the	weak	return	echo	from	the	raindrops	when	seen	from	orbital	height	is	a	fundamental	challenge	with	spaceborne	radar.	From	the	standpoint	of	provide	routing	information	globally,	the	fact	TRMM	had	only	intermittent	coverage	of	the	same	location	is	also	problematic.
However,	multiple	deployment	of	spaceborne	radar	systems	is	not	a	realistic	option	for	economic	reasons.	The	proposed	solution	is	the	Global	Precipitation	Measurement	(GPM)	mission.	This	will	involve	a	core	precipitation-measuring	observatory	with	both	dual-frequency	precipitation	radar	and	a	high-resolution,	multi-channel	passive	microwave	rain
radiometer.	This	observatory	will	serve	as	the	calibration	reference	system	for	a	constellation	of	up	to	eight	support	satellites	conceived	as	being	relatively	small	spacecraft	that	carry	a	single	high-resolution,	multi-channel	passive	microwave	rain	radiometer	which	is	identical	to	that	on	the	core	satellite.	In	this	way	it	is	anticipated	that	the	GPM
mission	will	frequently	sample	the	diurnal	variation	in	rainfall	by	capitalizing	on	some	satellite	orbits	that	are	synchronized	with	the	sun	and	others	that	are	not.199	174	Precipitation	Measurement	and	Observation	Important	points	in	this	chapter	Precipitation	gauges:	provide	point	observations	by	gathering	precipitation	falling	into	a	funnel	of	known
area	and	storing	it	for	later	measurement	either	manually	or	automatically,	but	preferred	gauge	designs	and	site	recommendations	vary	between	countries	and	most	gauge	data	are	systematically	low	by	about	5	10%	for	rainfall,	and	by	much	greater	than	this	(perhaps	~50%)	for	snowfall.	Gauge	errors:	may	include	basic	instrumental	errors	(e.g.,
evaporation	loss)	but	are	mainly	caused	by	wind	blowing	across	the	gauge	top	reducing	the	catch,	although	these	can	be	reduced	by	improved	(but	rarely	implemented)	gauge	mounting	(see	text).	Gauge	design:	most	gauges	are	still	operator	read,	but	most	historical	high	time	resolution	precipitation	data	have	been	gathered	using	siphon	and	chart
recorders,	but	recording	systems	which	provide	electronic	output	such	as	when	using	a	tipping	bucket	or	a	strain	gauge/load	cell	are	now	preferred.	Areal	representativeness	of	gauges:	gauge	networks	provide	a	poor	(at	best	%)	sample	and	are	mainly	biased	toward	wealthy,	developed	countries	and	population	centers,	but	in	new	networks	strategies
that	sample	likely	systematic	spatial	influences	(see	text)	can	give	improvements.	Snowfall	measurement:	measurement	of	snowfall	using	gauges	is	problematic	because	catch	reduction	due	to	wind	is	much	greater	and	frozen	precipitation	takes	time	to	melt	and	might	cover	the	gauge	completely,	so	it	is	likely	preferable	to	measure	snow	depth	and
assume	snow	density	or	to	measure	it	as	in	snow	courses,	or	to	weigh	the	snow	cover	using	snow	pads/pillows.	Ground-based	radar	estimates:	provide	real	time	estimates	of	area-average	precipitation	over	km	2	pixels	but	they	are	inaccurate	unless	calibrated	by	underlying	gauges	and	as	yet	do	not	exist	as	long-term	records.	Satellite	precipitation
estimates:	is	an	active	area	of	hydrometeorological	research	with	activity	in	three	general	areas,	i.e.,	(a)	cloud	mapping	and	characterization;	(b)	passive	measurement	of	cloud	properties;	and	(c)	spaceborne	radar	(see	text	for	details),	all	of	which	involve	developing	empirical	relationships	between	remotely	sensed	variables	and	surface	calibration
data,	with	some	data	products	now	using	merged	information	from	several	remotely	sensed	variables.	References	Firstweather	(2010)	Online	at	Larson,	L.W.	&	Peck,	E.L.	(1974)	Accuracy	of	precipitation	measurements	for	hydrological	modeling.	Water	Resources	Research,	10,	NOAA	(2010)	Online	at200	Precipitation	Measurement	and	Observation
175	Stephenson,	P.M.	(1968)	Objective	assessment	of	adequate	numbers	of	rain	gauges	for	estimating	areal	rainfall	depths.	Proceedings	of	the	Berne	International	Association	of	Hydrological	Sciences	General	Assembly,	IAHS	Publ.	No.	78,	Sumner,	G.N.	(1988)	Precipitation	Process	and	Analysis.	John	Wiley	and	Sons,	Bath,	UK.	US	National	Atlas
(2011)	online	at:	html.201	13	Precipitation	Analysis	in	Time	Introduction	Analysis	of	variations	in	precipitation	with	time	at	a	specified	location	is	undertaken	in	many	ways,	the	nature	of	which	is	determined	by	their	purpose.	This	chapter	provides	an	overview	of	some	of	the	more	important	of	these	purpose-driven	analyses	and	the	associated
approaches	used.	One	major	reason	for	analysing	historical	precipitation	records	is	to	characterize	the	precipitation	climatology	of	a	specific	geographical	location	in	present	day	climate.	This	is	expressed	in	terms	of	the	normal	expectation	for	the	amount,	intensity,	and	timing	of	precipitation.	A	second	motivation	for	precipitation	analysis	is	to	discern
the	existence	(or	otherwise)	of	any	long	term	trends	or	periodic	oscillations	through	time	that	may	be	occurring	within	the	local	precipitation	climatology.	Sometimes	analysis	has	been	made	of	the	relationship	between	rainfall	amount	and	duration,	or	of	the	within-storm	timing	of	rainfall	with	a	view	to	identifying	the	system	signature	of	a	storm	to
identify	the	atmospheric	mechanism	that	caused	it.	The	most	practical	motivation	for	sophisticated	statistical	analyses	of	precipitation	records	is	to	provide	the	basis	for	the	design	of	infrastructure	or	water	management	systems.	Such	analyses	might,	for	example,	seek	to	aid	agricultural	management	by	estimating	the	likelihood	of	severe	drought,	or
the	reliability	of	receiving	precipitation	above	the	minimum	value	required	to	grow	a	crop.	Or	on	the	basis	of	past	observations,	they	might	seek	to	define	the	frequency	and	magnitude	of	extreme	events	and	associated	flood	discharge	to	aid	the	design	of	drainage	systems.	The	descriptions	of	analyses	of	precipitation	in	time	that	follow	are	written	in
general	terms	without	defining	the	source	of	the	precipitation	measurements.	However,	because	the	analysis	methods	described	generally	assume	the	existence	of	long	precipitation	data	records,	in	practice	such	analyses	are	usually	made	using	gauge	data.	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.
Published	2012	by	John	Wiley	&	Sons,	Ltd.202	Precipitation	analysis	in	time	177	Precipitation	climatology	Annual	variations	The	amount	and	variability	in	annual	total	precipitation	is	arguably	the	most	important	aspect	of	the	precipitation	at	a	location	because	it	determines	the	nature	of	the	region	and	its	viability	for	human	habitation.	The	basic
information	required	includes	mean	and	standard	deviation	of	annual	totals	and	any	discernable	trends	in	these.	Long-term	trends	in	annual	total	precipitation	are	of	considerable	interest	to	hydroclimatologists	concerned	with	global	science	because	trends	may	speculatively	result	from	human	intervention	in	the	Earth	system	globally,	regionally,	or
locally.	At	the	global	scale,	possible	intervention	mechanisms	include	climate	change	due	to	increasing	concentrations	of	radiatively	active	atmospheric	gases	of	human	origin;	at	the	regional	scale,	large-scale	change	in	vegetation	cover	caused	by	deforestation	or	overgrazing;	and	at	the	local	scale,	changes	in	precipitation	due	to	modified	aerosol
loading	associated	with	upwind	burning	of	agricultural	land.	Similarly,	fluctuations	in	annual	total	precipitation	may	speculatively	be	linked	to	observable	and	perhaps	predictable	variations	in	aspects	of	the	Earth	system,	such	as	the	regional	climate	impacts	that	result	from	oceanic	phenomena	such	as	El	Niño-Southern	Oscillation	(ENSO),	see
Chapter	9.	Intra-annual	variations	The	dominant	cause	of	intra-annual	variations	within	the	precipitation	climatology	at	a	location	is	the	seasonal	change	in	the	regional	pattern	of	atmospheric	circulation	discussed	in	Chapter	9.	These	changes	determine	the	atmospheric	processes	operating	to	generate	precipitation	and	to	a	significant	extent	also	the
short-term	character	of	contributing	precipitation	events.	The	general	nature	of	seasonal	changes	in	major	precipitation	patterns	is	illustrated	in	Fig	Key	features	include	the	season	to	season	changes	in	the	strength	and	location	of	the	westerly	wind	belts	north	and	south	of	the	equator,	the	north-south	movement	and	changing	pattern	of	the
precipitation	band	associated	with	atmospheric	ascent	in	the	intertropical	convergence	zone,	and	the	strong	seasonal	change	in	precipitation	associated	with	the	northerly	to	southerly	reversal	in	wind	direction	in	monsoon	systems,	especially	the	southeast	Asian	monsoon	system.	At	mid-latitudes	the	general	features	of	the	intra-annual	variations	in
precipitation	that	result	from	these	large-scale	movements	in	precipitation	climate	are	as	follows:	The	western	margins	of	continents	are	dominated	by	precipitation	associated	with	oceanic	depressions,	which	give	copious	rain	in	all	seasons	but	a	marked	maximum	in	the	relevant	autumn	and	winter	months	in	each	hemisphere	when	the	westerly
winds	strengthen.203	178	Precipitation	analysis	in	time	January	Low	High	Low	High	High	High	Seasonal	change	in	strength	and	location	of	westerly	air	streams	Precipitation	caused	by	seasonal	reversal	in	monsoon	air	flow	Seasonal	change	in	location	of	intertropical	convergence	July	Low	High	High	Low	Figure	13.1	Seasonal	changes	in	the	location
and	strength	of	the	global	precipitation	pattern.	(Redrawn	from	Sumner,	1988,	after	Bartholomew,	1970,	published	with	permission.)	High	High	High	Subtropical	and	continental	(summer)	high	pressure	areas	Major	areas	of	precipitation	generation	in	westerly	belts	Belt	of	precipitation	generation	along	intertropical	convergence	The	eastern	margins
of	continents	have	variable	exposure	to	oceanic	and	continental	influences	and	so	a	more	variable	seasonal	pattern,	but	with	a	marked	tendency	to	winter	snow	when	the	upwind	continent	is	cold.	Inner	continental	areas	have	penetration	of	oceanic	weather	in	winter	months	with	associated	rain	and	snow,	but	a	greater	tendency	to	convective	rain
showers	in	summer.204	Precipitation	analysis	in	time	179	In	tropical	regions,	there	is	solar	radiation	driven	seasonality	in	precipitation	with	at	least	one	wet	season	caused	by:	the	north-south	movement	of	the	central	ascent	in	the	intertropical	convergence	zone,	see	Fig.	9.4;	the	large-scale	reversal	in	wind	direction	in	regions	affected	by	monsoons
and	the	southeast	Asian	monsoon	in	particular,	see	Fig.	9.10;	the	seasonal	cycle	in	the	strength	of	oceanic	influences,	notably	the	rate	of	occurrence	of	tropical	storms,	see	Fig	The	need	to	provide	measures	of	the	intra-seasonal	variation	in	precipitation	is	most	critical	in	tropical	and	subtropical	regions	because	in	these	regions	the	often	marked
seasonality	has	significance	for	human	welfare;	the	potential	for	catastrophe	is	high	because	agricultural	systems	are	more	marginal	and	water	resource	infrastructure	tends	to	be	less	resilient.	In	such	regions	there	may,	for	example,	be	a	need	to	understand	the	extent	and	timing	of	seasonality	in	precipitation	for	planning	and	advisory	purposes,	but
the	available	data	to	do	this	are	often	sparse.	Consequently,	there	is	a	need	to	interpolate	from	limited	data	using	contour	graphing	techniques	or	multiple	regression	techniques	to	describe	relationships	with	features	that	can	influence	the	precipitation,	such	as	distance	from	the	sea,	altitude,	and	latitude.	Seasonality	can	be	expressed	in	visual	form
in	several	ways	including	as:	maps	of	the	percentage	of	precipitation	falling	in	each	month	of	the	year,	called	isomers;	maps	of	the	ratio	of	precipitation	falling	in	each	month	relative	to	one	twelfth	of	the	annual	average	precipitation,	called	pluviometric	coefficients;	polar	diagrams	of	the	monthly	rainfall,	with	the	angular	direction	indicating	the	month
of	the	year,	and	distance	from	the	origin	proportional	to	the	monthly	average	rainfall;	or	pie	diagrams	of	the	monthly	rainfall,	with	angle	subtended	as	a	fraction	of	360	for	each	month	proportional	to	the	monthly	percentage	contribution	of	annual	rainfall.	One	numerate	way	to	express	seasonality	in	precipitation	is	by	calculating	a	Seasonality	Index,
an	example	being:	12	1	X	a	SI	=	Xn	(13.1)	X	a	n	=	1	where	X	a	is	the	total	annual	precipitation	and	X	n	are	the	individual	total	monthly	precipitation	values.	Values	of	SI	1.2	arise	if	almost	all	the	precipitation	falls	in	one	month.205	180	Precipitation	analysis	in	time	A	further	characteristic	of	seasonal	climate,	of	value	for	agricultural	planning,	is	the
time	of	onset	of	seasonal	rainfall,	but	there	is	no	universally	accepted	way	of	defining	this.	Some	popular	choices	include:	specifying	the	date	on	which	the	precipitation	exceeds	an	arbitrary	amount	(e.g.,	1	inch	or	25	mm	of	rain);	specifying	the	date	on	which	the	precipitation	exceeds	a	selected	fraction	of	the	estimated	potential	evapotranspiration	for
the	remainder	of	the	growing	season;	fitting	a	Markov	chain	model	(see	later	in	this	chapter)	to	the	precipitation	pattern	of	early	rains	to	define	a	date	when	there	is	a	change	in	the	probability	of	rainfall	after	antecedent	rain.	Daily	variations	Although	it	is	comparatively	simple	to	demonstrate	the	overall	intra-annual	variation	in	precipitation	for	most
places,	daily	precipitation	is	far	more	variable.	The	probability	distribution	for	daily	precipitation	is	always	positively	skewed	and	often	quite	strongly	so.	Zero	precipitation	is	quite	common	there	is	no	guarantee	of	rain	every	day	even	during	a	wet	season	in	the	humid	tropics.	Anomalously	high	daily	rainfall	can	also	occur,	occasionally	reaching	values
as	high	as	1	m	of	rain	per	day	at	some	locations.	The	derivation	of	a	robust	mean	daily	rainfall	is	therefore	statistically	futile.	The	median	daily	precipitation,	i.e.,	the	value	for	which	occurrence	of	greater	of	less	precipitation	is	equally	probable,	is	arguably	a	more	stable	measure	of	daily	precipitation	climate.	It	may	also	be	advantageous	to	specify
daily	rainfall	in	terms	of	days	with	greater	than	a	set	amount	of	precipitation,	e.g.,	defining	days	with	precipitation	greater	than	0.25	mm	per	day	as	rain	days,	and	days	with	more	than	1	mm	as	wet	days.	Because	the	convection	process	can	be	important	over	continents,	a	distinct	diurnal	cycle	in	precipitation	is	commonly	observed	throughout	the	year
in	tropical	regions	and	during	the	summer	months	in	temperate	regions.	Figure	13.2	shows	an	example	of	this	for	Manaus,	Brazil.	In	some	situations,	such	as	that	shown	in	Fig.	13.2,	it	is	the	time	of	first	occurrence	of	rainfall	that	is	most	obviously	linked	to	peak	convective	activity	in	the	middle	of	the	day.	This	is	because	severe	storms,	once	started,
tend	to	be	self-supporting	and	can	last	into	the	evening.	The	daily	pattern	of	variation	in	precipitation	can	also	be	complicated	by	the	presence	of	mountains.	Moreover,	near	coasts	or	the	edges	of	large	lakes,	differential	surface	heating	gives	rise	to	diurnal	changes	in	local	air	flows	which	translate	into	ascent,	and	the	timing	of	these	flows	can	impact
the	diurnal	pattern	of	precipitation.	Interestingly,	over	oceans,	peak	convective	activity	and	associated	precipitation	is	often	at	night,	a	feature	which	has	been	ascribed	to	the	cooling	of	cloud	tops	by	outward	radiation	at	night.206	Precipitation	analysis	in	time	Hourly	average	precipitation	at	manaus	0.5	Precipitation	(mm	hr	1	)	Figure	13.2	Average
diurnal	variation	in	rainfall	for	four	years	(2000,	2002,	2003,	2004,	2005)	at	Manaus,	Brazil	Local	time	(hours)	Trends	in	precipitation	Strictly	speaking,	the	mean	values	of	annual,	seasonal,	or	monthly	precipitation	is	statistically	useful	only	when	the	probability	distribution	they	follow	is	normally	distributed.	However,	as	mentioned	above,	over	short
periods	such	as	a	day,	rainfall	data	are	always	positively	skewed.	Trends	and	oscillations	in	average	precipitation	over	shorter	periods	are	therefore	hard	to	discern	although	it	may	be	possible	to	identify	them	in	median	values	if	there	are	enough	samples	in	the	sample	period	to	define	these.	More	usually	when	seeking	to	identify	trends	and
oscillations,	the	approach	is	to	define	methods	that	involve	some	form	of	averaging	or	summing	of	precipitation	data	over	longer	periods	because	this	gives	values	whose	probability	distribution	is	closer	to	normal.	To	illustrate	this	by	example,	consider	the	data	given	in	Table	13.1	which	are	the	values	of	the	monthly	total	precipitation,	P	i,	for	July	at
Musoma,	Tanzania	between	1931	and	These	values	follow	the	strongly	skewed	distribution	shown	in	Fig	The	ten	year	mean	of	July	precipitation	of	these	data,	P	M,	for	the	periods	,	and	are	given	in	Table	13.2	along	with	the	standard	deviation,	s	M,	and	coefficient	of	variation,	C	M,	for	each	ten	year	period	computed	from:	2	(	Pi	PM)	s	M	=	(13.2)	N
and:	C	M	100	=	s	M	(13.3)	P	M207	182	Precipitation	analysis	in	time	Table	13.1	Monthly	total	precipitation	for	July	at	Musoma,	Tanzania	from	1931	to	1960	(Data	from	East	African	Meteorological	Department,	1966).	Year	Rainfall	(mm)	Year	Rainfall	(mm)	Year	Rainfall	(mm)	Table	13.2	Mean,	standard	deviation,	and	coefficient	of	variation	over	10-
year	periods	of	the	monthly	total	precipitation	for	July	at	Musoma,	Tanzania	from	1931	to	1960	derived	from	the	data	given	in	Table	Period	Mean	(mm)	Standard	deviation	(mm)	Coefficient	of	variation	(%)	respectively,	where	N	is	the	number	of	years,	in	this	case	10.	These	values	suggest	that	there	may	be	some	form	of	trend	in	these	data.	Running
means	One	commonly	used	way	to	smooth	out	variations	in	a	time	series	and	make	trends	in	the	data	more	obvious	is	to	use	a	running	mean.	The	mean	is	taken	over	an	odd	number	of	years	centered	on	the	year	of	interest,	i.e.,	over	(2n+1)	years	where	n	=	0,	1,	2	etc.	Thus,	a	derived	series	of	values,	P	i,	is	calculated	from	the	initial	series,	P	i,	using
the	equation:	j=	(	i+	2	n)	1	Pi	=	Pj	(13.4)	(2n	+	1)	j=	(	i	2	n)208	Precipitation	analysis	in	time	Frequency	of	rainfall	10	5	Figure	13.3	Frequency	distribution	for	the	July	precipitation	at	Musoma,	Tanzania	from	1931	to	1960	given	in	Table	Monthly	rainfall	(mm)	This	series	is	valid	for	values	of	i	in	the	range	(n+1)	to	(N	n-1),	where	N	is	the	number	of
data	elements	in	the	original	time	series.	Figure	13.4a	shows	the	time	series	of	values	of	total	July	precipitation	at	Musuma,	Tanzania	and	Fig.	13.4b	the	time	series	of	the	5-year	running	average	value	of	these	same	data.	The	year-toyear	fluctuations	in	Fig.	13.4b	are	much	smoother	than	in	Fig.	13.4a,	and	a	trend	toward	a	wetter	period	during	the
1950s	clearly	emerges.	Cumulative	deviations	Significant	and	sustained	shifts	in	precipitation	can	be	demonstrated	by	accumulating	the	deviations	in	yearly	precipitation	about	the	period	mean.	Yearly	deviations	above	(positive)	or	below	(negative)	the	period	mean	are	accumulated	through	the	data	period,	either	as	absolute	amounts	or	as
percentages	of	the	mean	precipitation.	A	plot	is	then	made	as	a	function	of	time	of	the	accumulated	deviations,	P	j,a,	or	the	accumulated	percentage	residuals,	P	j,p,	given	by:	and:	j	Pja,	=	(	Pi	P)	(13.5)	i=	1	j	100	Pjp,	=	(	Pi	P)	(13.6)	P	i=	1	where	P	i	are	the	time	series	of	precipitation	undergoing	analysis	and	P	is	the	mean	precipitation	for	the	period	of
interest.	Figure	13.5	shows	the	results	of	a	cumulative	percentage	analysis	for	annual	precipitation	at	several	tropical	sites209	184	Precipitation	analysis	in	time	(a)	July	rainfall	(mm)	Year	(b)	Figure	13.4	(a)	Time	series	of	total	July	precipitation	at	Musoma,	Tanzania	between	1931	and	1960	given	in	Table	13.1;	(b)	Five-year	running	mean	of	these
same	data.	July	rainfall	(mm)	Year	and	indicates	there	was	a	marked	change	in	annual	precipitation	in	the	decade	,	with	some	indication	of	a	reversal	in	this	trend	beginning	in	the	1930s	or	1940s.	Mass	curve	The	mass	curve	approach	is	an	alternative	way	to	reveal	long-term	sustained	trends.	Here	the	analysis	involves	accumulating	and	plotting	total
precipitation	throughout	the	data	period.	The	accumulated	precipitation	total	plotted	for	year	j	is	given	for	the	precipitation	time	series,	P	i,	by:	P	jm,	j	=	P	(13.7)	i	=	1	i210	Precipitation	analysis	in	time	Trinidad	T	In	Vizagpatam	T	In	Habana	T	In	Freetown	T	(	)	In	Bogota	T	In	Georgetown	Q.	T	In	Honolulu	T	In	Townsville	Q.	T	In.	Figure	13.5
Cumulative	percentage	deviations	from	the	annual	mean	precipitation	for	several	tropical	sites.	(Redrawn	from	Kraus,	1955,	published	with	permission.)211	186	Precipitation	analysis	in	time	Figure	13.6	Use	of	the	mass	curve	to	reveal	changes	in	the	annual	precipitation	at	Cootamundra	(open	circles)	and	Mount	Victoria	(filled	circles)	in	New	South
Wales,	Australia.	(Redrawn	from	Sumner,	1988,	after	Cornish,	1977,	published	with	permission.)	Any	distinct	and	sustained	change	is	revealed	by	a	change	in	slope	of	the	resulting	graph,	which	might	be	quantified	by	fitting	a	linear	regression	to	selected	portions	of	the	mass	curve.	Figure	13.6	shows	an	example	of	this	type	of	analysis	made	at	two
Australian	sites	indicating	that	there	was	a	noticeable	increase	in	precipitation	at	these	two	sites	in	the	mid-1940s	relative	to	the	period	1890	to	Oscillations	in	precipitation	Precipitation	time	series	may	include	periodicity	at	several	different	frequencies.	Initial	identification	of	possible	contributing	periodicity	might	be	sought	using	serial
autocorrelation.	For	a	precipitation	time	series	P	i,	comprising	N	data	points	which	has	a	mean	value	P,	the	series	correlation,	C	L,	for	a	time	lag	L	is	given	by:	C	L	=	i=	N	i=	1	(	P	P)(	P	P)	i	i=	N	N	(	P	P)	i=	1	i	i+	l	2	(13.8)	When	L	=	1,	C	L	=	1.	If	the	time	interval	between	data	samples	is	short	(e.g.,	daily)	the	correlation	for	small	time	lags	may	well	be
significant	because	successive	daily	precipitation	amounts	are	not	truly	independent.	For	longer	time	periods	and212	Precipitation	analysis	in	time	187	longer	sample	periods,	there	will	likely	be	a	progressive	and	marked	decrease	in	C	L	with	increasing	time	lags.	However,	if	there	is	periodicity	present	in	the	data	series,	the	magnitude	of	the
correlation	coefficient	will	increase	again	for	a	time	lag	that	matches	the	period	of	one	of	the	fluctuations	present.	A	graph	of	serial	correlation	coefficient	versus	time	lag	is	called	the	correlogram.	Identification	of	periodicity	in	a	precipitation	time	series	can	also	be	made	using	harmonic	(Fourier)	analysis.	This	entails	fitting	a	mathematical	function	P
f	of	time	t	(in	units	appropriate	to	the	problem)	to	a	time	series	with	the	general	form:	k=	n	f	P	()	t	=	P	+	Pk	cos(	kt	f	k)	(13.9)	k=	1	where	P	k	and	f	k	are	the	amplitude	and	phase	assigned	to	the	k	th	harmonic	in	the	harmonic	series	so	that	it	adequately	represents	P	f.	The	maximum	value	of	n	is	determined	by	the	requirement	that	there	is	at	least	one
full	sinusoidal	cycle	of	the	corresponding	term	in	the	time	period	for	which	data	are	available.	An	earlier	autocorrelation	analysis	might	be	used	to	guide	the	selection	of	terms	in	Equation	(13.8)	for	which	fitting	is	made.	The	contribution	of	each	harmonic	term	to	the	total	variance	is	subsequently	found	by	expressing	the	variance	for	each	harmonic	as
a	proportion	of	the	total	variance.	Not	every	harmonic	term	in	the	series	can	necessarily	be	associated	with	an	identifiable	physical	mechanism.	As	an	alternative	to	harmonic	analysis,	numerical	filters	can	be	applied	to	the	precipitation	time	series	to	identify	and	enhance	the	contributions	from	influences	with	different	periodicity.	Figure	13.7	shows
an	example	of	this	approach	in	which	digital	filters	are	used	to	identify	fluctuating	contributions	superimposed	on	the	moving	average	value,	in	this	figure	corresponding	to	periodicity	between	6	and	8	years,	between	8	and	13	years	and	between	13	and	30	years.	There	is	a	possible	association	with	the	sunspot	cycle	when	the	8	to	13	year	filter	is
applied	to	these	data,	with	the	northern	hemisphere	(as	represented	by	the	west	coast	of	the	USA)	out	of	phase	with	the	southern	hemisphere	(as	represented	by	the	east	coast	of	Australia).	There	is	also	some	suggestion	of	association	with	the	18	year	lunar	cycle	revealed	by	applying	the	year	filter.	Once	trends	and	fluctuations	in	observed
precipitation	records	have	been	clearly	established,	they	might	be	extrapolated	into	the	future	for	forecast	purposes.	System	signatures	The	variation	with	time	of	precipitation	intensity	within	a	precipitation	event	is	called	the	system	signature	of	the	storm	that	gave	rise	to	the	precipitation.	As	might	be	expected	from	the	discussion	given	in	Chapter
11,	there	is	an	important	distinction	between	convective	and	synoptic-scale	storms.	Observations	of	precipitation	rate	during	storms	indicates	that	not	only	do	most	large-scale	synoptic	systems	produce	longer	duration	and	lower	intensity	precipitation	than	convective	storms,	but	also	the	distribution	of	precipitation	intensity	through	the213	188
Precipitation	analysis	in	time	Figure	13.7	Fluctuations	in	annual	rainfall	from	1887	to	1960	for	the	west	coast	of	the	USA	when	subject	to	filters	(described	in	the	text)	shown	as	full	lines.	Also	shown	(as	broken	lines)	are	results	using	data	from	eastern	Australia.	(Adapted	from	Vines,	1982.)	storm	is	usually	different.	Longer	duration	events	tend	to
have	a	relatively	even	distribution	of	precipitation	with	time,	or	to	have	higher	intensity	precipitation	toward	the	end	of	the	storm.	On	the	other	hand,	shorter	duration	events	which	are	mostly	convective	in	origin	tend	to	have	more	intense	rainfall	near	the	start	of	the	storm	associated	with	a	downdraft,	although	if	there	are	several	intense	cells	in	the
storm,	the	pattern	is	more	complex.	Figure	13.8	gives	the	precipitation	rate	through	a	single	convective	storm	measured	at	four	sites	and	shows	a	characteristic	higher	rainfall	rate	near	the	beginning	of	the	storm	with	a	second	less	intense	cell	passing	the	gauges	about	30	minutes	later.	Because	precipitation	events	with	similar	origin	have	different
rainfall	totals	and	different	duration,	when	comparing	several	storms	it	is	convenient	to	re-normalize	the	mass	curve	such	that	the	Y	axis	displays	the	percentage	of	total	rainfall	and	the	X	axis	the	percentage	of	time	through	the	storm.	Figure	13.9a	shows	an	example	mass	curve	for	a	frontal	storm	without	re-normalization,	while	Fig.	13.9b	compares
the	percentage	mass	curves	for	several	storms	most	of	which	are	convective	in	nature,	but	one	of	which	is	frontal	in	nature.	Approximately	speaking,	for	convective	storms	about	50%	of	the	total	storm	rainfall	falls	in	the	first	quarter	of	the	storm	and	90%	within	the	first	half	of	the	storm.	In	contrast,	because	the	rainfall	rate	is	more	uniform,	only
about	half	of	the	storm	rainfall	falls	in	the	first	half	of	frontal	storms.214	Precipitation	analysis	in	time	Figure	13.8	Rainfall	intensity	through	a	convective	storm	measured	at	four	sites	in	Kampala,	Uganda.	(Redrawn	from	Sumner,	1988,	published	with	permission.)	Rainfall	intensity	(mm	hr	1	)	Time	after	start	(minutes)	(a)	50	(b)	100	Convective	storms
Figure	13.9	(a)	Mass	curve	for	a	frontal	storm	in	Lampeter,	Wales;	(b)	Percentage	mass	curve	for	eight	convective	storms	and	one	frontal	storm	in	Dar	es	Salaam,	Tanzania.	(Redrawn	from	Sumner,	1988,	published	with	permission.)	Total	rainfall	(mm)	:00	24:00	06:00	5	Aug	Aug	Date	and	time	Percent	of	total	rainfall	Frontal	storm	Percentage	of	total
time	Intensity-duration	relationships	Observations	of	rainfall	intensity	suggest	that	there	exists	a	basic,	inverse,	nonlinear	relationship	between	different	intensities	of	rainfall	and	the	duration	over	which	different	rainfall	intensities	persist.	Most	analysis	of	rainfall	intensity	has	been	directed	at	the	occurrence	of	maximum	intensity	over	different
durations	because	this	gives	a	measure	of	extreme	precipitation	at	the	location	of	interest.	As	discussed	later,	probabilities	may	be	assigned	to	such	extreme	values	so	that	likely	volumes	of	rainfall	over	an	area	may	be	estimated	and	interpreted	in	terms	of215	190	Precipitation	analysis	in	time	Figure	Relationship	between	the	greatest	magnitude
rainfalls	and	duration	for	the	world	as	a	whole.	(Redrawn	selecting	extreme	values	from	Brutsaert,	2005,	after	WMO,	1986,	published	with	permission.)	Rainfall	depth	(m)	Minutes	Hours	Days	Months	Years	Duration	(minutes)	storm	drainage,	for	example.	The	most	important	result	to	emerge	from	such	studies	is	that	the	maximum	intensity	attained
for	different	durations	at	a	location	are	interrelated,	and	that	this	interrelationship	can	be	represented	relatively	simply	both	mathematically	and	graphically.	The	form	of	the	relationship	between	maximum	intensity	and	duration	changes	with	region	and	the	assumed	form	will	generally	need	to	be	calibrated	over	a	portion	of	the	range	before
application.	One	commonly	adopted	assumed	relationship	between	maximum	intensity	and	its	duration	is	the	McCullum	model	which	has	the	form:	I	=	kt	n	(13.10)	where	I	is	the	intensity	(mm	hr	1	)	that	is	sustained	for	a	duration	t	(in	hours),	and	k	and	n	are	location	dependent	constants	obtained	by	calibration.	Interestingly,	this	relationship	(which
yields	a	straight	line	when	values	are	plotted	on	log-log	graph	paper)	seems	to	apply	at	the	global	scale	and	also	within	individual	storms	both	of	convective	and	frontal	nature.	Figure	shows	the	greatest	magnitude	rainfalls	and	their	duration	for	the	world	as	a	whole,	while	Fig	shows	intensity-duration	relationships	(a)	at	Dar	es	Salaam,	Tanzania	for
several	storms	of	convective	origin	and	(b)	at	Lampeter	in	Wales	for	several	storms	of	frontal	origin.	Note	the	very	different	axes	used	in	parts	(a)	and	(b)	of	Fig	Statistics	of	extremes	Calibrating	intensity-duration	relationships	over	the	usually	longer	duration	and	lower	intensity	portion	of	their	range	and	then	using	the	resulting	curve	to	estimate	the
duration	of	more	intense	rainfalls	(mentioned	above)	is	one	example	of	a	more	general	approach.	Hydrologists	and	hydrometeorologists	are	often	concerned	with216	Precipitation	analysis	in	time	191	(a)	Intensity	(mm	hr	1	)	Duration	(hours)	(b)	Figure	Maximum	intensity-duration	relationships	(a)	at	Dar	es	Salaam,	Tanzania	for	several	convective
storms	and	(b)	at	Lampeter,	Wales	for	several	frontal	storms.	(Redrawn	from	Sumner,	1978,	published	with	permission.)	Intensity	(mm	hr	1	)	Duration	(hours)	estimating	extremes,	i.e.,	the	frequency	of	events	for	which	the	probability	of	occurrence	occurs	at	the	ends	of	the	frequency	distribution,	say	the	10%	highest	or	lowest	probability	events.	The
frequent	challenge	faced	is	to	how	use	a	comparatively	short	run	of	data	to	estimate	the	longer	term	probabilities	of	very	low	probability	events.217	192	Precipitation	analysis	in	time	8	Probability	of	less	than	X	Frequency	of	X	(a)	(b)	Figure	Different	ways	of	depicting	a	probability	distribution	when	investigating	the	statistics	of	extremes:	(a)	a
hypothetical	observed	frequency	distribution;	(b)	the	equivalent	cumulative	probability	curve;	(c)	the	same	cumulative	probability	curve	plotted	on	graph	paper	that	straightens	the	distribution.	Probability	of	less	than	X	(c)	Magnitude	(X)	A	typical	precipitation	frequency	distribution	is	not	usually	normal	but	rather	is	positively	skewed,	with	a	large
number	of	lower	magnitude	events	and	fewer	high	magnitude	events,	see,	for	example,	Fig	a.	This	applies	both	to	within-storm	intensities	and	to	long	period	total	rainfall.	Often	the	main	concern	is	to	estimate	the	probability	of	events	that	occur	at	the	limbs	of	the	distribution,	or	to	estimate	the	probability	of	events	with	magnitude	greater	than	a
prescribed	amount.	Figure	13.12b	is	derived	from	the	hypothetical	probability	distribution	shown	in	Fig	a	and	shows	the	accumulated	probabilities	of	exceeding	a	certain	magnitude,	and	consequently	approaches	one	on	the	extreme	left.	The	curve	may	be	reversed	to	obtain	the	probability	of	less	than	a	given	magnitude.	Although	the	cumulative
probability	in	Fig	b	reflects	the	probability	curve,	it	is	difficult	to	extrapolate	to	the	critical	extremes	that	often	occur	at	return	periods	greater	than	the	period	for	which	the	data	are	available.	To	aid	in	this,	it	is	helpful	to	straighten	the	curve	graphically	by	adopting	the	statistical	frequency218	Precipitation	analysis	in	time	193	distribution	that	best
fits	the	observed	frequency	distribution	for	the	data	during	the	period	for	which	observations	are	available.	Once	this	has	been	done,	estimates	of	the	probabilities	of	extreme	occurrences	or	the	probability	of	exceeding	limits	can	be	made	graphically	or	algebraically.	Over	the	years,	the	selection	of	an	appropriate	probability	distribution	to	use	in	such
design	problems	has	been	the	subject	of	much	debate	among	engineering	hydrologists	and	civil	engineers.	Five	broad	groupings	of	possible	distributions	are	used:	(1)	Conventional	frequency	distributions	(e.g.,	normal,	Poisson,	gamma);	(2)	Grumbel	distributions	(there	are	numerous);	(3)	Pearson	distributions	(particularly	Types	I	and	III);	(4)
Extremal	distributions	(Types	I,	II,	III);	and	(5)	Transformal	distributions	(e.g.,	logarithmic	and	polynomial	transforms).	However,	the	selection	of	a	particular	probability	distribution	is	as	much	an	art	as	a	science,	and	is	a	decision	that	is	aided	by	experience	but	influenced	by	personal	preference.	Hydrometeorological	understanding	has	little	to	offer
to	aid	such	a	detailed	choice.	For	this	reason,	extended	discussion	of	the	appropriateness	of	particular	assumed	probability	distributions	for	particular	tasks	is	beyond	the	scope	of	a	text	such	as	this,	which	is	concerned	with	understanding	hydrometeorological	and	hydroclimatological	phenomena	and	processes.	Nonetheless,	an	example	of	the	general
approach	used	is	appropriate,	and	a	thirty	year	time	series	of	annual	rainfall	for	Musoma,	Tanzania	is	used	for	this	purpose,	see	Table	The	first	step	is	to	rank	the	data	in	either	ascending	or	descending	order	on	the	basis	of	the	magnitude	of	the	annual	rainfall.	This	is	done	in	ascending	order	from	1	to	30	in	Table	On	the	basis	of	this	set	of
observations,	the	return	period,	T,	for	an	event	with	the	magnitude	corresponding	to	rank	m	is	given	by:	(	n	+	1)	T	=	(13.11)	m	where	n	is	the	number	of	years	in	the	data	series,	in	this	case	30.	Alternatively,	the	probability,	P,	of	an	event	of	rank	m	being	equaled	or	exceeded	is:	m	P	=	(	n	+	1)	(13.12)	The	use	of	(n+1)	in	these	equations	implies	that
the	period	for	which	data	are	available	is	merely	a	sample	and	neither	the	highest	ranked	sample	value,	nor	the	lowest,	represents	the	true	highest	or	lowest	values	in	the	population	as	a	whole.	It	is	possible	to	assign	a	notional	probability	for	each	value	of	annual	precipitation	from	Equation	(13.10),	and	these	can	be	plotted	to	describe	the	sampled
probability	distribution.	In	Fig	such	a	plot	is	made	on	log-normal	graph	paper	for	the	data	in	Table	It	is	approximately	a	straight	line,	implying	the	probabilities	are219	194	Precipitation	analysis	in	time	Table	13.3	Annual	total	rainfall	at	Musoma,	Tanzania	from	1931	to	1960	ranked	in	order	of	increasing	precipitation	amount	(Data	from	East	African
Meteorological	Department,	1966).	Rank	Amount	(mm)	Year	Rank	Amount	(mm)	Year	Rank	Amount	(mm)	Year	Figure	Annual	total	rainfall	at	Musoma,	Tanzania	between	1931	and	1960	given	in	Table	13.3	plotted	on	log-normal	probability	paper	against	the	notional	probability	of	each	value	as	calculated	by	Equation	(3.11).	Total	annual	rainfall	(mm)
%	10%	50%	90%	99%	Estimated	percentage	probability	approximately	normal.	By	extrapolating	the	line	in	Fig	(either	by	eye	or	by	fitting	a	linear	regression),	the	probability	can	be	estimated	to	an	annual	rainfall	amounts	outside	the	range	for	which	observations	are	available.	Alternative	options	for	assumed	distributions	(and	associated	graph
papers)	could	be	used	as	alternatives	to	assuming	a	normal	distribution	to	give	plots	equivalent	to	Fig	for	the	Grumbel	or	Pearson	distributions.	In	practice	the	selection	between	these	alternative	assumptions	would	likely	be	made	based	on	which	gave	the	best	appearance	of	a	straight	line.	But	the	fact	that	several	different	assumptions	can	be	made
and	that	several	give	at	least	reasonable	linearity	is	significant.	It	demonstrates	the	fundamental	limitation	on	the	accuracy	of	the	estimates	made	using	the	approach	of	the	statistics	of	extremes,	because	the	probability	distribution	always	has	to	be	assumed.	Perhaps	several	estimates	using220	Precipitation	analysis	in	time	195	different	assumed
probability	distributions	should	be	made	and	the	mean	value	of	the	resulting	ensemble	of	estimates	used,	with	the	range	of	estimates	given	using	different	assumptions	then	providing	an	approximate	lowest	estimate	of	the	error	implicit	in	the	calculation.	An	estimated	probability	given	by	the	statistics	of	extremes	approach	is	compromised	if	the
sample	of	precipitation	in	the	observational	record	used	is	not	representative	of	the	precipitation	climate	at	the	location	of	interest.	It	also	involves	the	implicit	assumption	that	the	precipitation	climate	is	not	changing.	Conditional	probabilities	Up	to	this	point	the	analysis	perspective	we	have	adopted	has	been	that	precipitation	events	are
independent	of	each	other.	In	reality,	however,	precipitation	climates	often	can	be	viewed	as	having	wet	spells	and	dry	spells.	This	is	evident	in	the	fact	that	precipitation	data	commonly	reveal	seasonal	dependency	and	sometimes	evidence	of	periodicity.	A	major	cause	of	shorter	term	persistence	is	the	fact	that	the	weather	conditions	and	weather
systems	involved	in	the	production	of	precipitation	themselves	have	some	persistence.	Indeed,	much	of	the	skill	in	weather	forecasting	depends	on	this	fact.	The	presence	of	persistence	in	the	precipitation	measured	at	a	particular	location	can	be	sought,	and	the	extent	to	which	it	occurs	quantified,	using	simple	stochastic	techniques.	A	long	time
series	of	observed	precipitation	is	analyzed	to	count	the	number	of	times	a	wet	day	or	rain	day	follows	a	preceding	period	comprising	a	specified	number	of	days	with	rain	or	a	specified	number	of	days	without	rain.	In	this	way	a	set	of	conditional	probabilities	are	derived	that	characterize	the	level	of	persistence	in	the	data	record.	Figure	shows	a



simple	example.	In	this	case	the	probability	that	a	wet	period	will	be	further	extended	by	a	day	with	rain,	or	a	dry	period	further	extended	by	a	day	without	rain	is	plotted	for	Selangor,	Malaysia.	The	probabilities	shown	in	Fig	are	examples	of	conditional	probabilities,	in	this	case	for	daily	rainfall.	The	four	relevant	basic	conditional	probabilities	are	the
probability	that	day	n	is	wet	if	day	(n	1)	was	wet;	the	probability	that	day	n	is	wet	if	day	(n	1)	was	dry;	the	probability	that	day	n	is	dry	if	day	(n	1)	was	dry;	and	the	probability	that	day	n	is	dry	if	day	(n	1)	was	wet.	Such	conditional	probabilities	(or	those	of	greater	complexity)	are	the	basis	of	a	widely	used	mathematical	model	of	persistence,	the
Markov	chain.	This	model,	whose	detailed	description	is	beyond	the	scope	of	this	text,	begins	by	calculating	a	number	of	equations	derived	to	calculate	the	probability	of	a	wet	day	or	days	after	a	wet	or	a	dry	day,	of	wet	or	dry	spells	of	different	lengths,	etc.	One	important	application	of	models	of	persistence	such	as	the	Markov	chain	model	is	to
generate	synthetic	time	series	of	precipitation	which	have	the	same	level	of	persistence	as	the	data	series	originally	used	to	calibrate	the	model.	Such	long	time	series	might	be	used	in	design	studies	for	hydraulic	structures.221	196	Precipitation	analysis	in	time	90	Figure	The	probability	that	a	spell	of	weather	will	be	extended	by	a	further	day	at
Selangor,	Malaysia	deduced	by	counting	the	times	this	has	occurred	in	an	observed	precipitation	data	series.	(Redrawn	from	Sumner,	1988,	after	Yap,	1973,	published	with	permission.)	Probability	(%)	Dry	spell	Wet	spell	Length	of	spell	(days)	Important	points	in	this	chapter	Annual	precipitation:	determines	the	nature	of	a	region	and	its	viability	for
human	habitation:	long-term	trends	in	its	value	may	result	from	human	intervention	in	the	global	system,	while	fluctuations	may	be	predictable	(e.g.,	ENSO,	NAO,	etc.).	Intra-annual	precipitation:	variations	caused	by	seasonal	changes	in	atmospheric	circulation,	especially	in	the	ITCZ,	monsoons	systems,	and	the	strength	and	location	of	westerly	wind
bands,	give:	at	mid-latitudes,	characteristic	differences	between	winter	and	summer	climates	depending	on	continental	location	(see	text	for	details);	and	in	the	tropics,	strong	seasonality	in	precipitation,	wind	direction,	and	tropical	storms	(see	text	for	details).	These	are	documented	visually	using	isomers,	pluviometric	coefficients,	and	polar
diagrams	or	using	numerate	seasonality	indices.	Daily	precipitation:	generally	has	a	strong	diurnal	variation	linked	to	atmospheric	convection,	and	daily	total	values	are	very	variable	and	have	a	highly	skewed	probability	distribution	and	so	are	problematic	to	analyze	statistically,	except	perhaps	as	a	median.	Precipitation	trends:	are	identified	by
methods	that	involve	averaging/	summing	precipitation,	including:	(a)	running	means;	(b)	cumulative	deviations;	and	(c)	mass	curves	(see	text	for	details).	Oscillations	in	precipitation:	are	identified	by	methods	that	include:	(a)	autocorrelation	to	define	a	correlogram;	(b)	harmonic	analysis;	and	(c)	numeric	filters	(see	text	for	details).	System
signatures:	because	the	timing	of	in-storm	precipitation	is	usually	different	for	frontal	and	convective	storms,	mass	curves	are	used	to	investigate	the	primary	atmospheric	mechanism	giving	rise	to	a	storm.222	Precipitation	analysis	in	time	197	Intensity-duration	relationships:	observations	of	rainfall	intensity	suggest	an	inverse	non-linear	relationship
between	the	maximum	intensity,	I,	of	rainfall	and	duration,	t,	over	which	that	intensity	persists	that	applies	to	storm	totals	for	regions	(and	the	globe)	and	within-storm	intensity	(I	=	k	t	n	is	often	assumed).	Statistics	of	extremes:	in	hydrological	design,	the	frequency	of	rare	precipitation	events	is	estimated	by	fitting	an	assumed	probability	distribution
to	data	records	of	limited	duration,	then	extrapolating	to	extreme	probabilities	(not	sampled)	to	estimate	the	likelihood	of	the	event	(see	text	for	an	example).	Conditional	probabilities:	because	weather	systems	have	finite	lifetimes,	stochastic	techniques	can	be	used	to	calibrate	numerical	models	of	day-today	persistence	in	precipitation	data	records
which	can	then	be	used	to	calculate	long	synthetic	precipitation	records	that	have	the	same	persistence	characteristics.	References	Bartholomew,	J.C.	(1970)	Advanced	Atlas	of	Modern	Geography.	J.C.	Bartholomew,	Edinburgh.	Brutsaert,	W.	(2005)	Hydrology:	An	Introduction.	Cambridge	University	Press,	Cambridge.	Cornish,	P.M.	(1977)	Changes	in
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precipitation	fields	due	to	differences	in	the	type	and	scale	of	atmospheric	processes	that	cause	precipitation,	and	to	local	or	regional	influences	such	as	topography	and	the	wind	direction	at	the	time	the	precipitation	was	produced.	For	this	reason	the	temporal	analyses	of	precipitation	described	in	Chapter	13	are	site	or	at	least	regionally	specific
because	the	intensity	and	probability	analyses	described	are	for	point	precipitation	data.	However,	as	mentioned	in	Chapter	12,	gauge	data	are	a	poor	representation	of	area-average	precipitation,	and	assuming	they	are	representative	can	be	dangerous,	particularly	in	the	case	of	short	duration	samples	and	in	climates	prone	to	convective	storms.
Adjacent	gauges	are	not	always	consistent,	even	monthly	and	annual	average	precipitation	data	may	vary	significantly,	and	this	is	true	even	in	areas	with	comparatively	low	topography.	The	movement	of	storms	relative	to	the	ground	and	the	fact	that	they	develop	and	decay	influences	the	precipitation	pattern	on	the	ground.	Some	gauges	may
experience	very	heavy	rainfall	while	others	see	no	rain	for	a	particular	storm.	Ideally,	estimates	of	the	precipitation	falling	in	a	particular	area	would	track	and	accurately	model	the	passage	of	a	rain	storm	over	the	area	and	calculate	the	distribution	of	the	precipitation	in	space	and	time.	By	convoluting	this	with	the	shape	and	topography	in	a	drainage
basin,	the	area-average	precipitation	could	be	computed.	Doing	this	is	at	least	difficult,	and	perhaps	impossible	given	the	inherently	chaotic	nature	of	the	precipitation-producing	processes	in	the	atmosphere.	An	approximate	alternative	is	to	derive	empirical	models	based	on	observations	that	relate	intensity	to	storm	area	and	to	use	these	to	estimate
mean	areal	precipitation.	Notwithstanding	the	problems	involved	with	analyzing	the	spatial	organization	and	distribution	of	precipitation,	the	subject	has	demanded	and	continues	to	demand	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.224	Precipitation	Analysis
in	Space	199	great	attention.	Not	least	this	is	because	area-average	precipitation	is	a	major	influence	on	human	settlement	and	development.	Understanding	the	spatial	organization	of	precipitation	is	also	crucial	to	hydrologists	and	civil	engineers	concerned	with	the	design	of	infrastructure.	On	the	one	hand,	long-term	area-average	precipitation	rates
determine	available	surface	water	resources	while,	on	the	other	hand,	short-term	area-average	rates	are	needed	when	designing	flood	protection	systems.	Mapping	precipitation	Mapping	precipitation	is	a	straightforward	and	visually	convenient	way	to	illustrate	the	organization	of	precipitation	in	space.	However,	precipitation	is	a	meteorological
variable	that	is	difficult	to	map,	especially	from	gauge	data	which	is	the	most	common	source	of	the	information	used,	because	the	point	samples	available	may	be	unrepresentative.	Because	precipitation	is	so	spatially	variable,	there	may	be	extreme	values	which	are	missed,	especially	if	the	gauge	network	used	is	sparse	and	uneven.	There	is	also
likelihood	that	a	network	of	gauges	will	mis-sample	local	systematic	variations	in	precipitation	associated	with	topography.	In	principle,	measurements	made	with	radar	would	not	be	subject	to	the	same	shortcomings	but,	as	discussed	in	Chapter	12,	the	errors	associated	with	radar	measurement	are	so	large	that	such	data	only	become	reliable	when
re-normalized	to	an	underlying	gauge	network.	Hence,	the	problems	associated	with	gauge	sampling	remain.	Consequently,	gauge	data	remain	the	basis	of	precipitation	mapping,	and	for	many	parts	of	the	world	are	likely	to	remain	so	for	some	considerable	time.	To	use	gauges	for	mapping	it	is	necessary	to	assume	precipitation	is	a	spatially
continuous	variable	with	no	dramatic	discontinuities,	and	to	assume	that	it	is	adequately	sampled	by	the	gauge	network	used.	Correlation	tests	between	gauge	measurements	might	provide	some	level	of	reassurance	that	a	comparatively	smooth	field	with	point	to	point	correlation	is	being	adequately	sampled.	In	principle	the	mapping	process	is	then
simple.	It	involves	drawing	isohyets,	i.e.,	lines	of	constant	precipitation,	between	the	point	precipitation	data	available.	Figure	14.1	provides	a	simple	example	of	the	process	used.	The	accuracy	with	which	isohyets	can	be	drawn	will	depend	on	the	density	of	the	gauge	network	because	spurious	high	or	low	values	can	easily	dominate	the	resulting	map
if	the	gauge	network	is	sparse.	The	assumptions	used	when	drawing	smoothed	isohyets	also	influences	accuracy	and,	if	isohyets	are	drawn	manually,	may	be	subjective.	The	presence	of	topography	in	the	area	mapped	can	also	affect	accuracy	because	its	influence	on	precipitation	rate	is	rarely	properly	sampled	and	will	therefore	be	poorly
acknowledged	in	isohyetal	maps.	However,	with	knowledge	of	the	underlying	topography,	a	skilled	operator	or	computer	program	can	make	some	recognition	of	the	tendency	toward	higher	precipitation	at	higher	locations	when	specifying	smooth	contours	of	precipitation.	In	areas	with	very	strong	relief	the	influence	on	isohyets	of	making	such
allowances	for	height	might	even	match	the	influence	of	the	available	gauge	data.225	200	Precipitation	Analysis	in	Space	Figure	14.1	The	process	of	drawing	isohyets	from	gauge	data	which	involves	estimating	the	location	of	points	with	the	required	value	between	pairs	of	gauge	measurements	then	drawing	smoothed	isohyets	from	these.	True
information	10	mm	8mm	12	mm	11mm	9mm	7mm	Smoothed	isohyet	(subjective,	or	subject	to	assumption)	A	commonly	encountered	issue	when	preparing	isohyet	maps	is	the	fact	that,	as	a	result	of	instrumental	or	human	error,	precipitation	data	is	rarely	100%	complete.	In	the	absence	of	a	particular	gauge	measurement,	an	estimate	of	the	missing
value	is	normally	made	from	that	measured	at	nearby	gauges.	In	areas	with	low	relief	the	arithmetic	mean	of	the	values	at	three	to	four	nearby	stations	might	be	adopted.	However,	in	areas	with	high	relief	a	preferable	alternative	is	to	take	the	average	of	these	station	values	weighted	by	the	long-term	average	ratio	between	stations.	Areal	mean
precipitation	Estimates	of	area-average	precipitation	from	gauge	network	data	are	a	focus	of	interest	within	hydrology	because	they	provide	the	basis	for	water	resource	estimation	or	extreme	event	(flood	or	drought)	forecasting.	The	estimate	required	is	the	total	volume	of	water	falling	on	a	specific	drainage	basin,	i.e.,	the	area	of	the	basin	multiplied
by	the	area-average	precipitation	depth.	In	areas	with	low	relief	where	there	is	an	even	distribution	of	gauges,	a	simple	arithmetic	average	will	provide	an	adequate	estimate.	However,	such	conditions	are	rarely	met	and	one	of	several	alternative	ways	of	taking	a	weighted	mean	of	the	gauge	measurements	available	is	required.	Weights	can	be
assigned	in	two	general	ways,	either	using	mapping	methods	that	involve	or	are	equivalent	to	drawing	isohyets	(including	the	computational	equivalents	such	as	kriging	techniques	or	reciprocal-distance-squared	methods),	or	geometric	methods	such	as	the	Triangle	method	or	Theissen	method	in	which	areas	are	defined	over	which	precipitation	is
assumed	uniform.	In	practice,	studies	suggest	that	these	methods	tend	to	produce	comparable	results	especially	if	applied	over	a	long	period.	Isohyetal	method	The	basis	of	this	method	is	straightforward,	it	involves:	(1)	constructing	isohyets	across	the	catchment	based	on	measured	values,	including	making	allowance	for	relief	if	appropriate;226
Precipitation	Analysis	in	Space	Basin	margin	Contours	Isohyets	(mm)	Point	values	(mm)	Figure	14.2	Calculation	of	area-average	precipitation	using	the	Isohyetal	Method.	(From	Sumner,	1988,	published	with	permission.)	(2)	measuring	or	computing	the	area	between	isohyets	to	provide	the	weights	to	be	used	when	calculating	the	average	value;	and
(3)	creating	the	weighted	average	by	adding	the	products	of	the	area	between	isohyets	in	the	catchment	with	the	mean	precipitation	between	isohyets.	Figure	14.2	illustrates	the	approach	used	in	the	Isohyetal	method	for	an	example	catchment.	Using	this	method	with	these	data	and	this	example	catchment,	Sumner	(1988)	calculated	a	catchment
average	precipitation	of	17.3	mm.	Computer	calculations	of	mean	rainfall	over	selected	catchments	based	on	mapping	can	also	be	made	using	kriging	methods	or	the	simpler	(but	arguably	as	effective)	Reciprocal-Distance-Squared	method,	both	of	which	are	similar	in	concept	to	the	Isohyetal	method.	In	the	Reciprocal-Distance-Squared	method,	a
value	of	precipitation,	P	i	(in	mm),	is	assigned	to	each	area	element	in	the	catchment	into	which	the	catchment	is	subdivided	by	the	computer	program.	This	value	is	the	average	of	the	nearest	three	gauges	weighted	by	the	square	of	the	inverse	distances,	d	1,	d	2,	and	d	3	(in	m)	between	the	element	and	the	three	gauges	(Fig.	14.3).	Thus	P	i	is
calculated	from:	P	(	d	)	+	P	(	d	)	+	P	(	d	)	P	=	i	(	d1)	+	(	d2)	+	(	d3)	(14.1)227	202	Precipitation	Analysis	in	Space	P	1	P	2	d	1	d2	Figure	14.3	Calculating	area-average	precipitation	using	the	reciprocaldistance-squared	method.	(Precipitation	P	1,	P	2,	and	P	3	in	mm,	distance	d	1,	d	2,	and	d	3	in	m.)	P	3	d	3	Triangle	method	This	method	involves:	(1)
constructing	a	network	of	triangles	as	near	equilateral	as	possible,	with	one	of	the	available	gauges	at	the	apex	of	each	triangle;	(2)	measuring	or	computing	the	area	of	each	triangle	or	portion	of	each	triangle	that	is	within	the	basin	to	provide	the	weights	to	be	used	when	calculating	the	average	value;	(3)	if	needed,	making	a	best	guess	of	the
precipitation	for	any	area	of	the	catchment	not	included	in	a	triangle;	and	(4)	calculating	the	weighted	average	by	adding	the	products	of	the	area	of	each	triangle	with	the	mean	precipitation	for	the	three	gauges	at	the	apex	of	each	triangle.	Figure	14.4	illustrates	the	approach	used	in	the	Triangle	Method	for	an	example	catchment.	Using	this	method
with	these	data	and	this	example	catchment,	Sumner	(1988)	calculated	a	catchment	average	precipitation	of	17.8	mm.	Theissen	method	The	Theissen	method	is	often	the	preferred	method	for	estimating	area-average	precipitation.	The	method	involves:	(1)	constructing	a	network	of	polygons	by	drawing	the	perpendicular	bisector	of	the	line	joining
each	pair	of	gauges;228	Precipitation	Analysis	in	Space	Figure	14.4	Calculation	of	area-average	precipitation	using	the	Triangle	Method.	(From	Sumner,	1988,	published	with	permission.)	4.7	S	7.1	A	C	5.6	F	E	L	N	K	7.1	M	O	Y	T	15.0	U	G	B	H	19.0	P	V	D	I	Q	J	R	27.3	X	W	(2)	measuring	or	computing	the	area	of	each	polygon	or	portion	of	each	polygon
that	is	within	the	basin	to	provide	the	weights	to	be	used	when	calculating	the	average	value;	and	(3)	calculating	the	weighted	average	by	adding	the	products	of	the	withinbasin	area	of	each	polygon	with	the	precipitation	measured	by	each	gauge.	Figure	14.5	illustrates	the	approach	used	in	the	Theissen	method	for	an	example	catchment.	Using	this
method	with	these	data	and	this	example	catchment,	Sumner	(1988)	calculated	a	catchment	average	precipitation	of	17.5	mm.	Spatial	organization	of	precipitation	Analysis	of	individual	storm	events	as	measured	using	dense	networks	of	gauges	suggests	that	storms	generally	comprise	one	or	more	cells	of	high	intensity	precipitation	embedded	in	a
surrounding	field	of	lower	intensity	precipitation.	The	precipitation	pattern	generated	by	individual	storms	measured	by	gauges	differ	significantly	from	one	another	but,	based	on	analyses	made	by	many	observers	and	at	many	sites,	opinion	is	that	on	average	storms	tend	to	be	(a)	elliptical	in	shape,	(b)	more	elongated	when	larger	(i.e.,	the	ratio	of	the
major	axes	to	the	minor	axis	of	the	ellipse	is	greater	for	bigger	storms),	and	(c)	organized	into	groups	which	themselves	are	either	larger	pseudo-elliptical	areas	or	linear	bands	(a	linear	band229	204	Precipitation	Analysis	in	Space	A	12.7	B	26.1	Figure	14.5	Calculation	of	area-average	precipitation	using	the	Theissen	Method.	(From	Sumner,	1988,
published	with	permission.)	H	4.7	I	7.1	C	5.6	J	15.0	D	9.2	E	F	19.0	G	27.3	K	(a)	Frontal	Cyclonic	(b)	Direction	of	storm	movement	Figure	14.6	(a)	Typical	arrangement	of	elliptical	storms	in	different	meteorological	conditions;	(b)	characteristic	precipitation	field	in	a	basic	single	cell	storm.	Convective	Intensity	being	the	asymptotic	limit	of	an	ellipse).
There	are	usually	bands	of	precipitation	(clusters	of	intense	cells)	in	frontal	systems,	spiral	bands	of	storms	in	tropical	cyclones,	and	individual	intense	cells	in	convective	conditions	(Fig.	14.6a).	Thus,	on	average,	the	characteristic	form	of	a	basic	single	cell	storm	deduced	from	surface	gauge	observations	has	an	outer	boundary	which	is	approximately
elliptical	in	shape,	with	a	series	of	successively	smaller	ellipses	inside	corresponding	to	increasing	intensity.	The	rate	of	change	in	intensity	rises	toward	the	middle	of	the	storm,	i.e.,	the	slope	of	the	upper	surface	of	the	intensity	pattern	is	concave	upward,	steeper	toward	the	center	of	the	storm	and	dying	out	gradually	and	intermittently	toward	the
edges	of	the	storm	(Fig.	14.6b).230	Precipitation	Analysis	in	Space	205	Figure	14.7	Point	area	precipitation	relationships	for	Lund,	Sweden	by	return	period.	(From	Niemczynowicz,	1982,	published	with	permission.)	Design	storms	and	areal	reduction	factors	The	general	relationship	found	in	many	parts	of	the	world	between	the	areaaverage
precipitation	in	a	storm,	the	storm	area,	and	the	peak	intensity	at	its	focus	is	used	as	the	basis	for	defining	and	calibrating	design	storms	for	climatological	regions.	To	define	design	storms,	observations	of	individual	precipitation	events	gathered	from	a	dense	gauge	network	in	the	region	are	analyzed	to	specify	the	average	shape	of	the	intensity
distribution	when	normalized	to	the	peak	intensity	in	each	storm.	Because	storms	with	more	persistent	precipitation	tend	to	have	greater	storm	area	and	also	tend	to	be	rarer,	the	relationships	which	describe	the	precipitation	intensity	distribution	relative	to	the	peak	intensity	are	different	for	classes	of	observed	storms	when	subdivided	by	storm
duration	and/or	storm	return	period.	Hence,	the	results	of	such	analyses	are	expressed	in	terms	of	the	relationship	between	the	peak	storm	precipitation	and	the	area-average	precipitation	for	storms	subdivided	either	on	the	basis	of	return	period	(Fig.	14.7)	or	on	the	basis	of	duration	(Fig.	14.8).231	206	Precipitation	Analysis	in	Space	Figure	14.8
Point	area	precipitation	relationships	for	Lund,	Sweden	by	duration.	(From	Niemczynowicz,	1982,	published	with	permission.)	The	so-called	point	area	relationships	just	described	may	be	used	to	aid	design	of	water	management	infrastructure	such	as	flood	control	systems.	In	Chapter	13	the	use	of	the	statistics	of	extremes	was	discussed	and,	as	an
example,	the	probability	of	rainfall	rates	being	greater	than	a	defined	value	was	estimated	on	the	basis	of	a	previously	measured	time	series	of	precipitation.	This	method	provides	an	estimate	for	the	precipitation	rate	at	a	point.	For	small	drainage	basins,	it	might	be	acceptable	to	assume	the	precipitation	rate	with	this	probability	falls	uniformly
across	the	basin	and	storm	drainage	from	the	basin	calculated	as	the	basis	for	flood	management.	However,	for	larger	drainage	basins	assuming	uniform	precipitation	is	unrealistic.	Rainfall	greater	than	a	specified	amount	might	occur	with	the	estimated	probability	somewhere	in	the	basin,	but	the	precipitation	elsewhere	in	the	basin	during	the	rain
storm	will	be	less	than	this.	The	point	area	relationship	corresponding	to	the	area	of	the	basin	and	storm	return	period	and	duration	can	be	used	to	make	a	first	order	estimate	of	the	(reduced)	basin	average	precipitation	required	for	the	storm	drainage	calculation.	Point	area	relationship	analysis	can	be	extended	more	generally	by	deriving	average
areal	reduction	factors	(ARFs)	for	a	region.	Two	approaches	have	been	used.	Storm	centered	analyses	focus	on	defining	the	ratio	of	the	peak	observed	rainfall	to	the	area-average	rainfall	for	different	storms,	the	area	of	the	storm	therefore	being	variable.	A	more	commonly	used	approach	is	to	make	a	fixed	area232	Precipitation	Analysis	in	Space	Area,
A	(km	2	)	Figure	14.9	Areal	reduction	factor	related	to	rain	area	and	duration.	(Redrawn	from	Sumner,	1988;	after	Rodda	et	al.,	1976,	published	with	permission.)	Duration,	D	(hours)	analysis.	In	this	case	ARFs	are	calculated	for	entire	drainage	basins	by	relating	the	area-average	precipitation	(calculated	using	the	Theissen	method,	for	example)	for	a
chosen	storm	duration	and	for	an	annual	time	series	of	extreme	events	in	a	number	of	different	selected	catchments.	In	each	case,	the	ratio	between	the	average	precipitation	for	the	catchment	and	the	areal	maximum	precipitation	is	calculated	and	an	overall	mean	then	calculated	from	these	values	for	all	the	catchments	analyzed.	Figure	14.9	shows
an	example	of	the	ARFs	obtained	in	this	way	in	terms	of	duration	and	rain	area.	Apparently	in	this	example	the	ARF	is	considered	independent	of	return	period.	Area-average	precipitation	can	be	simply	obtained	by	taking	the	product	of	observed	point	depth	precipitation	with	the	ARF	for	an	appropriate	duration	and	area.	Probable	maximum
precipitation	A	further	measure	of	extreme	precipitation	for	a	region	that	might	be	helpful	in	infrastructure	design	is	the	concept	of	probable	maximum	precipitation	(PMP).	Although	the	name	implies	PMP	is	a	statistical	measure,	it	is	largely233	208	Precipitation	Analysis	in	Space	a	physical	estimate	of	what	might	be	the	greatest	possible
precipitation	given	a	certain	set	of	extreme	atmospheric	conditions.	PMP	is	a	hypothetical	concept	which	is	defined	as	the	analytically	estimated	greatest	possible	depth	of	precipitation	that	is	physically	possible	and	reasonably	characteristic	over	a	geographical	region	at	a	certain	time	of	year.	PMP	is	usually	defined	with	respect	to	a	given	area,	often
a	drainage	basin,	and	includes	estimates	of	the	inflow	of	moisture	over	the	basin	and	the	maximum	likely	amount	of	that	moisture	which	could	be	precipitated.	One	atmospheric	variable	likely	to	exert	control	on	the	PMP	is	W,	the	total	precipitable	water	in	the	atmosphere	overlying	the	region.	W	can	be	calculated	(in	mm)	from	data	measured	during	a
radiosonde	ascent	through	the	atmosphere	(see	by	taking	the	integral:	W	P	top	1	e	=.	dp	g	(14.2)	P	e	Pground	where	g	is	the	acceleration	due	to	gravity,	e	and	P	are	respectively	the	vapor	pressure	and	atmospheric	pressure	(in	kpa)	measured	as	a	function	of	height	by	the	radiosonde,	and	P	ground	and	P	top	are	the	atmospheric	pressure	at	ground
level	and	the	top	of	ascent	(when	contact	is	lost	or	the	balloon	bursts).	Total	precipitable	water	can	also	be	estimated	from	surface	dew	point	assuming	the	moist	adiabatic	lapse	rate	prevails	throughout	the	atmosphere.	The	name	total	precipitable	water	is	inaccurate	because	not	all	of	the	water	in	the	atmosphere	can	be	precipitated	by	any	known
mechanism.	Consequently,	in	addition	to	depending	on	W,	the	calculation	of	PMP	needs	to	recognize	and	make	allowance	for	realistic	restrictions	on	the	rate	of	convergence	of	water	vapor	toward	a	storm	and	the	maximum	effect	of	vertical	motion	within	a	storm.	One	approach	used	to	estimate	the	PMP	is	to	adopt	(and	if	necessary	transpose	from
elsewhere)	models	of	real	extreme	storms	to	estimate	these	additional	restrictions,	but	then	to	index	these	to	local	extreme	values	of	W.	However,	the	assumptions	and	generalizations	made	when	adopting	the	storm	model	approach	are	such	that	a	sometimes	preferred	technique	involves	the	use	of	actual	storm	occurrences,	which	are	then	maximized
to	become	an	extreme	storm	for	the	area	using	the	highest	observed	surface	dew	points	and	most	extreme	morphological	conditions.	Available	regional	depth-area-duration	and	maximum	intensity	information	as	well	as	local	isohyetal	maps	may	used,	or	these	may	adopted	from	areas	that	are	similar.	Time	factors	such	as	season,	time	of	day	and	storm
duration	may	also	be	taken	into	account.	In	regions	with	topography	the	estimation	of	PMP	is	much	more	difficult.	Several	different	methods	have	been	attempted	but	as	yet	none	has	universal	acceptance.	Figure	shows	an	example	map	of	all	season	average	probable	maximum	precipitation	for	the	eastern	USA.	The	performance	of	PMP	estimates	can
be	evaluated	against	maximum	observed	storm	totals.	Studies	of	this	type	in	the	USA	(e.g.,	Reidel	and	Schreiner,	1980)	suggest	that	observed	maximum	precipitation	is	approximately	60%	of	PMP.234	Precipitation	Analysis	in	Space	All-season	PMP	estimate	(for	6	hours,	200	miles	2	)	Figure	All	season	average	probable	maximum	precipitation
calculated	in	inches	(1	inch	=	25.4	mm)	for	the	eastern	USA	for	a	6	hour	period	and	an	area	of	518	km	2.	(From	Smith,	1993;	after	Hanson	et	al.,	1982,	published	with	permission.)	Spatial	correlation	of	precipitation	In	hydrometeorology	and	hydroclimatology,	spatial	analyses	of	precipitation	are	of	interest	as	a	means	for	studying	the	dominant
precipitation-producing	mechanisms	and	prevailing	moisture	flows	in	a	region.	For	example,	if	an	analysis	was	made	of	the	correlation	between	the	precipitation	measured	at	a	point	with	that	measured	at	progressively	increasing	distances,	it	might	be	possible	to	deduce	information	about	average	storm	size	and	typical	storm	separation.	For	example,
consider	a	correlation	analysis	across	a	featureless	plain	for	a	period	when	there	was	no	consistent	direction	of	air	flow	and	precipitation	was	produced	by	randomly	located	convective	storms.	In	this	case	the	spatial	pattern	of	the	correlation	might	reveal	concentric	rings	of	positive	correlation	whose	width	reflected	the	spatial	dimensions	of	storms,
and	areas	of	negative	correlation	whose	diameter	reflected	the	separation	between	storms	(Fig	).	In	more	usual	conditions	such	a	plot	of	correlation	coefficient	can	reveal	evidence	of	the	prevailing	direction	of	rain-bearing	winds	and	of	the	location	of	features	in	the	landscape	that	are	associated	with	atmospheric	activity	that	generates
precipitation.235	Precipitation	Analysis	in	Space	Ascent	Ascent	Decent	Figure	Schematic	diagram	of	the	hypothetical	variation	in	correlation	coefficient	versus	distance	for	long	term	average	precipitation	relative	to	one	location	if	produced	by	randomly	occurring	convective	storms	over	a	moist,	flat,	featureless	plain.	Correlation	coefficient	~	Storm
separation	~	Storm	size	Distance	(a)	(b)	0.25	On	shore	wind	direction	Bands	parallel	to	coast	Line	of	the	great	divide	Figure	(a)	Contours	of	correlation	coefficient	for	observed	precipitation	in	Queensland,	Australia	relative	to	a	single	point,	and	(b)	contours	of	composite	correlation	obtained	by	superimposing	the	correlation	coefficients	for	individual
gauges	in	the	same	region	as	(a).	(Redrawn	from	Sumner	and	Bonell,	1988,	published	with	permission.)	Figure	14.12a	illustrates	a	good	example	of	this	for	Queensland,	Australia.	The	contours	of	the	correlation	coefficient	between	one	selected	inland	gauge	and	other	gauges	in	the	region	show	the	effect	of	coherence	between	precipitation	measured
along	the	line	of	the	Great	Divide	and	coastal	precipitation	associated	with	sea	breeze	activity,	and	also	strong	correlation	along	the	dominant	direction	of	moisture	flow.236	Precipitation	Analysis	in	Space	211	In	some	situations	where	the	gauge	density	is	high	enough,	it	may	also	be	possible	to	create	contour	maps	of	composite	correlation	coefficient
in	which	the	correlation	fields	for	each	gauge	are	superimposed.	Figure	14.12b	shows	an	example	of	a	contour	map	of	composite	correlation	coefficient	for	this	same	area	of	Queensland	showing	correlated	bands	of	precipitation	inland	away	from	the	coast	separated	by	km.	Important	points	in	this	chapter	Mapping	precipitation:	drawing	isohyets	of
precipitation	involves	estimating	the	location	of	points	with	the	required	precipitation	value	between	pairs	of	gauge	measurements	then	drawing	smoothed	isohyets	through	these	points.	Area	mean	precipitation:	is	the	value	calculated	as	a	weighted	mean	of	available	precipitation	observations,	with	weighting	assigned	in	one	of	several	possible	ways
including	using	(a)	the	Isohyetal,	(b)	the	Triangle,	and	(c)	the	Theissen	methods,	although	the	Theissen	method	is	often	preferred	and	all	methods	tend	to	produce	similar	results,	especially	if	applied	over	a	long	period.	Spatial	organization:	storms	tend	to	be	organized	in	pseudo-elliptical	or	linear	groups,	with	individual	storms	elliptical	in	shape,	more
elongated	when	larger,	and	with	the	rate	of	change	in	intensity	increasing	toward	the	middle	of	the	storm.	Design	storms:	statistical	analysis	of	observed	storms	results	in	the	definition	of	regional	relationships	between	peak	storm	intensity	and	area-average	precipitation	called	areal	reduction	factors	which	are	used	in	hydrological	design	and	which
vary	with	storm	duration	and/or	storm	return	period.	Probable	maximum	precipitation	(PMP):	the	hypothetical	estimate	for	a	region	of	the	greatest	possible	precipitation	that	might	occur	in	extreme	atmospheric	conditions	over	a	specified	area	and	period	of	time:	it	is	variously	calculated	but	may	be	an	overestimate	relative	to	observed	maximum
precipitation	rates.	Spatial	correlation:	spatial	characteristics	of	the	atmospheric	mechanisms	involved	in	precipitation	release	in	a	region	can	be	revealed	by	analysis	of	the	correlation	between	observations	from	a	rain	gauge	network	(see	text).	References	Hanson,	E.M.,	Schreiner,	L.C.	&	Miller,	J.F.	(1982)	Application	of	probable	maximum
precipitation	estimates	United	States	east	of	the	105	meridian.	Hydrometeorological	Report	52,	National	Weather	Service,	NOAA,	Washington,	DC.	Niemczynowicz,	J.	(1982)	Areal	intensity-duration-frequency	curves	for	short-term	rainfall	events	in	Lund.	Nordic	Hydrology,	13,237	212	Precipitation	Analysis	in	Space	Reidel,	J.	&	Schreiner,	L.	(1980)
Comparison	of	generalized	estimates	of	probable	maximum	precipitation	with	greatest	observed	rainfalls.	NOAA	Technical	Report	NWS	25,	NOAA,	Washington,	DC.	Rodda,	J.C.,	Downey,	R.A.	&	Law,	F.M.	(1976)	Systematic	Hydrology.	Newnes-Butterworth,	London.	Smith,	J.A.	(1993)	Precipitation.	In:	Maidment,	D.	(ed.)	Handbook	of	Hydrology,	pp
McGraw-Hill,	New	York.	Sumner,	G.N.	(1988)	Precipitation	Process	and	Analysis.	John	Wiley	and	Sons,	Bath,	UK.	Sumner,	G.N.	&	Bonell,	M.	(1988)	Variations	in	the	spatial	organization	of	daily	rainfall	during	the	Queensland	wet	season.	Theoretical	and	Applied	Climatology,	39	(2),238	15	Mathematical	and	Conceptual	Tools	of	Turbulence
Introduction	The	movement	of	momentum	downward	from	the	atmosphere	into	the	Earth	s	surface	and	the	transport	of	water	vapor,	heat,	and	minority	gases	between	the	surface	and	the	overlying	atmosphere	are	primarily	by	the	mechanism	of	turbulent	transport.	Consequently,	a	basic	understanding	of	the	turbulence	that	occurs	in	the	atmospheric
boundary	layer	is	a	necessary	component	of	hydrometeorological	understanding.	This	chapter	provides	an	introduction	to	the	concept	of	atmospheric	turbulence	and	to	the	mathematical	tools	used	when	deriving	equations	that	describe	it.	Signature	and	spectrum	of	atmospheric	turbulence	If	a	fast	response	sensor	of	any	weather	variable	is	placed	a
few	meters	above	the	ground	in	daytime	conditions,	the	measurement	it	provides	will	reveal	evidence	of	apparently	haphazard	variability	in	the	atmosphere.	Figure	15.1	shows	an	example.	In	this	case	the	measurement	recorded	on	the	chart	recorder	trace	shown	is	of	horizontal	wind	speed	made	with	an	anemometer	capable	of	responding	to	changes
at	a	time	scale	of	greater	than	10	seconds.	The	measured	wind	speed	is	recorded	for	about	two	and	a	half	hours	from	12:00	to	14:30	local	time.	What	does	this	chart	recorder	trace	disclose?	Careful	inspection	of	Fig	reveals	the	following.	a.	There	are	clearly	visible	quasi-random	fluctuations	in	the	measured	wind	speed,	the	pattern	of	which	is	not
regular	and	not	wave	like.	b.	The	mean	value	of	the	measured	wind	speed	is	changing	with	time	from	around	6	m	s	1	between	12:00	and12:30	to	around	5	m	s	1	between	14:00	and	14:30.	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.239	214	Mathematical	and
Conceptual	Tools	of	Turbulence	10	Change	in	variance	Figure	15.1	Trace	of	horizontal	wind	speed	measured	with	an	anemometer.	(Redrawn	from	Stull,	1988,	published	with	permission.)	Wind	speed	(m	s	1	)	5	0	Mean	6	m	s	1	Mean	5	m	s	1	Peaks	at	about	1	min.	Structure	at	3	13	mins	12:00	13:00	14:00	Local	time	Turbulent	structures	with	different
horizontal	dimensions	within	a	body	of	air	moving	horizontally	Figure	15.2	Schematic	diagram	of	turbulent	eddies	circulating	within	an	air	stream	which	is	itself	moving	at	the	mean	wind	speed	s	m	10	s	m	5	6	m	s	1	c.	The	magnitude	of	the	variability	as	characterized	by	variance	of	the	trace	over	30	minutes	decreases	between	12:00	and	14:30.	d.
There	is	arguably	some	evidence	of	structure	in	the	variations,	with	small	peaks	separated	by	about	1	minute	superimposed	on	larger	peaks	at	about	3	5	minutes,	and	some	evidence	of	variations	at	about	8	to	10	minutes.	Because	the	measurement	is	of	horizontal	wind	speed,	the	fact	that	there	are	periods	with	faster	and	slower	horizontal	wind	speed
suggests	the	presence	of	structures	in	the	air	flow	that	take	about	a	minute	to	a	few	tens	of	minutes	to	pass	the	fixed	sensor.	These,	therefore,	have	a	horizontal	size	on	the	order	of	tens	to	thousands	of	meters	(Fig.	15.2)	and	are	sometimes	referred	to	as	turbulent	eddies.	Thus,	observations	made	with	a	weather	sensor	mounted	above	the	ground	(in
this	case	an	anemometer)	show	that	there	are	haphazard	variations	in	the	meas-240	Mathematical	and	Conceptual	Tools	of	Turbulence	215	Time	period	(hours)	Synoptic	scale	Spectral	gap	Turbulent	scales	Figure	15.3	A	typical	frequency	spectrum	for	the	variability	in	atmospheric	variables	measured	above	the	ground	in	the	turbulent	field	in	the
atmospheric	boundary	layer.	Relative	spectral	intensity	Weather	systems	day	1	10	Eddy	frequency	(cycles	per	hour)	Microscale	eddies	1	minute	ured	value	around	a	gradually	changing	background.	These	are	symptomatic	of	a	field	of	turbulence	above	the	ground	that	involves	parcels	of	air	of	variable	size	and	longevity	moving	horizontally	and
vertically	in	an	apparently	haphazard	way	in	the	atmospheric	boundary	layer.	Such	turbulence	is	generated	partly	by	friction	as	the	moving	air	stream	moves	across	the	rough	surface	and,	in	daytime	conditions,	partly	also	by	buoyancy.	Time	series	of	measurements	such	as	those	shown	in	Fig	can	be	analysed	using	Fourier	analysis	to	define	the
frequency	spectrum	of	component	contributions	to	the	variations	in	weather	variables.	The	results	of	such	an	analysis	were	described	in	Chapter	1	for	a	much	wider	range	of	frequencies,	see	Fig	Here	we	consider	the	more	restricted	range	of	frequencies	from	fractions	of	a	second	to	about	100	days	shown	in	Fig	In	this	figure	three	distinct	peaks	are
visible,	as	follows:	a.	at	around	100	hours	there	is	variability	that	is	associated	with	weather	systems	which	typically	influence	local	conditions	for	a	few	days;	b.	at	around	24	hours	there	is	variability	that	is	associated	with	difference	in	conditions	between	day	and	night;	and	finally,	c.	there	is	variability	across	the	range	of	frequencies	less	than	about
10	to	15	minutes.	A	feature	that	is	apparent	in	Fig.	15.3,	which	is	crucially	important	from	the	standpoint	of	describing	turbulence	in	the	atmosphere,	is	the	distinct	lack	of	variability	for	frequencies	with	periodicity	between	about	30	and	90	minutes.241	216	Mathematical	and	Conceptual	Tools	of	Turbulence	This	portion	of	the	spectrum	is	called	the
spectra	gap	in	variability	and	its	presence	provides	an	opportunity	to	divide	the	representation	of	atmospheric	variability	into	two	halves.	To	the	left	of	the	spectral	gap,	variations	are	primarily	associated	with	synoptic	scale	features	and	with	the	more	gradual	change	that	occurs	through	the	daily	cycle,	such	as	the	change	in	the	mean	value	of	wind
speed	between	12:00	and	14:00	already	noticed	in	Fig	To	the	right	of	the	spectral	gap,	variations	correspond	to	the	haphazard	variability	at	higher	frequency	that	are	apparent	in	Fig	and	are	associated	with	turbulence.	They	reflect	the	movement	of	the	parcels	of	air	that	are	continuously	being	created	and	destroyed	in	the	turbulent	field	which,	as
they	move,	provide	the	primary	mechanism	by	means	of	which	water	vapor,	heat,	momentum	and	chemical	constituents	are	transported	between	the	surface	and	the	atmosphere.	Some	important	characteristics	of	turbulence	to	bear	in	mind	in	what	follows	are:	it	is	irregular	and	appears	random,	or	at	least	pseudo-random,	and	because	of	this	a
deterministic	description	of	turbulence	at	all	spatial	scales	is	not	feasible;	it	is	diffusive,	and	in	most	situations	where	turbulence	occurs,	the	turbulent	transfer	of	energy,	water	vapor,	momentum	and	atmospheric	entities	is	much	more	effective	than	transfer	by	molecular	diffusion;	it	is	three-dimensional,	and	entities	such	as	plumes	and	vortexes	can
play	a	significant	role;	and	finally,	it	is	continually	being	created	and	destroyed.	Mean	and	fluctuating	components	Separating	variations	in	atmospheric	entities	into	low-frequency	and	highfrequency	variations	is	used	as	the	basis	for	representing	the	turbulent	atmosphere	mathematically.	Variations	to	the	left	of	the	spectral	gap	are	described	by
equations	which	are	firmly	based	on	physical	principles	such	momentum,	mass	and	energy	conservation,	and	which	explicitly	represent,	or	resolve,	changes	in	the	mean	flow	of	atmospheric	entities.	Describing	the	haphazard	turbulent	variations	that	occur	at	higher	frequencies	that	are	to	the	right	of	the	spectral	gap	in	Fig	is	less	tractable.	The	most
common	approach	is	to	represent	their	net	effect	in	the	form	of	less	well-grounded	empirical	equations,	which	are	often	called	parameterizations.	In	later	chapters	it	is	shown	that	such	parameterizations	are	sometimes	written	in	the	form	of	empirical	functions	of	the	mean	values	of	atmospheric	entities,	these	functions	having	been	derived	and
calibrated	by	field	studies.	The	first	step	toward	writing	a	mathematical	description	of	atmospheric	changes	and	movement	is	to	re-write	the	value	of	each	of	the	several	atmospheric	variables	in	a	form	that	explicitly	recognizes	that	the	variable	has	poorly	described	turbulent242	Mathematical	and	Conceptual	Tools	of	Turbulence	217	u(t)	Turbulent
fluctuation	Figure	15.4	Separation	of	the	time	dependent	horizontal	wind	speed	along	the	X	axis,	u(t),	into	a	time	dependent	turbulent	fluctuation	component,	u	(t),	and	a	mean	flow	component,	u.	Wind	speed	u	(t)	u	Time	Mean	flow	Table	15.1	Atmospheric	variables	and	their	decomposition	into	components	representing	the	mean	value	of	the	variable
and	the	fluctuating	component	associated	with	turbulence.	Variable	Symbol	and	decomposition	into	components	Wind	speed	parallel	to	the	ground,	along	u(t	)	=	u	+	u	(t	)	direction	of	the	mean	wind	Wind	speed	parallel	to	the	ground,	v	(t	)	=	v	+	v	(t	)	perpendicular	to	the	direction	of	the	mean	wind	Wind	speed	perpendicular	to	the	ground	w(t	)	=	w	+
w	(t	)	Virtual	potential	temperature	q	v	(t	)=	q	+	q	v	(t	)	Specific	humidity	q(t	)	=	q	+	q	(t	)	Atmospheric	constituent,	e.g.	CO	2	c(t	)	=	c	+	c	(t	)	variations	that	are	superimposed	on	better	described	variation	in	their	mean	values.	Figure	15.4	illustrates	this	separation	for	the	case	of	the	wind	speed	component,	u,	along	the	X	axis	selected	to	be	parallel	to
the	ground.	All	atmospheric	entities	show	similar	variability	in	a	turbulent	field	and	can	be	similarly	re-written	with	separate	mean	and	fluctuating	components,	see	Table	Rules	of	averaging	for	decomposed	variables	It	is	useful	that	over	a	time	period	T	of	around	minutes	all	atmospheric	variables	can	be	considered	as	being	made	up	of	the	mean	value
over	that	period	and	a	fluctuating	component	which	by	definition	has	an	average	value	of	zero	when	averaged	over	the	period	T.	This	allows	simplifications	when	deriving	equations.	Table	15.2	documents	some	of	the	more	important	mathematical	results243	218	Mathematical	and	Conceptual	Tools	of	Turbulence	Table	15.2	Averaging	rules	for	time-
dependent	variables	A	and	B	re-written	in	terms	of	their	mean	and	fluctuating	components	and	a	time	independent	constant	C.	Number	Averaging	rule	Number	Averaging	rule	A1	C	_	=	C	A6	da	d	A	=	dt	dt	A2	(	A+	B)	=	A+	B	A7	A	A	=	t	t	A3	(	CA)	=	C	A	A8	a	a	=	t	t	A4	(	A)	=	A	and	(	B)	=	B	A9	a	a	A	=	A	t	t	A5	(	AB)	=	A	B	A10	(	a	)	(	a	)	=	t	t	2	2	that
follow	when	two	time	dependent	variables,	A	and	B,	are	decomposed	into	mean	and	fluctuating	components	and	the	mean	value	of	their	fluctuating	components	is	zero.	In	Table	15.2,	A	and	B	are	as	follows:	and	A	=	A+	a	(15.1)	B	=	B+	b	(15.2)	while	C	is	a	fixed	constant	that	does	not	vary	over	the	averaging	period	used	to	define	the	mean	and
fluctuating	components	of	A	and	B.	In	this	table	the	presence	of	an	overbar	over	a	variable	implies	that	an	average	of	that	variable	is	taken	over	the	time	period	T.	One	important	(though	obvious)	result	that	immediately	follows	from	these	rules	is	that	because:	A	=	(	A+	a	)	=	(	A)	+	(	a	)	=	A+	a	(15.3)	it	follows	that:	a	=0	(15.4)244	Mathematical	and
Conceptual	Tools	of	Turbulence	219	From	Equation	(15.4),	it	also	follows	that:	(	Ba.	)	=	Ba	=	0	(15.5)	and,	by	analogy,	that:	(	Ab.	)	=	Ab	=	0	(15.6)	Equations	(15.5)	and	(15.6)	can	be	used	to	demonstrate	an	important	result.	If	one	takes	the	time-average	of	the	cross	product	of	two	atmospheric	variables,	thus:	(	AB)	=	(	A+	a	)(	B+	b	)	=	(	AB+	ab	+	Ab
+	ab	)	(15.7)	and	then	substitutes	Equations	(15.5)	and	(15.6)	it	follows	that:	(	AB)	=	A	B	+	a	b	(15.8)	Thus,	the	time-average	of	the	cross	product	of	two	atmospheric	variables	is	equal	to	the	sum	of	two	terms,	the	product	of	their	mean	values	plus	the	time-average	of	the	instantaneous	product	of	their	fluctuating	components	over	the	period	T.	This
result	is	known	as	Reynolds	averaging	and	it	provides	the	basis	for	defining	and	calculating	measures	of	the	strength	of	atmospheric	turbulence	and	turbulent	fluxes,	as	described	below.	It	is	important	to	recognize	that	although	Equations	(15.5)	and	(15.6)	show	the	time-average	of	the	product	of	a	mean	value	with	a	turbulent	fluctuation	is	zero,	in
general,	the	time-average	of	the	product	of	two	or	more	turbulent	fluctuations	cannot	be	assumed	to	be	zero,	thus	aa	0,	ab	0,	(	)	a	b	0,	(	a	)	(	b	)	0,	etc.	Variance	and	standard	deviation	The	variance	of	an	atmospheric	variable,	A,	which	has	been	re-written	in	terms	of	mean	and	fluctuating	parts,	is	formally	defined	by:	2	(	σ	A	)	=	((	A+	a	)	A)	2	(15.9)
Multiplying	out	this	equation	and	(for	the	purpose	of	illustrating	their	application)	applying	the	rules	of	averaging	as	used	when	deriving	Equation	(15.8),	it	follows	that:	2	(	σ	A	)	=	(	A+	a	)(	A+	a	)	2	A(	A+	a	)	+	A	A	2	=	AA+	2	Aa	+	(	a	)	2	AA	2	Aa	+	AA	(15.10)245	220	Mathematical	and	Conceptual	Tools	of	Turbulence	hence:	2	2	(	σ	A	)	=	(	a	)	(15.11)
but	note	that	in	this	case	Equation	(15.11)	also	follows	directly	from	Equation	(15.9).	From	Equation	(15.11),	the	standard	deviation	of	A	is	given	by:	σ	=	(	)	2	A	a	(15.12)	Measures	of	the	strength	of	turbulence	One	measure	of	the	strength	of	atmospheric	turbulence	is	s	m,	the	square	root	of	the	sum	of	the	variances	of	the	three	orthogonal	components
of	wind	speed,	u	parallel	to	the	mean	horizontal	wind,	v	perpendicular	to	the	mean	horizontal	wind,	and	w	in	the	vertical	direction.	s	m	is	calculated	from:	σ	m	=	(	u	)	+	(	v	)	+	(	w	)	(15.13)	Recall	how	the	strength	of	the	turbulence	was	judged	to	vary	with	time	in	Fig	Other	measures	of	strength	of	turbulence	can	also	be	defined,	including	the	turbulent
intensity,	I,	which	is	defined	by	normalizing	s	m	by	the	magnitude	of	the	mean	wind	vector,	U	m,	at	the	point	where	s	m	was	measured.	Because	U	m	is	given	by:	U	=	(	u)	2	+	(	v)	2	+	(	w	)	2	(15.14)	m	the	turbulent	intensity	is	given	by:	I	=	(	u	)	+	(	v	)	+	(	w	)	(	u)	+	(	v)	+	(	w)	(15.15)	Mean	and	turbulent	kinetic	energy	The	kinetic	energy,	E	K,	of	a	body
of	mass	M	moving	with	a	speed	V	is	given	by:	Ek	=	MV	(15.16)	When	defining	the	kinetic	energy	of	air	in	the	atmosphere	it	is	usual	to	normalize	by	the	density	of	air	to	give	the	turbulent	energy	per	unit	mass	and	to	separate	the	kinetic	energy	associated	with	the	mean	air	flow	and	the	turbulent	fluctuations246	Mathematical	and	Conceptual	Tools	of
Turbulence	221	Figure	15.5	A	typical	diurnal	variation	in	the	range	of	values	for	the	linear	density	of	TKE	in	the	lower	atmosphere.	Turbulent	kinetic	energy	per	meter	(m	2	s	2	)	:00	10:00	12:00	14:00	Local	time	of	day	(hr.)	16:00	18:00	individually.	The	Mean	Kinetic	Energy,	MKE,	i.e.,	the	energy	per	unit	mass	associated	with	mean	flow	in	the
atmosphere,	is	given	by:	(	u)	+	(	v)	+	(	w)	MKE	=	(15.17)	2	While	the	Turbulent	Kinetic	Energy,	TKE,	i.e.,	the	energy	per	unit	mass	associated	with	turbulent	fluctuations	in	the	atmosphere,	is	given	by:	(	u	)	+	(	v	)	+	(	w	)	TKE	=	(15.18)	2	As	explained	in	greater	detail	in	later	chapters,	the	TKE	is	generated	in	the	atmospheric	boundary	layer	by	the
mechanical	forces	acting	between	the	atmosphere	and	an	aerodynamically	rough	surface	as	it	moves,	and	by	forces	associated	with	atmospheric	buoyancy,	the	latter	being	enhanced	in	unstable	conditions	but	suppressed	in	stable	conditions.	TKE	is	always	being	destroyed	by	friction	in	the	atmosphere	and	it	is	the	balance	between	the	rate	of
production	of	turbulence	and	its	destruction	which	determines	the	amount	of	turbulent	kinetic	energy	present	at	any	point	and	time.	Figure	15.5	shows	how	the	TKE	typically	changes	through	the	day,	while	Fig	shows	typical	profiles	for	TKE	as	a	function	of	height	in	different	conditions	of	atmospheric	stability.	Linear	correlation	coefficient	The
covariance,	C	A,B,	between	two	variables	A	and	B	is	defined	by	the	expression:	CAB,	=	(	A	A)(	B	B	)	(15.19)247	222	Mathematical	and	Conceptual	Tools	of	Turbulence	2.0	Unstable	2.0	Neutral	2.0	Stable	Height	(km)	Both	buoyant	and	frictional	production	of	TKE	Height	(km)	Frictional	production	of	TKE	Height	(km)	Frictional	production	and	buoyant
destruction	of	TKE	TKE	per	m	(m	2	s	2	)	TKE	per	m	(m	2	s	2	)	TKE	per	m	(m	2	s	2	)	Figure	15.6	Typical	examples	of	the	variation	of	the	linear	density	of	TKE	per	unit	mass	with	height	in	different	conditions	of	atmospheric	stability.	Consequently,	if	A	and	B	are	expressed	in	mean	and	fluctuating	parts,	the	covariance	is:	CAB,	=	((	A+	a	)	A)((	B+	b	)	B)	=
(	a	b	)	(15.20)	In	practice,	covariance	is	most	commonly	used	in	the	form	of	the	Linear	Correlation	Coefficient,	r	A,B,	which	is	the	covariance	normalized	by	the	standard	deviation	of	the	two	variables,	thus:	(	ab	)	r	AB,	=	(15.21)	σσ	a	b	The	value	of	r	A,B	always	lies	in	the	range	from	1	to	+1	and	indicates	the	degree	of	commonality	between	variations
in	the	two	variables.	Thus,	if	the	two	variables	are	perfectly	correlated	(i.e.,	they	vary	together	in	the	same	direction)	then	r	A,B	=	1,	and	if	they	varied	together	but	in	opposite	directions	r	A,B	=	1.	In	fact	perfect	correlation	between	variations	in	the	values	of	atmospheric	variables	is	rare,	but	significant	and	important	correlations	can	and	do	occur	in
the	atmospheric	boundary	layer.	For	example,	if	one	of	the	variables	is	the	vertical	wind	speed,	w,	and	the	second	is	the	virtual	temperature	of	the	air,	q	v,	then	if	air	that	is	warmer	than	average	tends	to	move	upward	and	air	that	is	colder	than	average	tends	to	move	downward,	their	covariance	will	likely	be	greater	than	zero.	In	this	situation,	hotter
air	is	moved	upward	in	the	upward	fluctuations,	to	be	replaced	by	cold	air	that	is	moved	downward	in	downward	fluctuations,	so	there	is	a	net	flow	of	energy	upward.	Consequently,	although	on	average	there	is	no	net	vertical	motion	of	the	air	and	w	_	=	0,	there	is	a	flow	of	heat	away	from	the	surface	that	is	associated	solely248	Mathematical	and
Conceptual	Tools	of	Turbulence	223	Height	relative	to	top	of	ABL	r	qv	q	r	q	w	r	qv	w	Figure	15.7	Typical	daytime	vertical	profiles	of	correlation	coefficients	through	the	ABL	Correlation	coefficient	0.5	with	the	fact	that	the	variations	in	w	and	q	v	are	correlated.	The	resulting	flow	of	heat	is	called	the	turbulent	flux	of	sensible	heat.	We	return	to	this
point	below.	In	the	atmospheric	boundary	layer	(ABL),	there	are	substantial	correlations	between	the	fluctuations	in	atmospheric	variables	such	as	virtual	potential	temperature,	q	v,	and	specific	humidity,	q,	and	also	between	these	two	variables	and	the	vertical	wind	speed,	w.	The	strength	of	these	correlations	changes	with	height	and	time	of	day	and
are	associated	with	height	dependent	differences	in	the	ABL	itself	and	with	the	transport	of	turbulent	fluxes	through	it.	Figure	15.7	shows	typical	variations	with	height	(normalized	such	that	the	height	of	the	ABL	is	unity)	in	the	linear	correlations	coefficients	r	qv,w,	r	q,w	and	r	qv,q	in	daytime	conditions.	During	the	day	and	near	the	ground,	there	is
usually	a	significant	positive	correlation	between	fluctuations	in	vertical	wind	speed,	and	those	in	virtual	potential	temperature	and	specific	humidity.	These	are	associated	with	the	upward	flow	of	sensible	and	latent	heat	that	is	transported	by	turbulent	fluctuations	away	from	the	surface.	There	is	also	correlation	between	fluctuations	in	virtual
potential	temperature	and	specific	humidity	near	the	ground	reflecting	the	fact	that	the	air	in	parcels	moving	upward	tend	to	be	both	warmer	and	moister	than	average,	while	those	moving	downward	tend	to	be	both	cooler	and	drier	than	average.	At	the	top	of	the	ABL	the	situation	is	entirely	different.	The	sign	of	r	qv,w,	and	r	qv,q,	are	negative
implying	a	downward	flow	of	heat	energy,	in	the	opposite	direction	to	that	of	moisture	which	is	still	upward.	Kinematic	flux	The	frame	of	reference	we	adopt	when	describing	atmospheric	flows	in	the	ABL	has	the	Z	axis	perpendicular	to	and	positive	away	from	the	ground,	the	X	axis	parallel	to	the	ground	along	the	direction	of	the	mean	wind,	and	the	Y
axis	parallel	to	the	ground	and	perpendicular	to	the	direction	of	the	mean	wind.249	224	Mathematical	and	Conceptual	Tools	of	Turbulence	The	flux	of	any	entity	is	the	average	value	of	the	product	of	the	volume	density	relevant	to	that	entity	with	the	velocity	of	the	air	in	the	required	direction.	For	example,	the	flux	of	water	vapor	in	the	X	direction
over	a	specified	period	is	the	time-average	of:	(mass	of	water	vapor	per	unit	volume)	(velocity	of	air	in	X	direction)	This	water	vapor	flux,	(	ρ	qu,	a	)	therefore	has	units	of	(kg	m	3	)	(kg	water	kg	1	)	(m	s	1	),	or	kg	water	m	2	s	1.	Similarly,	the	sensible	heat	flux	in	the	Y	direction	is	the	time-average	of:	(heat	content	per	unit	volume	of	air)	(velocity	in	Y
direction)	Consequently,	this	sensible	heat	flux,	(	racpq	v)	v,	has	units	of	(kg	m	3	)	(J	kg	1	K	1	)	(K)	(m	s	1	),	or	J	m	2	s	1.	And	the	flux	of	the	Y	component	of	momentum	(recall	momentum	is	a	vector)	transferred	in	the	Z	direction	is	the	time-average	of:	(momentum	flux	in	the	Y	direction	per	unit	volume	of	air)	(velocity	in	Z	direction)	Hence,	this
momentum	flux,	(	r	uw	a	),	has	units	of	(kg	m	3	)	(m	s	1	)	(m	s	1	),	or	kg	m	1	s	2.	However,	such	entities	as	heat	content	per	unit	volume	of	air	and	momentum	in	the	Y	direction	per	unit	volume	of	air	are	either	rarely	measured	or	they	are	unmeasureable.	Rather,	it	is	the	equivalent	entities,	namely	virtual	potential	temperature	or	velocity	in	the	Y
direction	that	are	measured	instead.	A	product	of	a	measurable	atmospheric	entity	with	a	velocity	component	can	thus	be	related	to	a	true	flux	with	appropriate	physical	dimensions,	but	it	has	the	advantage	that	it	appears	naturally	when	cross	products	between	atmospheric	variables	are	defined.	Partly	because	of	this,	but	also	because	(as	shown
later)	doing	so	simplifies	the	suite	of	equations	that	describe	atmospheric	flow	and	makes	them	more	comparable	with	each	other,	it	is	convenient	to	redefine	the	fluxes	of	mass,	sensible	heat,	momentum	and	moisture	and	minority	constituents.	This	is	done	by	dividing	by	the	density	of	moist	air	or,	in	the	particular	case	of	sensible	heat,	by	the	product
of	the	density	of	moist	air	with	the	specific	heat	of	air.	It	is	viable	to	do	this	because	changes	in	the	density	of	air	are	typically	10%	or	less	through	the	depth	of	the	atmospheric	boundary	layer.	The	equivalent	flux	so	defined	is	called	the	kinematic	flux.	Thus,	each	true	flux	expressed	in	appropriate	physical	units	can	be	associated	with	a	kinematic	flux
in	different	units	that	is	the	cross	product	of	a	measurable	atmospheric	variable	with	a	measureable	velocity	component.	Table	15.3	lists	the	true	fluxes	and	their	units,	the	measurable	atmospheric	entities	equivalent	to	each	flux,	the	relationship	between	each	pair	of	actual	and	kinematic	fluxes,	and	the	dimensions	of	the	equivalent	kinematic	flux.	The
description	of	the	theory	of	turbulence	that	follows	in	later	chapters	is	given	using	kinematic	fluxes.	However,	it	is	important	to	remember	that	each	kinematic	flux	must	ultimately	be	recast	back	into	a	true	flux	in	appropriate	units,	as	for	example	when	used	in	equations	describing	surface	energy	exchange.250	Mathematical	and	Conceptual	Tools	of
Turbulence	225	Table	15.3	The	interrelationship	between	true	and	kinematic	fluxes	and	their	respective	units.	Actual	flux	Units	of	actual	flux	Measurable	variable	Relationship	of	kinematic	flux	to	actual	flux	Units	of	kinematic	flux	M	Mass	kg	air	m	2	s	1	Velocity	Mk	=	ρ	Sensible	heat	J	m	2	s	1	Potential	temperature	Momentum	kg	m	1	s	2	Velocity	(in
prescribed	direction)	a	p	a	m	s	1	H	Hk	=	K	m	s	1	c	ρ	τ	τk	=	m	2	s	2	ρ	E	Moisture	kg	water	m	2	s	1	1	Specific	humidity	Ek	=	kg	ρ	water	kg	air	m	s	1	a	a	Constituent	kg	constit	m	2	s	1	Relative	density	of	constituent	C	1	Ck	=	kg	ρ	constit	kg	air	m	s	1	a	Advective	and	turbulent	fluxes	As	just	described,	the	kinematic	version	of	the	fluxes	of	mass,	sensible
heat,	momentum	and	moisture	and	minority	constituent	are	given	by	taking	the	timeaverage	of	the	product	of	a	relevant	atmospheric	variable	with	the	velocity	component	in	the	direction	of	interest.	Taking	as	an	example	the	kinematic	sensible	heat	moving	in	the	direction	of	the	Z	axis,	the	kinematic	vertical	flux	of	sensible	heat	flux	is	the	time-
average	product	of	q	v	with	w.	Separating	q	v	and	w	into	the	mean	and	fluctuating	components	defined	over	the	averaging	period,	the	total	sensible	heat	flux	is	therefore	calculated	from:	H	=	(	q	w)	=	(	q	+	q	)(	w+	w	)	(15.22)	k	v	v	v	This	last	equation	differs	from	Equation	(7.8)	in	that	it	no	longer	includes	(rc	p	)	because	it	describes	the	kinematic	flux
of	sensible	heat,	and	it	also	allows	the	possibility	of	a	sensible	heat	flux	associated	with	the	mean	vertical	flow	of	air	at	mean	air	temperature.	By	analogy	with	Equation	(15.8),	Equation	(15.22)	becomes:	(	q	w)	=	(	q	w)	+	(	q	w	)	(15.23)	v	v	v	The	first	term	in	Equation	(15.23)	has	dimensions	of	kinematic	sensible	heat	flux	and	describes	the	mean	flow,
in	this	case	of	thermal	energy.	It	is	called	the	Advective	Flux	or	Mean	Flux	and	it	calculates	the	possible	vertical	heat	flow	that	might	occur	via	transfers	that	happen	on	the	low	frequency	side	of	the	spectral	gap	(Fig.	15.3)	if	there	were	a	finite	vertical	wind	speed	over	the	time	period	for	which	averaging	is	made.251	226	Mathematical	and	Conceptual
Tools	of	Turbulence	(a)	(b)	Z	q	Net	upward	heat	flux	Z	q	Net	downward	heat	flux	Figure	15.8	The	correlation	between	positive	and	negative	fluctuations	in	vertical	wind	speed,	and	higher	and	lower	temperature	fluctuations	in	(a)	daytime	conditions	with	a	superadiabatic	temperature	profile,	and	(b)	nighttime	conditions	with	a	stable	inversion	in
temperature.	w	negative	q	negative	Level	1	w	positive	q	positive	Level	q	0	Case	(a)	w	positive	q	negative	Level	1	Level	2	Case	(b)	w	negative	q	positive	q	The	second	term	in	Equation	(15.23)	also	has	dimensions	of	kinematic	sensible	heat	flux	(compare	Equation	(7.8)	)	and	is	called	the	Turbulent	Flux	or	Eddy	Flux,	in	this	case	of	thermal	energy.	It
describes	the	vertical	transfer	that	results	if	there	is	a	positive	Linear	Correlation	Coefficient,	r	q	v,w,	between	virtual	potential	temperature	and	vertical	wind	speed.	As	Fig	15.7	shows,	such	correlation	is	quite	common.	In	fact	the	turbulent	flux	usually	dominates	the	advective	flux	of	sensible	heat	in	the	vertical	direction	because	mass	conservation
requires	that	the	timeaverage	of	mean	vertical	wind	speed	is	small	over	flat	surfaces.	In	the	Y	direction	the	mean	wind	speed	is	zero	by	definition,	so	again	transfer	along	this	axis	can	only	be	as	turbulent	flux.	However,	in	the	case	of	air	blowing	horizontally	over	heterogeneous	surfaces	(e.g.,	patches	of	irrigated	crop	growing	in	an	arid	landscape)
where	the	near-surface	temperature	can	differ	from	one	location	to	the	next,	transfers	along	the	X	axis,	via	the	advective	sensible	heat	flux	term,	may	be	considerable.	Turbulent	fluxes	occur	because	turbulence	is	not	truly	random.	If	it	were	random,	positive	excursions	in	the	product	of	two	atmospheric	variables	would	be	cancelled	out	by	negative
excursions	at	some	other	time	during	the	averaging	period.	To	further	illustrate	how	such	fluxes	can	arise,	consider	the	example	shown	in	Fig	which	is	for	vertical	sensible	heat	flux	in	(a)	daytime	conditions	when	there	is	a	superadiabatic	temperature	profile	above	the	ground;	and	(b)	nighttime	conditions	when	there	is	a	stable	inversion	in
temperature.	In	case	(a),	a	turbulent	eddy	giving	a	positive	excursion	of	vertical	wind	speed	moves	a	parcel	of	air	upward	which	is	subsequently	warmer	than	its	surroundings.	In	this	case	a	sensor	mounted	between	the	levels	labeled	1	and	2	would	simultaneously	measure	a	positive	fluctuation	in	vertical	wind	speed	and	a	positive	fluctuation	in
temperature,	so	the	product	(q	v	w)	would	be	positive.	Conversely,	a252	Mathematical	and	Conceptual	Tools	of	Turbulence	(w	q	)	(m	s	1	K)	1	Mean	value	of	(w	q	)	Figure	15.9	Time	variation	of	(q	v	w)	in	unstable,	superadiabatic	daytime	conditions.	(Redrawn	from	Stull,	1988,	published	with	permission.)	Time	(seconds)	turbulent	eddy	that	gives	a
negative	excursion	of	vertical	wind	speed	moves	a	parcel	of	air	downward	that	is	subsequently	cooler	than	its	surroundings.	In	this	case	the	same	sensor	would	simultaneously	measure	a	negative	fluctuation	in	vertical	wind	speed	and	a	negative	fluctuation	in	temperature,	and	the	product	(q	v	w)	would	again	be	positive.	Thus,	both	eddies	contribute
positively	to	the	timeaverage	value	of	the	product	(q	v	w)	and	the	kinematic	eddy	flux	of	sensible	heat	is	positive.	Hence,	there	is	heat	flow	away	from	the	surface,	consistent	with	the	fact	that	it	is	warmer	than	the	overlying	air	in	the	ABL.	In	case	(b)	the	situation	is	reversed.	Positive	excursions	of	vertical	wind	speed	move	air	upward	that	is
subsequently	cooler	than	its	surroundings	and	negative	excursions	of	vertical	wind	speed	move	air	downward	that	is	subsequently	warmer	than	its	surroundings.	In	both	cases	the	product	(q	v	w)	is	negative,	so	the	time-average	value	of	the	product	(q	v	w)	and	the	kinematic	eddy	flux	of	sensible	heat	is	negative.	There	is	heat	flow	from	the	warmer	air
toward	the	cooler	surface.	The	discussion	just	given	might	wrongly	be	interpreted	as	implying	that	vertical	excursions	and	associated	transport	are	of	similar	magnitude	and	duration.	But	this	is	not	the	case.	Very	commonly,	measurements	taken	at	a	point	above	the	ground	during	the	day	in	unstable	superadiabatic	conditions	show	strong	shortlived
positive	excursions	in	(q	v	w)	superimposed	on	longer	intervening	periods	with	(q	v	w)	less	than	zero,	see	Fig	Figure	shows	that	the	frequency	of	occurrence	for	q	v,	w,	and	(q	v	w)	are	typically	skewed	in	such	conditions	for	both	q	v	and	w,	but	are	particularly	strongly	skewed	for	the	product	(q	v	w).	Such	observations	suggest	that	in	this	case	much	of
the	turbulent	transport	is	occurring	via	rapidly	ascending	convective	plumes	which	have	limited	extent	in	the	horizontal	plane	and	therefore	limited	duration	at	a	particular	point.	This	is	confirmed	by	Fig	,	which	shows	the	normalized	frequency	distribution	of253	228	Mathematical	and	Conceptual	Tools	of	Turbulence	Frequency	of	occurrence
Frequency	of	occurrence	Frequency	of	occurrence	w	(m	s	1	)	q	(K)	w	q	(m	s	1	K)	Figure	Frequency	of	occurrence	of	the	fluctuations	q	v,	w,	and	(q	v	w)	in	unstable	superadiabatic	daytime	conditions.	(Redrawn	from	Stull,	1988,	published	with	permission.).	3	Figure	The	normalized	flux-angle	distribution	of	evaporation	for	three	day	s	data	collected
over	a	pine	forest	(positive	flux	values	only).	Updraughts	are	positive.	(Redrawn	from	Gash	and	Dolman,	2003,	published	with	permission.).	Normalized	flux-angle	probability	frequency	distribution	Angle	of	attack	on	vertical	wind	sensor	(degrees	relative	to	horizontal)	evaporation	with	the	angle	of	the	wind	vector	from	the	horizontal.	There	is	a	bi-
modal	distribution	with	the	maximum	flux	being	carried	by	downward	moving	eddies	between	5	and	10,	and	upward	moving	eddies	between	20	and	25.	Idealized	profiles	of	turbulent	fluxes	sensible	heat,	momentum,	and	moisture	in	daytime	and	nighttime	conditions	are	shown	in	Fig	During	the	day	the	profiles	are	large	and	usually	stay	roughly
constant	or	change	linearly	with	height	through	the	ABL.	At	night	the	fluxes	are	much	less	and	fall	off	rapidly	with	distance	from	the	ground.254	Mathematical	and	Conceptual	Tools	of	Turbulence	229	(a)	Daytime	profiles	of	turbulent	fluxes	Height	(km)	2	1	Free	atmosphere	Entrainment	layer	Mixed	layer	Heat	flux	(w	q	)	Momentum	flux	(w	u	)
Moisture	flux	(w	q	)	Surface	layer	(b)	Nighttime	profiles	of	turbulent	fluxes	Height	(km)	Free	atmosphere	Capping	inversion	Residual	layer	Stable	boundary	layer	Surface	layer	Heat	flux	(w	q	)	Momentum	flux	(w	u	)	Moisture	flux	(w	q	)	Figure	Idealized	profiles	of	the	turbulent	fluxes	of	sensible	heat,	momentum	and	moisture	as	a	function	of	height	(a)
in	daytime	conditions	through	the	convective	mixed	layer,	and	(b)	in	nighttime	conditions	through	the	stable	boundary	layer.	The	typical	range	of	variability	in	momentum	and	moisture	fluxes	is	shown	in	gray.	Important	points	in	this	chapter	Turbulent	eddies:	fast	response	sensors	of	atmospheric	variables	reveal	quasi-random	fluctuations	around	a
mean	value	whose	variance	changes	with	time,	which	are	not	regular	and	not	wave-like,	and	which	suggest	there	are	structures	in	the	air	flow	that	are	sometimes	referred	to	as	turbulent	eddies.	The	spectral	gap:	Fourier	analysis	of	observed	atmospheric	fluctuations	shows	the	variability	associated	with	time	scales	of	hours	to	days	to	months	is
separated	from	variability	at	higher	frequencies	by	a	spectral	gap	corresponding	to	time	scales	of	30	to	90	minutes	in	which	there	is	limited	variability.	Decomposed	variables:	because	there	is	a	spectral	gap,	atmospheric	variables	can	be	written	as	being	a	slowly	varying	minute	average	(described	by	equations	based	on	physical	principles)	with
superimposed	haphazard	turbulent	fluctuation	at	higher	frequencies	that	have	zero	mean	value.255	230	Mathematical	and	Conceptual	Tools	of	Turbulence	Averaging	rules:	simplifying	rules	apply	when	the	time-average	is	taken	of	decomposed	atmospheric	variables,	decomposed	variables	multiplied	by	a	constant,	and	derivatives	and	combinations	of
decomposed	variables	(Table	15.2).	Reynolds	averaging:	the	cross	product	of	two	atmospheric	variables	is	equal	to	the	product	of	their	mean	values	plus	the	time-average	of	the	instantaneous	product	of	their	fluctuating	components:	the	time-average	of	the	product	of	two	or	more	turbulent	fluctuations	cannot	be	assumed	to	be	zero.	Mean	and
turbulent	kinetic	energy:	Mean	Kinetic	Energy	(MKE)	and	Turbulent	Kinetic	Energy	(TKE)	per	unit	mass	of	air	are	given	by	the	sum	of	the	squares	of	the	mean	wind	speed	components	and	sum	of	the	squares	of	the	turbulent	wind	speed	components,	respectively:	TKE	is	not	conserved.	Correlation	of	variables:	in	the	ABL	there	are	substantial	height-
and	timedependent	correlations	between	the	fluctuations	in	atmospheric	variables	(e.g.,	virtual	potential	temperature,	specific	humidity,	and	vertical	wind	speed)	that	are	associated	with	the	transport	of	turbulent	fluxes	within	the	ABL.	Kinematic	fluxes:	to	simplify	the	development	of	equations	describing	atmospheric	flow	described	in	later	chapters
it	is	convenient	to	work	in	terms	of	kinematic	fluxes	(e.g.,	H	k,	E	k,,	t	k,,	etc),	these	being	the	fluxes	in	natural	units	(e.g.,	H,	E,	t,	etc)	divided	by	r	or,	in	the	case	of	sensible	heat,	by	(rc	p	).	Advective	and	turbulent	flux:	a	kinematic	flux	is	the	time-average	of	the	product	of	an	atmospheric	variable	with	the	velocity	component	in	the	direction	of	interest.
Reynolds	averaging	identifies	kinematic	flux	as	the	sum	of	an	advective	flux	(the	product	of	their	mean	values),	and	a	turbulent	flux	(the	time-average	of	the	instantaneous	product	of	their	fluctuating	components).	References	Gash,	J.H.C.	and	Dolman,	A.J	Sonic	anemometer	(co)sine	response	and	flux	measurement:	I.	The	potential	for	cosine	error	to
affect	flux	measurements.	Agricultural	and	Forest	Meteorology,	119,	Stull,	R.B.	(1988)	An	Introduction	to	Boundary	Layer	Meteorology	(Atmospheric	Sciences	Library).	Kluger	Academic	Publishers,	Dordrecht,	Netherlands.256	16	Equations	of	Atmospheric	Flow	in	the	ABL	Introduction	This	chapter	introduces	the	set	of	equations	that	are	used	to
describe	the	movement	and	evolution	of	the	atmosphere	and	its	constituents	at	any	point	in	time.	Later	these	equations	are	developed	to	provide	a	description	of	mean	atmospheric	flow	and	atmospheric	turbulence	by	separating	the	variables	used	into	mean	and	fluctuating	components	and	then	applying	the	Reynolds	averaging	described	in	the
chapter	15.	One	of	the	equations	meteorologists	use	to	describe	the	atmosphere	is	the	ideal	gas	law	introduced	in	Chapter	1.	Otherwise,	the	set	of	equations	used	are	simply	the	conservation	laws	for	mass,	momentum,	energy	and	atmospheric	constituents,	including	moisture.	However,	to	those	unfamiliar	with	them,	these	conservation	equations	may
appear	complex	because	they	typically	involve	many	terms.	The	need	to	include	several	terms	arises	because	the	conservation	laws	are	being	applied	in	a	complex	situation,	i.e.,	in	a	moving	fluid	which	has	viscosity,	which	is	subject	to	a	gravitational	force	and	constrained	to	the	surface	of	a	rotating	Earth,	and	which	has	constituents	some	of	which
can	undergo	phase	changes.	Nonetheless,	it	is	important	to	understand	that	the	equations	are	fundamentally	just	conservation	laws,	and	the	approach	used	to	define	them	in	this	chapter	reflects	this.	In	each	case,	the	rate	of	change	with	time	of	the	local	concentration	of	each	conserved	entity	is	first	defined,	recognizing	that	it	is	the	rate	of	change
appropriate	in	a	moving	fluid	that	is	required.	Then	the	several	physical	processes	that	can	give	rise	to	changes	in	local	concentration	of	the	conserved	entity	are	each	separately	identified	and	expressed	algebraically.	The	required	conservation	equation	follows	immediately	by	setting	the	rate	of	change	in	local	concentration	equal	to	the	sum	of	the
terms	that	describe	how	it	might	be	altered.	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.257	232	Equations	of	Atmospheric	Flow	in	the	ABL	Because	the	equations	describing	the	movement	and	evolution	of	atmospheric	properties	are	complex,	sometimes	they
can	be	written	more	efficiently	using	shorthand	representations,	including	using	the	summation	convention	and	vector	algebra.	Use	of	such	representations	has	merit	for	the	specialist	because	it	allows	conciseness.	However,	their	use	requires	first	creating	familiarity	with	the	efficient	representation	adopted,	and	to	those	who	are	not	fluent	in	the
language	of	the	selected	representation	this	can	inhibit	ready	understanding.	In	this	chapter,	the	primary	goal	is	to	convey	understanding	of	how	the	basic	equations	that	describe	the	atmosphere	arise.	For	this	reason,	use	of	such	efficient	representations	is	largely	avoided	and	clumsiness	in	representation	is	accepted	if	this	is	more	likely	to	improve
comprehension.	However,	vector	algebra	equations	are	occasionally	introduced	when	this	is	unlikely	to	confuse.	For	reasons	of	conciseness,	not	all	the	equations	sought	are	derived	independently	and	completely	in	this	chapter.	Often	it	is	possible	to	derive	an	equation	in	one	dimension	and	its	form	in	the	other	two	dimensions	follows	by	analogy.	Also,
the	need	for	some	terms	in	one	conservation	equation	can	be	easily	recognized	by	analogy	with	equivalent	terms	in	another	conservation	equation.	Time	rate	of	change	in	a	fluid	Most	readers	will	understand	the	distinction	between	the	total	derivative	and	the	partial	derivative	of	a	variable.	However,	for	those	less	confident	in	this	branch	of
mathematics	it	is	useful	to	review	why	the	rate	of	change	of	an	atmospheric	variable	with	time	is	written	as	the	sum	of	more	than	one	term.	To	do	this	the	rate	of	change	of	momentum	in	the	direction	of	the	mean	wind	parallel	to	the	ground	is	used	as	an	example.	In	this	chapter	the	selected	frame	of	reference	is	defined	such	that	the	Z	axis	is
perpendicular	to	and	positive	away	from	the	ground,	the	X	axis	is	parallel	to	the	ground	pointing	east	along	the	line	of	latitude,	and	the	Y	axis	is	parallel	to	the	ground	along	the	line	of	longitude.	Consider	the	rate	of	change	with	time	of	u	(the	velocity	along	the	X	axis)	at	a	point	where	the	velocity	of	the	moving	air	has	three	components,	u,	v,	and	w
along	the	X,	Y,	and	Z	axes	respectively.	For	simplicity,	first	consider	the	case	when	the	air	is	only	moving	along	the	X	axis.	Figure	16.1	illustrates	that,	in	this	case,	there	are	two	reasons	why	there	may	be	a	change	in	the	value	of	u	at	a	particular	point.	First,	there	may	be	a	change	in	the	value	u	at	the	point	due	to	some	(as	yet	undefined)	local	force
acting	at	that	point	(Fig.	16.1).	This	will	give	rise	to	a	change	in	the	velocity	component	along	the	X	axis	which	is	represented	by	the	partial	derivative	of	u	with	respect	to	time.	However,	even	if	there	were	no	local	force	acting,	the	air	is	moving	past	the	point	and	the	velocity	along	the	X	axis	within	the	moving	body	of	air	may	not	be	constant.
Consequently,	the	velocity	in	the	moving	air	as	it	passes	at	one	time	may	be	different	to	that	within	the	air	as	it	passes	at	a	later	time	(Fig.	16.1).	The	rate	of	change	in	the	value	of	u	resulting	solely258	Equations	of	Atmospheric	Flow	in	the	ABL	233	Acceleration	due	to	an	imposed	force	changing	the	otherwise	constant	field	Acceleration	due	to	moving
in	a	velocity	field	that	changes	with	position	u	(velocity	along	the	X	axis)	Initial	velocity	field	at	time	t	du	t	u	(velocity	along	the	X	axis)	Initial	position	in	velocity	field	Final	position	in	velocity	field	Final	velocity	field	at	time	t+dt	δx	δu	x	x	X	axis	x	X	axis	Figure	16.1	Schematic	diagram	illustrating	the	contributions	to	velocity	changes	in	a	moving	fluid
field.	Force	at	x	u	u	+	du	t	u	u	+	du	x	from	changes	in	the	velocity	field	in	the	moving	air	as	it	passes	the	point	is	given	by	the	product	of	the	local	velocity	in	the	X	direction,	u,	with	the	gradient	of	the	velocity	u	with	respect	to	X	in	the	moving	air.	Thus,	in	this	simple	case	the	total	rate	of	change	in	u	with	time	is	given	by	the	sum	of	two	partial
derivative	terms,	i.e.,	by:	du	u	u	=	+	u	dt	t	x	(16.1)	However,	more	generally,	the	value	of	the	instantaneous	velocity	component	u	within	the	moving	air	may	be	changing	not	only	in	the	direction	of	the	X	axis	but	also	in	the	direction	of	the	Y	and	Z	axes,	and	the	air	may	not	just	be	moving	only	in	the	direction	of	the	X	axis.	The	expression	for	the	total
rate	of	change	in	u	with	time	therefore	recognizes	these	two	additional	possible	causes	of	change	and	the	full	expression	for	the	total	derivative	is:	du	u	u	u	u	=	+	u	+	v	+	w	dt	t	x	y	z	(16.2)	Note	that	if	the	vector	algebra	representation	were	used,	the	last	equation	would	be	written	more	concisely	as:	du	u	=	+	(	v.	)	u	where	is	the	vector	operator,,	dt	t
x	y	z	(16.3)259	234	Equations	of	Atmospheric	Flow	in	the	ABL	Entirely	analogous	arguments	can	be	used	to	define	the	total	derivative	of	the	v	and	w	components	of	velocity	with	time.	Moreover,	when	applied	to	a	unit	volume	of	air,	Newton	s	second	law	of	motion	requires	that	the	acceleration	along	each	of	the	three	axes	must	be	equal	to	the	total
force	along	each	axis	divided	by	the	density	of	air,	thus:	du	u	u	u	u	Fx	=	+	u	+	v	+	w	=	dt	t	x	y	z	r	dv	v	v	v	v	Fy	=	+	u	+	v	+	w	=	dt	t	x	y	z	r	a	a	(16.4)	(16.5)	dw	w	w	w	w	FZ	=	+	u	+	v	+	w	=	dt	t	x	y	z	r	a	(16.6)	where	F	x,	F	y,	and	F	Z	are	(at	this	point	in	time	unspecified)	axis-specific	forces	acting	on	the	parcel	of	air	of	unit	volume.	These	three
equations	describe	the	conservation	of	momentum	along	the	three	axes.	To	include	them	among	the	suite	of	equations	describing	the	movement	and	evolution	of	the	atmosphere,	the	next	step	is	to	identify	all	the	possible	force	terms	whose	sum	causes	change	in	each	velocity	component.	This	procedure	is	described	in	the	next	section.	In	the



discussion	above,	the	change	in	velocity	with	time	along	three	axes	was	used	to	illustrate	how	the	conservation	equations	that	describe	the	movement	and	evolution	of	the	atmosphere	are	put	together.	In	this	case,	the	starting	point	was	the	conservation	of	momentum,	but	the	conservation	equations	for	scalar	quantities	(i.e.,	mass,	energy,	moisture
and	other	atmospheric	constituents)	can	also	be	used	as	starting	points.	However,	specifying	these	conservations	is	easier	than	formulating	the	momentum	conservation	equations,	and	can	be	done	by	analogy.	For	this	reason,	it	is	the	derivation	of	the	equations	for	momentum	conservation	in	the	atmosphere	which	is	described	in	more	detail	in	the
next	section.	Conservation	of	momentum	in	the	atmosphere	To	write	the	equations	describing	momentum	conservation	it	is	necessary	to	identify	all	the	possible	forces	that	can	give	rise	to	changes	in	the	momentum	in	the	X,	Y,	and	Z	directions,	to	formulate	these	in	mathematical	form,	and	then	to	include	them	as	terms	on	the	right	hand	side	of
Equations	(16.4),	(16.5)	and	(16.6).	In	the	next	three	sections	the	three	terms	that	can	change	momentum	are	considered	separately.260	Equations	of	Atmospheric	Flow	in	the	ABL	235	Pressure	forces	The	most	obvious	reason	why	there	may	be	change	in	kinetic	momentum	(i.e.,	velocity)	in	the	atmosphere	is	as	a	result	of	pressure	differences.	If	there
is	a	gradient	of	pressure	in	a	certain	direction	there	will	be	a	difference	in	the	force	acting	in	that	direction	on	the	opposite	sides	of	parcels	of	air,	and	acceleration	will	result.	Here	the	example	of	a	pressure	gradient	in	the	X	direction	is	used	as	an	example.	Consider	the	elementary	volume	of	air	shown	in	Fig	which	has	a	thickness	dx	in	the	X	direction
and	a	cross-sectional	area	A	perpendicular	to	the	X	direction.	If	pressure	is	not	uniform	in	the	X	direction,	the	pressure	on	the	two	sides	of	the	element	at	locations	x	and	x+dx	will	be	different	and	equal	to	P	and	P,	respectively.	The	mass	of	the	element	is	(r	a	Adx),	so	Newton	s	law	of	motion	requires	that:	u	(	ra	Ax	d	)	=	(	P	P	)	A	(16.7)	t	Because	the
volume	element	is	thin,	P	can	be	estimated	from	P	and	the	thickness	dx	by	taking	the	first	two	terms	in	a	Taylor	expansion,	thus:	P	P	=	P	+	x	x	d	(16.8)	Combining	Equations	(16.7)	and	(16.8)	gives:	u	1	P	=	t	r	x	a	(16.9)	Clearly	analogous	derivations	can	be	made	for	the	effect	of	pressure	gradients	on	kinematic	momentum	along	the	Y	and	Z	directions.
Consequently,	the	three	pressure	gradient	related	terms	that	must	be	included	on	the	right	hand	side	of	Equations	(16.4),	(16.5),	and	(16.6)	are	respectively:	F	x	u	1	P	=	=	r	t	r	x	a	pressure	pressure	a	(16.10)	Surface	area	=	A	P	u	t	pressure	P	Figure	16.2	The	acceleration	due	to	a	gradient	of	pressure	in	the	X	direction.	x	x	+	dx261	236	Equations	of
Atmospheric	Flow	in	the	ABL	Fy	v	1	P	=	=	r	t	r	y	a	pressure	pressure	a	(16.11)	F	z	w	1	P	=	=	r	t	r	z	a	pressure	pressure	a	(16.12)	Were	we	to	use	vector	algebra	formulation	for	Equations	(16.10),	(16.11),	and	(16.12)	these	three	equations	would	be	written	more	concisely	as	a	single	vector	equation,	thus:	F	v	1	=	=	P	r	a	t	pressure	ra	pressure	(16.13)
Viscous	flow	in	fluids	A	second	way	that	the	velocity	component	of	a	small	parcel	of	air	might	change	at	a	particular	point	is	if,	as	a	result	of	the	molecular	movements	in	the	air,	there	is	a	net	transfer	to	that	point	of	momentum	in	the	direction	of	interest.	In	other	words	if,	for	example,	there	is	more	momentum	in	the	X	direction	diffusing	into	the
parcel	by	molecular	diffusion	than	is	diffusing	out	of	the	parcel,	the	local	velocity	of	the	parcel	in	the	X	direction	will	increase.	We	therefore	expect	that	one	of	the	force	terms	needed	on	the	right	hand	side	of	Equations	(16.4),	(16.5),	and	(16.6)	will	quantify	the	effect	of	any	imbalance	in	the	amount	of	momentum	in	each	direction	entering	and	leaving
at	the	point	where	the	equations	are	applied.	The	next	step	is,	therefore,	to	consider	the	equations	which	describe	the	molecular	diffusion	of	momentum	in	air	and,	from	these,	to	define	the	term	that	calculates	the	local	imbalance	for	each	axis.	The	equation	describing	molecular	transfer	of	momentum	in	fluids	was	written	by	Newton	many	centuries
ago.	It	is	framed	in	terms	of	the	viscosity	of	the	fluid,	which	is	a	basic	molecular	property	of	the	fluid	(in	the	present	case,	air)	that	is	a	measure	of	the	fluid	s	internal	resistance	to	deformation.	In	other	words,	it	defines	the	ease	with	which	(hypothetically)	parallel	layers	of	fluid	can	slip	past	each	other.	Figure	16.3	illustrates	a	two-dimensional
example	in	which	a	fluid	is	undergoing	smooth,	streamlined,	laminar	(i.e.,	not	turbulent)	flow	in	the	X	direction	between	two	very	large	parallel	plates	separated	by	a	distance	h.	Consider	the	variation	in	velocity	in	the	Z	direction	which	is	perpendicular	to	the	two	plates.	In	this	case,	the	velocity	u	in	the	X	direction	varies	uniformly	from	zero	at	the
lower	plate	to	U	h	at	the	upper	plate	and:	U	h	u	=	z	h	(16.14)262	Equations	of	Atmospheric	Flow	in	the	ABL	237	Moving	plate	U	h	Z	Figure	16.3	Velocity	and	shearing	stress	generated	by	laminar	flow	in	a	fluid	between	when	two	plates,	one	stationary	and	one	moving	in	the	X	direction	at	a	velocity	U	h.	u	Fixed	plate	X	t	The	resistance	to	continued
motion	between	the	plates	per	unit	area,	which	is	called	the	shearing	stress,t,	is	proportional	to	the	(in	this	case	uniform)	gradient	of	the	velocity	in	the	fluid.	More	generally,	Newton	proposed	that	even	if	the	gradient	were	not	uniform,	the	local	shearing	stress	between	layers	of	fluid	at	z	is	proportional	to	the	local	gradient	in	velocity	along	the	X
direction	at	that	point,	i.e.,	that:	u	t	=	mr	(16.15)	a	z	where	m	is	a	property	of	the	fluid	called	the	dynamic	viscosity.	In	the	application	for	which	Equation	(16.15)	is	required	here,	it	is	preferable	to	re-write	the	equation	to	provide	a	description	of	the	diffusion	in	air	of	the	kinematic	flux	of	momentum,	t	k	(=	t	/r	a	),	by	defining	the	kinematic	viscosity,	u
(=	m	/r	a	).	The	resulting	equation	has	the	form:	u	tk	=	u	(16.16)	z	Note	that	the	dimensions	of	t	k	in	Equation	(16.16)	are	(m	s	1	)(m	s	1	)	as	they	must	be	because	the	kinematic	flux	of	momentum	τ	k	=	uw.	The	above	description	is	of	a	steady	state	in	which	the	rate	at	which	momentum	in	the	X	direction	is	diffusing	vertically	does	not	change	with
distance	along	the	Z	axis.	In	this	example	the	desired	term	to	be	included	in	the	sum	of	forces	on	the	right	hand	side	of	Equation	(16.4)	that	correspond	to	unbalanced	diffusion	of	horizontal	momentum	would	be	zero.	However,	it	is	when	there	is	imbalance	in	diffusion	of	horizontal	momentum	that	is	of	general	interest.	This	will	occur	when	the
gradient	of	u	in	the	Z	direction	is	not	uniform.	Then	the	flow	of	momentum	in	the	X	direction	entering	a	small	parcel	of	air	at	the	point	of	interest	from	below	will	not	necessarily	equal	that	leaving	from	above,	and	the	parcel	will	change	its	velocity.	Figure	16.4	illustrates	this	in	the	X	Z	plane	for	the	one-dimensional	case	of	non-uniform	flow	in	the	X
direction.263	238	Equations	of	Atmospheric	Flow	in	the	ABL	Figure	16.4	The	flow	of	momentum	in	the	X	direction	transferred	by	molecular	diffusion	into	and	out	of	a	small	volume	when	the	magnitude	of	the	horizontal	velocity	is	changing	along	the	Z	axis.	Surface	area	=	A	Thickness	=	dz	t	k	t	k	u	Acceleration	Different	gradients	and	hence	different
fluxes	Consider	the	small	element	of	air	shown	in	Fig	which	has	crosssectional	area	A	and	thickness	dz	and	therefore	has	a	volume	V	=	(Adz).	There	is	a	flow	of	kinematic	momentum	(velocity)	in	the	X	direction	of	t	k	per	unit	area	from	below	the	volume	element	that	is	different	to	the	flow	t	k	per	unit	area	leaving	from	above.	This	difference	will
generate	an	acceleration	of	the	volume	V	in	the	X	direction	that	is	equal	to	the	difference	between	the	two	kinematic	fluxes,	thus:	u	V	=	A	tk	t	k	t	(16.17)	Because	the	volume	element	is	thin,	t	k	can	be	estimated	from	t	k	and	the	thickness	dz	by	taking	the	first	two	terms	in	a	Taylor	expansion,	thus:	t	k	tk'	=	tk+	d	z	(16.18)	z	Substituting	Equation
(16.18)	and	V	=	(Adz)	into	Equation	(16.17)	gives:	u	τk	(	Aδ	z)	=	A	τ	k	+	δz	τk	t	z	(16.19)	and	substituting	Equation	(16.16)	into	Equation	(16.19)	and	simplifying	gives:	2	u	u	=υ	2	t	z	(16.20)	The	above	analysis	only	considers	the	diffusion	along	the	Z	axis	of	velocity	(i.e.	kinematic	momentum)	in	the	X	direction,	but	analogous	analyses	can	be	made	for
diffusion	along	the	X	and	Y	axes	of	kinematic	momentum	in	the	X	direction.	Consequently,	the	total	rate	of	change	in	kinematic	momentum	in	the	X	direction	associated	with	molecular	diffusion	processes	that	must	be	included	as	a	forcing264	Equations	of	Atmospheric	Flow	in	the	ABL	239	term	on	the	right	hand	side	of	Equation	(16.4)	has
contributions	from	diffusion	along	all	three	axes,	as	follows:	F	x	u	u	u	u	=	=	u	r	t	x	y	z	a	viscosity	viscosity	(16.21)	Similar	equations	can	also	be	readily	derived	for	kinematic	momentum	(velocity)	in	the	Y	and	Z	direction	with	analogous	form,	i.e.	F	y	v	v	v	v	=	=	u	r	t	x	y	z	a	viscosity	viscosity	(16.22)	F	z	w	w	w	w	=	=	u	r	t	x	y	z	a	viscosity	viscosity
(16.23)	Were	we	to	use	vector	algebra	representation,	the	last	three	equations	could	be	written	more	concisely	as	a	single	vector	equation	thus:	F	v	2	=	=	u	v	r	t	a	viscosity	viscosity	(16.24)	Note	that	the	physical	process	that	underlies	the	linear	diffusion	equation	describing	transfer	of	momentum	by	molecular	diffusion	is	very	similar	to	those	that
underlie	the	transfer	by	molecular	diffusion	of	scalar	quantities	such	as	energy,	moisture,	and	other	minor	constituents	of	air.	Later	in	this	chapter	conservation	equations	similar	to	Equations	(16.4),	(16.5),	and	(16.6)	are	written	for	these	scalar	quantities,	and	the	contribution	of	molecular	diffusion	toward	changes	in	the	local	concentration	of	such
scalar	quantities	must	be	included	among	the	terms	on	the	right	hand	side	of	these	conservation	equations.	It	is	possible	to	draw	analogy	with	the	above	analysis	to	define	the	required	terms	directly,	but	the	diffusion	coefficient	for	each	scalar	quantity	is	different.	Consequently,	the	molecular	diffusion	terms	to	be	included	in	the	conservation
equations	for	heat	(which	is	framed	in	terms	of	the	virtual	potential	temperature,	q	v	),	for	moisture	(which	is	framed	in	terms	of	the	specific	humidity,	q),	and	for	an	unspecified	scalar	quantity	with	concentration	c	are	(u	q	2	q	v	),	(u	q	2	q),	and	(u	c	2	c),	respectively.	Axis-specific	forces	In	addition	to	the	terms	on	the	right	hand	side	of	Equations
(16.4),	(16.5),	and	(16.6)	associated	with	pressure	gradients	and	viscosity,	there	are	additional	force	terms	that	are	specific	to	each	axis.	In	the	frame	of	reference	we	have	adopted,	the	axis-specific	force	in	the	Z	direction	can	be	immediately	identified	as	the	force	of265	240	Equations	of	Atmospheric	Flow	in	the	ABL	Radius,	r	Angular	velocity,	w
Latitude,	q	Figure	16.5	True	speed	of	a	body	along	a	line	of	latitude	relative	to	the	apparent	speed	when	viewed	from	a	frame	of	reference	fixed	on	the	surface	of	the	Earth.	wr	u	u	true	=	u	+	(w	r	)	gravity	acting	toward	the	surface.	Consequently,	the	axis-specific	acceleration	in	the	Z	direction	required	in	Equation	(16.6)	is:	w	t	axis	specific	=	g	(16.25)
However,	because	the	selected	frame	of	reference	is	stationary	on	the	surface	of	the	Earth,	there	are	also	axis-specific	forces	causing	acceleration,	namely	the	X	and	Y	components	of	the	Coriolis	force	which	arises	because	angular	momentum	must	be	conserved.	All	bodies	rotating	around	an	axis	have	angular	momentum	that	must	be	conserved.	The
angular	momentum	of	the	body	is	defined	as	the	triple	product	of	the	mass	of	the	body,	multiplied	by	the	distance	from	the	axis	around	which	the	body	is	rotating,	multiplied	by	the	speed	at	which	the	body	is	moving.	Conservation	of	angular	momentum	applies	to	the	parcel	of	air	at	latitude	q	shown	in	Fig	that	is	constrained	to	move	in	a	plane	parallel
to	the	surface	of	the	Earth	and	that	is	moving	with	an	apparent	velocity	u	in	the	X	direction	as	viewed	by	an	observer	who	is	stationary	on	the	Earth	s	surface.	Because	the	Earth	is	rotating	with	an	angular	velocity,	ω,	the	true	velocity	of	the	parcel	as	observed	by	an	independent	observer	in	space	is:	utrue	=	u+ωr	(16.26)	where	r	is	distance	between
the	parcel	of	air	at	latitude	q	and	the	axis	of	rotation	of	the	Earth.	Angular	momentum	must	be	conserved	in	the	frame	of	reference	of	this	independent	observer	and	in	this	frame	of	reference	the	angular	momentum,	G,	of	the	parcel	of	air	with	volume	V	and	density	r	a	is:	Γ=(	Vr	)	ru	(16.27)	a	true266	Equations	of	Atmospheric	Flow	in	the	ABL	241	vdt
Y	r	+dr	vdt	r	+dr	Z	q	Figure	16.6	The	rate	of	change	in	velocity	in	the	X	direction	required	to	conserve	angular	momentum	when	a	parcel	of	air	moves	in	the	Y	direction	at	a	velocity	v.	u	t	dt	X	Note:	In	this	case	dr	has	a	negative	value:,	i.e.	dr	=	[v.dt.	sin	(q)]	dr	r	Consider	next	a	particular	case	shown	in	Fig	in	which	a	parcel	of	air	with	the	same
volume	and	density	initially	has	no	velocity	when	viewed	from	a	frame	of	reference	stationary	on	the	surface	of	the	Earth	(i.e.,	u	=	0).	In	this	case,	Equations	(16.26)	and	(16.27)	give	the	angular	momentum,	Γ,	of	the	parcel	as:	Γ	=	(	Vr	)	rωr	(16.28)	a	Suppose	this	parcel	now	begins	to	move	with	a	fixed	velocity	v	in	the	Y	direction.	At	a	short	time,	dt,
later	the	parcel	has	moved	a	distance	(vdt)	along	the	Y	axis	and,	because	the	parcel	of	air	is	constrained	to	move	in	a	plane	parallel	to	the	surface	of	the	Earth,	the	distance	between	the	parcel	and	the	axis	of	rotation	of	the	Earth	has	changed	to	(r+dr),	where	dr	=	v	dt	sin(q),	see	Fig	(Note	the	radius	r	decreases	in	this	case,	so	dr	is	negative.)	Because
angular	momentum	must	be	conserved,	the	(true)	velocity	of	the	parcel	must	also	have	changed,	by	an	amount	[dt(	u/	t)],	such	that	the	new	angular	momentum	is	equal	to	Γ,	i.e.	{	}	{	}	(	Vr	)	sin(	)	(	)	+	sin(	)	=	(	)	a	r	vt	d	q	u	tdt	w	r	vt	d	q	Vra	rw	r	(16.29)	It	can	be	shown	by	multiplying	out	the	left	hand	side	of	Equation	(16.29)	and	cancelling	terms
that:	u	t	axis	specific	=	2wv	sin(	q	)	(16.30)	In	similar	way,	if	a	parcel	of	air,	previously	stationary	in	a	frame	of	reference	stationary	on	the	Earth,	suddenly	begins	to	move	with	a	velocity	u	along	the	X	axis,	angular	momentum	conservation	requires	that	it	then	accelerates	along	the	Y	axis	in	order	to	move	farther	from	the	axis	of	rotation.	In	this	case
geometric267	242	Equations	of	Atmospheric	Flow	in	the	ABL	consideration	of	the	required	relationship	between	the	resulting	acceleration	and	the	change	in	velocity	gives:	v	t	axis	specific	=	2wusin(	q	)	(16.31)	For	simplicity	when	writing	Equations	(16.30)	and	(16.31)	we	have	considered	only	simple	specific	cases,	but	these	two	equations	apply	in
general	and	define	the	axis-specific	forces	for	the	X	and	Y	axes.	For	consistency	with	other	terms	on	the	right	hand	side	of	Equations	(16.4),	(16.5)	and	(16.6),	these	three	equations	are	re-written	as:	F	x	r	a	axis	specific	=	fv	(16.32)	Fy	r	a	axis	specific	F	z	r	a	axis	specific	=	fu	=	g	(16.33)	(16.34)	where:	f	=	2	ω	sin(	θ)	(16.35)	Combined	momentum
forces	As	previously	mentioned,	to	define	the	equations	which	together	describe	the	movement	and	evolution	of	momentum	in	the	atmosphere	the	total	rate	of	change	of	momentum	along	each	axis,	i.e.,	Equations	(16.4)	to	(16.6),	are	combined	with	those	that	describe	possible	forces	that	may	give	rise	to	change,	i.e.,	Equations	(16.10)	to	(16.12),
Equations	(16.21)	to	(16.23),	and	Equations	(16.32)	to	(16.34),	as	follows:	du	u	u	u	u	1	P	u	u	u	=	+	u	+	v	+	w	=	fv	+	υ	dt	t	x	y	z	r	x	x	y	z	dv	v	v	v	v	1	P	v	v	v	=	+	u	+	v	+	w	=	fu	+	υ	dt	t	x	y	z	r	y	x	y	z	a	a	(16.36)	(16.37)	dw	w	w	w	w	1	P	w	w	w	=	+	u	+	v	+	w	=	g	+υ	(16.38)	dt	t	x	y	z	r	z	x	y	z	a268	Equations	of	Atmospheric	Flow	in	the	ABL	243
Conservation	of	mass	of	air	The	rate	of	change	with	time	in	r	a,	the	density	of	the	parcel	of	air	with	volume	V	shown	in	Fig	is	given	by	the	difference	between	the	incoming	and	outgoing	fluxes	of	air	mass	along	all	three	coordinates.	The	contribution	from	along	the	x	axis	is	given	by:	ra	V	=	r	aa(	ux	ux+	x)	(16.39)	d	t	x	where	A	is	the	cross-sectional	area
of	the	parcel	of	air	in	the	plane	perpendicular	to	the	X	axis.	By	taking	the	first	two	terms	in	a	Taylor	expansion,	this	can	be	rewritten	as:	ra	u	u	V	=	raa	ux	ux	+	dx	=	r	av	(16.40)	t	x	x	x	In	three	dimensions,	the	total	change	in	density	is	therefore:	ra	u	v	w	=	r	a	+	+	t	x	y	z	(16.41)	This	is	the	Continuity	Equation	for	the	mass	of	air	and	applies	everywhere
in	the	atmosphere.	It	can	be	shown	that	in	atmospheric	domains	where	f	is	the	maximum	frequency	of	pressure	waves	and	c	s	is	the	speed	of	sound,	and	where	typical	air	velocity	is	less	than	100	m	s	1	and	length	scale	is	less	than	12	km,	(c	s2	/g),	and	(c	s2	/f	),	pressure	forces	are	able	to	equilibrate	density	fluctuations	in	the	atmosphere	sufficiently
quickly	Changing	Internal	Density,	r	w	in	the	Volume	V	=	A	dz	Cross	Sectional	Area,	A,	Perpendicular	to	the	x	axis	W	z	+	dz	V	y	+	dy	W	z	Figure	16.7	Axial	contributions	to	the	time	rate	of	change	of	mass	in	a	parcel	of	air.	u	x	u	x	+	dx	V	y269	244	Equations	of	Atmospheric	Flow	in	the	ABL	for	the	left	hand	side	of	Equation	(16.41)	to	be	negligible	in
comparison	with	the	right	hand	side.	Such	conditions	apply	in	the	atmospheric	boundary	layer	(ABL).	Consequently	in	the	ABL	the	continuity	equation	for	mass	of	air	can	be	simplified	to	become:	u	v	w	+	+	=	0	x	y	z	(16.42)	This	equation	can	be	re-written	in	the	vector	format	as:.	v	=	0	(16.43)	Conservation	of	atmospheric	moisture	The	time	rate	of
change	of	the	total	moisture	concentration	at	a	particular	point	in	the	atmosphere	is	equal	to	the	sum	of	two	terms.	The	first	is	the	transfer	of	moisture	to	that	point	by	molecular	transport.	This	is	equivalent	to	the	transfer	of	a	component	of	momentum	by	molecular	transfer	described	earlier	and	is	represented	by	including	an	analogous	term	in	the
continuity	equation	for	moisture.	The	second	contribution	is	from	a	source/sink	term,	S	q	total,	that	corresponds	to	the	possible	creation	or	destruction	of	water	molecules	by	chemical	means.	Consequently,	the	continuity	equation	for	moisture	takes	the	form:	total	total	total	total	q	q	q	q	+	u	+	v	+	w	t	x	y	z	2	total	2	total	2	total	q	q	q	Sq	=	υ	q	x	y	z	r
total	a	(16.44)	which	equation	can	be	written	more	concisely	in	vector	format	as:	q	t	total	S	total	2	total	q	+	v.	q	=	υq	q	+	r	total	a	(16.45)	This	equation	for	total	moisture	might	be	split	into	two	separate	equations	which	describe	the	conservation	of	water	vapor	and	the	conservation	of	liquid/solid	water	(such	as	cloud	droplets)	in	the	atmosphere
separately,	thus:	q	q	q	q	q	q	q	Sq	Ev	+	u	+	v	+	w	=	υ	q	t	x	y	z	x	y	z	r	r	a	a	(16.46)	l	l	l	l	2	l	2	l	2	l	l	q	q	q	q	q	q	q	Sq	Ev	+	u	+	v	+	w	=	υ	q	t	x	y	z	x	y	z	r	r	a	a	(16.47)270	Equations	of	Atmospheric	Flow	in	the	ABL	245	where	q	is	the	specific	humidity	of	the	air,	q	is	the	liquid/solid	water	content	per	unit	mass,	E	v	is	the	rate	of	creation	of	water	vapor	by
evaporation/sublimation	of	liquid/solid	water	(in	kg	m	3	sec	1	),	and	S	q	and	S	q	l	are	possible	separate	source/	sinks	terms	(in	kg	m	3	sec	1	)	corresponding	to	chemical	formation	for	vapor	and	liquid/solid	water,	respectively.	Equations	(16.46)	and	(16.47)	can	also	be	written	more	concisely	in	vector	format	similar	to	Equation	(16.45),	see	Table
Conservation	of	energy	The	time	rate	of	change	of	potential	temperature	of	a	parcel	of	air	in	the	atmosphere	is	equal	to	the	sum	of	three	terms,	namely,	the	(by	now	familiar)	rate	of	inflow	or	outflow	of	thermal	energy	by	molecular	transfer	processes,	energy	entering	or	leaving	the	parcel	of	air	as	radiation,	and	energy	that	is	released	or	absorbed	as	a
result	of	phase	changes	between	water	vapor	and	liquid	or	solid	water	within	the	parcel.	Hence,	the	required	equation	can	be	written	(for	conciseness	here	in	vector	format)	as	follows:	θ	λe	+	θ	=	υ	θ	2	1	v	v.	θ	Rn	t	racp	racp	(16.48)	where	E	v	is	the	moisture	evaporated	within	the	parcel	(in	kg	m	3	sec	1	),	l	is	the	latent	heat	associated	with	the	phase
change	from	liquid/solid	to	water	vapor,	r	a	and	c	p	are	respectively	the	density	and	specific	heat	at	constant	pressure	of	moist	air.	In	this	equation	net	radiation	has	three	axial	components	and	R	n	is	the	net	radiation	vector	and	the	second	term	on	the	right	hand	side	of	Equation	(16.48),	the	divergence	of	the	net	radiation	flux,	is	made	up	of	three
terms,	one	for	each	axis,	thus;	1	1	(	R	)	(	R	)	n	x	n	y	(	Rn)	z	Rn	=	+	+	racpm	racpm	x	y	z	(16.49)	Among	these	three	terms	it	is	the	third,	that	associated	with	the	vertical	flux	of	net	radiation,	which	is	usually	dominant,	and	in	the	ABL	and	over	an	ideal	surface,	it	is	assumed	that	there	is	no	change	in	horizontal	net	radiation	transfer,	see	Equation	(5.28).
Conservation	of	a	scalar	quantity	The	conservation	equation	for	any	scalar	quantity	c	(e.g.,	the	concentration	of	carbon	dioxide)	can	be	written	by	equating	the	total	derivative	of	the	quantity	to	two	terms	one	of	which	represents	the	divergence	of	the	flux	transferred	by271	246	Equations	of	Atmospheric	Flow	in	the	ABL	Table	16.1	The	suite	of
equations	that	describe	the	evolution	of	atmospheric	variables	in	the	atmosphere.	Ideal	Gas	Law:	P	=	r	a	R	d	T	v	Conservation	of	mass:	In	general	ρ	=	ρ	+	+	a	u	v	w	a	t	x	y	z	In	the	ABL	u	v	w	+	+	=	0	x	y	z	Conservation	of	momentum:	du	u	u	u	u	1	P	u	u	u	=	+	u	+	v	+	w	=	fv	+	υ	+	+	ρ	dt	t	x	y	z	x	x	y	z	dv	v	v	v	v	1	P	v	v	v	=	+	u	+	v	+	w	=	fu	+	υ	+	+	ρ	dt	t
x	y	z	y	x	y	z	dw	w	w	w	w	1	P	w	w	w	=	+	u	+	v	+	w	=	g	+	υ	+	+	ρ	dt	t	x	y	z	z	x	y	z	a	a	a	Conservation	of	moisture:	q	S	+	=	υ	2	q	Ev	v.	q	q	q+	+	t	ρ	ρ	a	a	(vapor)	l	l	q	S	l	2	l	q	Ev	+	v.	q	=	υq	q	+	t	ρ	ρ	a	a	(liquid/solid)	Conservation	of	energy:	θ	λ	+	θ	=	υθ	2	1	E	θ	v	v.	Rn	t	ρ	c	ρ	c	a	p	a	p	Conservation	of	a	scalar	quantity:	c	+	=	υ	2	v.	c	c	c	+	Sc	t	molecular
transfer	while	the	second	represents	all	possible	sources	or	sinks	of	the	quantity	(which	might	include	chemical	reactions	that	occur	at	some	level	in	the	atmosphere,	as	in	the	case	of	ozone).	Consequently,	the	general	conservation	for	such	scalar	quantities	(for	conciseness	here	in	vector	format)	takes	the	form:	c	+	v	c	=	υ	c	+	S	t	2.	q	c	(16.50)272
Equations	of	Atmospheric	Flow	in	the	ABL	247	Summary	of	equations	of	atmospheric	flow	In	addition	to	the	several	conservation	equations	introduced	above,	the	suite	of	basic	equations	describing	the	atmosphere	also	includes	the	ideal	gas	law	for	moist	air	here	given	in	terms	of	virtual	temperature	(see	Equation	(2.11)	and	associated	text),	i.e.,	in
the	form:	P	=	a	R	d	T	v	r	(16.51)	where	R	d	is	the	gas	constant	for	air	(287	J	kg	K)	and	T	v	=	T(	q)	is	the	virtual	temperature.	Table	16.1	summarizes	the	resulting	set	of	equations	used	to	describe	the	movement	and	evolution	of	atmospheric	variables.	Important	points	in	this	chapter	Prognostic	equations:	the	set	of	equations	that	describe	atmospheric
flow	at	a	point	in	time,	which	are	often	called	prognostic	equations,	are	just	the	local	conservation	equations	for	each	atmospheric	variable,	plus	the	ideal	gas	law.	Time	rate	of	change	in	fluids:	there	are	two	ways	in	which	a	property	of	a	moving	fluid	measured	at	a	point	can	change,	either	in	response	to	mechanisms	acting	within	the	fluid	itself	(e.g.,
forces,	internal	diffusion,	or	source/sink	processes),	or	because	the	property	is	not	constant	with	distance	inside	the	fluid	as	it	moves	past	the	point.	Their	sum	is	the	total	rate	of	change	with	time.	Momentum	conservation:	the	prognostic	equations	for	kinematic	velocity	are	given	by	applying	momentum	conservation	equations	along	three	axes,	with
the	total	rate	of	change	of	momentum	equated	to	the	sum	of	forces	associated	with	pressure	gradients,	molecular	diffusion	of	momentum,	and	axis-specific	(Coriolis	and	gravity)	forces.	Mass	conservation:	the	continuity	equation	for	air	mass	is	given	by	equating	the	local	rate	of	change	in	air	density	to	the	difference	between	incoming	and	outgoing	air
flow	along	all	three	axes.	In	the	ABL,	changes	in	air	density	equilibrate	quickly	(at	about	the	speed	of	sound)	and	are	often	neglected.	Conservation	of	other	variables:	the	prognostic	equations	for	other	variables	(e.g.,	moisture,	temperature,	CO	2	)	are	given	by	equating	their	total	rate	of	change	to	the	relevant	mechanisms	by	means	of	which	they
might	be	changed	(e.g.,	atmospheric	sources/sinks,	phase	changes,	radiation	divergence).273	17	Equations	of	Turbulent	Flow	in	the	ABL	Introduction	The	set	of	equations	which	describe	the	movement	and	evolution	of	the	atmosphere	in	the	ABL,	at	any	point	in	time,	were	introduced	in	Chapter	16.	In	this	chapter	these	equations	are	re-written	to
describe	the	mean	flow	for	time-average	values	of	atmospheric	variables,	including	the	influence	on	these	mean	flow	equations	of	turbulent	fluctuations	on	the	high	frequency	side	of	the	spectral	gap,	see	Fig	and	associated	text.	Doing	this	involves	expressing	the	value	of	each	variable	described	by	an	equation	introduced	in	Chapter	16	in	terms	of	a
mean	and	a	fluctuating	part,	then	applying	the	Reynolds	averaging	rules	(see	Table	15.2)	to	derive	the	equivalent	equation	for	mean	flow,	and	finally	introducing	any	simplifications	and	approximations	that	are	appropriate	in	the	ABL.	Fluctuations	in	the	ideal	gas	law	Consider	first	the	effect	of	re-expressing	the	ideal	gas	law	in	terms	of	atmospheric
variables	which	recognize	mean	and	fluctuating	components.	It	is	convenient	to	rearrange	the	equation	P	=	r	a	R	d	T	v	into	the	form	P/R	d	=	r	a	T	v	before	substituting	P	=	P	+	P',	ra	=	ra	+	r	a	and	T	=	T	+	T	to	give:	v	v	v	P	R	d	P	+	=	(	ra	+	ra	)(	Tv	+	Tv	)	=	ratv	+	Tvra	+	ratv	+	r	a	Tv	(17.1)	R	d	Averaging	this	equation	it	becomes:	P	R	d	P	+	=	rat	+	a
+	a	+	a	Tv	v	T	r	r	v	T	r	(17.2)	v	R	d	Terrestrial	Hydrometeorology,	First	Edition.	W.	James	Shuttleworth	John	Wiley	&	Sons,	Ltd.	Published	2012	by	John	Wiley	&	Sons,	Ltd.274	Equations	of	Turbulent	Flow	in	the	ABL	249	and	after	applying	Reynolds	averaging	to	remove	the	time	average	of	fluctuating	components,	the	equation	reduces	to:	P	=	RdraT	+
Rdr	a	T	(17.3)	v	v	However,	in	practice,	r	a	Tv	is	very	much	less	than	r	atv	in	the	ABL	and	it	can	safely	be	neglected,	consequently:	P	=	R	v	r	a	T	v	(17.4)	This	equation	merely	says	that	the	ideal	gas	law	applies	to	average	values,	which	is	as	it	should	be,	since	it	was	observation	of	average	values	that	originally	stimulated	its	discovery.	It	is	useful	later
to	subtract	Equation	(17.3)	from	Equation	(17.2)	and	then	divide	by	Equation	(17.4)	to	give:	P	r	=	a	T	+	v	P	r	T	a	v	(17.5)	In	the	ABL,	pressure	fluctuations	are	rarely	if	ever	observed	to	be	greater	than	0.01	kpa	and	because	mean	pressure	is	on	the	order	of	100	kpa,	(P/P	)	is	on	the	order	of	On	the	other	hand,	fluctuations	in	mean	temperature,	which	is
itself	on	the	order	of	300	K,	are	typically	on	the	order	of	1	K,	hence	(	Tv/	T	v)	is	on	the	order	of	Consequently	it	is	possible	to	neglect	(P	/P	)	in	comparison	with	the	other	terms	and	write:	ra	Tv	q	r	T	q	a	v	(17.6)	Using	this	equation,	density	fluctuations	in	the	ABL	(which	are	otherwise	hard	to	measure)	can	be	estimated	from	the	measurable	fluctuations
in	temperature.	The	Boussinesq	approximation	Starting	from	the	equation	for	the	conservation	of	momentum	in	the	vertical	direction,	Equation	(16.38),	with	the	molecular	flow	term	written	in	vector	form	for	conciseness,	multiplying	by	r	a,	recalling	m	=	(r	a	u),	and	then	expressing	all	the	variables	as	the	sum	of	mean	and	fluctuating	parts	gives:	(	+	)
(	+	)	2	(	r	+	r	dw	w	P	P	a	a	)	=	(	a	+	a	)	g	+	(	w	+	w	)	dt	r	r	z	m	(17.7)275	250	Equations	of	Turbulent	Flow	in	the	ABL	Dividing	this	last	equation	by	r	and	rearranging	gives:	a	r	a	dw	(	+	w	)	ra	1	P	1	P	=	g	ra	g	u	(	w	w	)	r	dt	r	r	z	r	z	a	a	a	a	(17.8)	The	mean	vertical	pressure	gradient	in	the	atmosphere	(around	which	turbulent	fluctuations	occur)	is	in
hydrostatic	equilibrium,	and	is	described	by	Equation	(3.3).	Consequently	the	third	term	on	the	right	hand	side	of	Equation	(17.8)	is	zero.	Equation	(17.6)	shows	that	fractional	fluctuations	in	density	can	be	estimated	from	fractional	fluctuations	in	temperature,	and	are	of	the	order	Fractional	fluctuations	in	density	can	therefore	be	neglected	in
comparison	with	unity	on	the	left	hand	side	of	the	equation,	but	must	be	retained	in	the	first	term	on	the	right	hand	side	of	the	equation	where	they	can	be	estimated	from	temperature	fluctuations.	Hence,	Equation	(17.8)	becomes:	dw	(	+	w	)	q	1	P	2	=	g	+υ	(	w	+	w	)	dt	q	r	z	a	(17.9)	The	approximation	procedure	just	used,	in	which	density	fluctuations
are	neglected	in	the	inertia	(storage)	term	but	are	retained	in	the	buoyancy	term,	is	the	Boussinesq	approximation.	In	an	equation	of	atmospheric	flow,	implementing	the	Boussinesq	approximation	involves	simultaneously	replacing	each	occurrence	of	r	a	by	r	and	a	each	occurrence	of	g	by	g	[(r	+	r	)/r	]	or	g[1	q	/q	].	aa	a	Neglecting	subsidence
Observations	in	the	ABL	show	that	the	value	of	w,	the	mean	vertical	wind	speed	(which	is	sometimes	referred	to	as	the	rate	of	subsidence	),	is	usually	small	and	commonly	less	than	0.1	m	s	1.	On	the	other	hand,	the	magnitude	of	fluctuations	around	this	mean	value	are	much	greater	and	on	the	order	of	several	meters	per	second.	For	this	reason	it	is
often	assumed	acceptable	when	writing	equations	describing	momentum	conservation	to	neglect	subsidence,	i.e.,	to	retain	terms	involving	w	in	the	equation	while	removing	those	involving	w.	With	this	assumption	Equation	(17.9)	would,	for	example,	simplify	to:	dw	q	1	P	2	=	g	+	u	w	dt	q	r	z	a	(17.10)276	Equations	of	Turbulent	Flow	in	the	ABL	251
Geostrophic	wind	Consider	Equations	(16.36)	and	(16.37)	which	describe	momentum	conservation	in	the	X	and	Y	directions	when	applied	to	atmospheric	flow	above	the	atmospheric	boundary	layer.	In	this	case	the	atmosphere	is	assumed	to	be	in	a	steady	state	and	consequently	the	time	differentials	on	the	left	hand	side	of	Equations	(16.36)	and
(16.37)	are	zero.	Also	in	this	case,	terms	describing	molecular	diffusion	can	be	neglected	in	comparison	with	other	terms	in	the	equations,	i.e.,	in	these	equations:	du	dv	2	2	=	0;	=	0;	u	u	=	0;	u	v	=	0	(17.11)	dt	dt	Equations	(16.36)	and	(16.37)	can	therefore	be	re-written	as:	U	g	=	1	P	fr	y	a	(17.12)	V	g	=	1	P	fr	x	a	(17.13)	where	f	=	2ωsin(θ),	with	q	is
the	latitude	and	ω	angular	velocity	of	the	Earth.	The	wind	speed	components	U	g	and	V	g	are	components	of	the	Geostrophic	Wind	which	is	generated	by	the	large-scale	pressure	gradients,	see	Fig	Thus,	mean	atmospheric	flow	above	the	ABL	is	parallel	to	the	isobars,	with	low	pressure	on	the	left	in	the	northern	hemisphere	and	low	pressure	on	the
right	in	the	southern	hemisphere.	Y	Low	P	P	+	ΔP	P	+	2ΔP	G	V	g	U	g	Figure	17.1	Axial	components	of	the	geostrophic	wind	in	the	northern	hemisphere	in	a	region	with	pressure	gradients.	High	X277	252	Equations	of	Turbulent	Flow	in	the	ABL	Divergence	equation	for	turbulent	fluctuations	Expressing	Equation	(16.42),	the	equation	describing	the
conservation	of	mass	(or	divergence	equation)	that	is	relevant	in	the	ABL,	in	terms	of	mean	and	fluctuating	parts	gives:	(	u	+	u	)	(	v	+	v	)	(	w	+	w	)	u	u	v	v	w	w	+	+	=	=	0	x	y	z	x	x	y	y	z	z	(17.14)	Averaging,	this	equation	gives:	u	u	v	v	w	w	=0	x	x	y	y	z	z	(17.15)	From	Reynolds	averaging	rules,	the	second,	fourth,	and	sixth	terms	in	the	last	equation	are
zero,	consequently:	u	v	w	+	+	=0	x	y	z	(17.16)	While	subtracting	Equation	(17.16)	from	Equation	(17.15)	gives	the	(obvious	but	later	useful)	result:	u	v	w	+	+	=0	x	y	z	(17.17)	Thus,	in	the	ABL	the	continuity	equation	holds	separately	for	both	the	mean	and	the	fluctuating	components	of	kinematic	velocity,	i.e.,.	u	=	0	and.	u	=	0.	Conservation	of
momentum	in	the	turbulent	ABL	In	the	following,	derivation	of	the	required	mean	flow	equation	is	illustrated	for	the	case	of	the	Z	axis	with	those	for	the	X	and	Y	axes	then	written	later	by	analogy.	Starting	from	Equation	(16.38)	and	applying	the	Boussinesq	approximation,	gives:	w	w	w	w	q	1	P	w	w	w	+	u	+	v	+	w	=	g	t	x	y	z	+υ	+	+	q	r	z	x	y	z	a
(17.18)278	Equations	of	Turbulent	Flow	in	the	ABL	253	Expanding	each	atmospheric	variable	in	mean	and	fluctuating	parts	this	becomes:	(	)	(	)	(	)	(	)	(	)	(	)	(	P	+	P	)	(	w	+	w	)	(	w	+	w	)	(	w	+	w	)	w	+	w	w	+	w	w	+	w	w	+	w	+	(	u	+	u	)	+	v	+	v	+	w	+	w	t	x	y	z	q	1	=	g	1	+	u	q	ra	z	x	y	z	(17.19)	Multiplying	out	and	averaging	the	last	equation,	gives:	w	w	w
w	w	w	+	+	u	+	u	+	u	+	u	t	t	x	x	x	x	w	w	w	w	w	w	w	w	+	v	+	v	+	v	+	v	+	w	+	w	+	w	+	w	y	y	y	y	z	z	z	z	q	1	1	w	w	=	g	+	g	+	u	q	ra	z	ra	z	x	x	y	y	z	z	P	P	w	w	w	w	(17.20)	Applying	Reynolds	averaging	rules	removes	terms	2,	4,	5,	8,	9,	12,	13,	16,	18,	20,	22,	and	24	from	this	equation.	Rearranging	the	remaining	terms	then	gives:	w	w	w	w	1	P	w	w	w	w	w	w
+	u	+	v	+	w	=	g	u	+	v	+	w	t	x	y	z	u	r	a	z	x	y	z	x	y	z	(17.21)	It	is	now	appropriate	to	re-write	the	final	term	in	this	last	equation	so	that	its	relationship	to	turbulent	fluxes	becomes	more	obvious,	as	follows.	Multiplying	Equation	(17.17)	by	w	and	taking	the	time	average	gives:	u	v	w	w	+	w	+	w	=0	x	y	z	(17.22)	Subtracting	this	zero	identity	from	Equation
(17.21)	and	re-expressing	the	resulting	equation	in	more	concise	form	gives:	dw	1	P	w	w	w	u	v	w	2	=	g	+	u	w	u	+	v	+	w	+	w	+	w	+	w	dt	ra	z	x	y	z	x	y	z	(17.23)279	254	Equations	of	Turbulent	Flow	in	the	ABL	The	final	term	in	this	equation	can	now	be	simplified	by	recognizing	that:	(	uw	)	=	u	w	+	w	u	x	x	x	(17.24)	with	similar	equations	relevant	for	(v
w	)	and	(w	w	).	Consequently	Equation	(17.23)	can	be	re-written	as:	dw	1	P	(	uw	)	(	vw	)	(	ww	)	2	=	g	+	u	w	+	+	dt	ra	z	x	y	z	(17.25)	Starting	from	the	equations	describing	momentum	conservation	in	the	ABL	at	a	point	in	time	in	the	X	and	Y	directions	(Equations	(16.36)	and	(16.37)	),	and	following	a	procedure	similar	to	that	just	used	for	the	Z
direction	above	gives:	du	1	P	(	uu	)	(	vu	)	(	wu	)	2	=	fu	+	u	u	+	+	dt	ra	x	x	y	z	(17.26)	dv	1	P	2	(	u	v	)	(	v	v	)	(	w	v	)	=	fv	+	u	v	+	+	dt	r	y	x	y	z	a	(17.27)	There	are	marked	similarities	between	Equations	(17.25),	(17.26),	and	(17.27),	the	three	equations	that	describe	the	evolution	of	mean	flow,	and	Equations	(16.36),	(16.37),	and	(16.38)	that	describe
instantaneous	momentum	conservation	in	the	atmosphere.	But	differences	occur	because	the	effect	of	turbulent	fluctuations	must	also	be	considered	when	describing	the	variation	in	mean	quantities,	and	the	additional	terms	in	the	mean	flow	equation	account	for	contributions	from	turbulent	flux	(as	opposed	to	molecular	flux)	divergence,	e.g.,	the
divergence	(	uw	)	z	in	the	turbulent	momentum	flux	(	uw	).	If	there	is	coherence	between	fluctuating	components	of	velocity	these	give	rise	to	turbulent	fluxes	that	move	momentum	from	one	place	to	another,	and	losses/gains	in	these	fluxes,	this	will	cause	acceleration/	deceleration	in	the	mean	flow.	Table	17.1	gives	the	physical	meaning	of	the	three
equations	describing	momentum	conservation	for	mean	flow	in	a	turbulent	field.	Conservation	of	moisture,	heat,	and	scalars	in	the	turbulent	ABL	Starting	from	the	equations	for	conservation	of	moisture,	heat	and	scalar	quantities	in	the	atmosphere,	and	using	an	approach	analogous	to	that	used	in	the	last	section	to	derive	the	equations	describing
conservation	of	momentum,	equivalent	mean	flow	equations	in	the	ABL	can	easily	be	derived.	The	form	of	these	equations	and	the	physical	meaning	of	component	terms	are	given	in	Tables	17.2,	17.3,	and	17.4,	respectively.280	Equations	of	Turbulent	Flow	in	the	ABL	255	Table	17.1	Physical	meaning	of	the	terms	in	the	equations	describing
momentum	conservation	for	mean	flow	in	a	turbulent	field.	u	u	u	u	1	P	2	(	u	u	)	(	v	u	)	(	w	u	)	+	u	+	v	+	w	=	fv	+	u	u	+	+	t	x	y	z	r	x	x	y	z	a	v	v	v	v	1	P	2	(	u	v	)	(	v	v	)	(	w	v	)	+	u	+	v	+	w	=	fu	+	u	v	+	+	t	x	y	z	ρ	y	x	y	z	a	w	w	w	w	1	P	2	(	u	w	)	(	v	w	)	(	w	w	)	u	v	w	g	w	=	+	u	t	x	y	z	ρ	z	+	+	x	y	z	a	I	II	III	IV	V	VI	TERM	I	Storage	of	mean	momentum	TERM	II
Advection	of	mean	momentum	TERM	III	Influence	of	Earth	s	rotation	and	gravity	TERM	IV	Influence	of	mean	pressure	gradients	TERM	V	Influence	of	viscous	stress	on	mean	motion	(or	divergence	of	molecular	momentum	flux)	TERM	VI	Influence	of	turbulent	stress	on	mean	motion	(or	divergence	of	turbulent	momentum	flux)	Table	17.2	Physical
meaning	of	the	terms	in	the	equation	describing	moisture	conservation	for	mean	flow	in	a	turbulent	field.	q	q	q	q	Sq	E	2	(	u	q	)	(	v	q	)	(	w	q	)	u	v	w	q	q	=	+	+	u	t	x	y	z	+	+	x	y	z	r	r	a	a	I	II	III	IV	V	VI	TERM	I	Storage	of	mean	moisture	TERM	II	Advection	of	mean	moisture	TERM	III	Mean	body	source	of	moisture	per	unit	volume	TERM	IV	Mean	creation	of
moisture	as	vapor	per	unit	volume	by	evaporation	of	other	water	phases	TERM	V	Divergence	of	mean	molecular	moisture	flux	TERM	VI	Divergence	of	turbulent	moisture	flux	Neglecting	molecular	diffusion	The	Reynolds	number,	Re,	provides	a	measure	of	the	ratio	between	the	forces	giving	turbulent	diffusion	in	a	fluid	relative	to	those	giving
molecular	diffusion.	For	air,	it	is	defined	as	the	ratio:281	256	Equations	of	Turbulent	Flow	in	the	ABL	Table	17.3	Physical	meaning	of	the	terms	in	the	equation	describing	heat	conservation	for	mean	flow	in	a	turbulent	field.	a	p	a	p	(	u	)	(	v	)	(	w	)	q	q	q	q	Rn	E	2	θ	θ	θ	+	u	+	v	+	w	=	+	uθ	q	+	+	t	x	y	z	ρ	c	ρ	c	x	y	z	I	II	III	IV	V	VI	TERM	I	Mean	storage	of
heat	TERM	II	Advection	of	heat	by	mean	wind	TERM	III	Mean	heat	source	from	net	radiation	divergence	TERM	IV	Mean	heat	source	by	latent	heat	release	TERM	V	Divergence	of	mean	molecular	heat	flux	TERM	VI	Divergence	of	turbulent	heat	flux	Table	17.4	Physical	meaning	of	the	terms	in	the	equation	describing	conservation	of	scalars	in	a
turbulent	field.	c	c	c	c	2	(	u	c	)	(	v	c	)	(	w	c	)	u	v	w	Sc	c	c	=	+	u	t	x	y	z	+	+	x	y	z	I	II	III	IV	V	TERM	I	Mean	storage	of	scalar	TERM	II	Advection	of	scalar	by	mean	wind	TERM	III	Mean	body	source	of	scalar	TERM	IV	Divergence	of	mean	molecular	scalar	flux	TERM	V	Divergence	of	turbulent	scalar	flux	UL.	Re	=	(17.28)	ν	where	U	is	a	typical	velocity,	L	is
a	typical	length,	and	u	=	m	2	s	1	is	the	viscosity	of	air.	The	Reynolds	number	is	used	to	characterize	the	transition	from	molecular	to	turbulent	flow	as	velocity	increases.	Although	defined	for	momentum	transfer,	it	is	also	a	measure	of	the	relative	efficiency	of	other	flux	transfers	because	the	physical	processes	involved	are	similar.	Turbulent	transfer
in	the	ABL	is	characterized	by	a	velocity	U	that	is	typically	on	the	order	of	1	5	m	s	1	and	a	length	L	that	is	typically	on	the	order	of	m.	Consequently	the	product	(VL)	is	on	the	order	of	m	2	s	1	which	means	that	the	Reynolds	number	in	the	ABL	is	on	the	order	of	10	5	to	This	implies	turbulent	transfer	is	about	one	million	times	more	efficient	than
molecular	transfer	in	the	ABL.	Note	that	for	transfer	very	close	to	the	surface	(i.e.,	within	a	few282	Equations	of	Turbulent	Flow	in	the	ABL	257	millimeters),	molecular	flow	remains	important	the	consequences	of	this	are	discussed	in	Chapter	21.	All	equations	describing	mean	flow	in	a	turbulent	field	include	two	flux	divergence	terms,	one	describing
transfer	by	molecular	transfer	and	the	other	turbulent	transfer.	In	Equation	(17.25),	for	example,	these	terms	are	respectively:	u	w	w	w	(	u	w	)	(	v	w	)	(	w	w	)	2	w	or	u	and	x	y	z	x	y	z	(17.29)	Because	transfer	by	turbulent	transfer	is	much	more	efficient	than	that	by	molecular	transfer	in	the	ABL,	it	is	acceptable	at	this	stage	to	neglect	the	term
describing	divergence	of	molecular	transfer	in	each	conservation	equation.	Table	17.5	Table	17.5	The	suite	of	equations	that	describe	the	evolution	of	mean	atmospheric	flow	in	the	ABL	including	the	effect	of	turbulent	flux	divergence.	Ideal	Gas	Law:	Conservation	of	Mass:	P	=	R	ρ	T	d	a	v	In	general	In	the	ABL	ρa	u	v	w	ρ	u	v	w	=	a	+	+	t	x	y	z	+	+	=	0	x
y	z	Conservation	of	Momentum:	u	u	u	u	(	u	u	)	(	v	u	)	(	w	u	)	+	u	+	v	+	w	=	f(	Vg	v	)	+	+	t	x	y	z	x	y	z	v	v	v	v	(	u	v	)	(	v	v	)	(	w	v	)	+	u	+	v	+	w	=	f(	Ug	u)	+	+	t	x	y	z	x	y	z	w	w	w	w	(	u	w	)	(	v	w	)	(	w	w	)	+	u	+	v	+	w	=	g	+	+	t	x	y	z	x	y	z	Conservation	of	Moisture:	q	q	q	q	Sq	E	(	u	q	)	(	v	q	)	(	w	q	)	u	v	w	=	t	x	y	z	+	+	ρ	x	y	z	Conservation	of	Energy:	a	q	θ	θ	θ	Rn
+	E	(	u	θ	)	(	v	θ	)	(	w	θ	)	+	u	+	v	+	w	=	t	x	y	z	+	+	ρ	c	x	y	z	a	p	Conservation	of	a	Scalar	Quantity:	c	c	c	c	(	u	c	)	(	v	c	)	(	w	c	)	u	v	w	S	=	c	t	x	y	z	+	+	x	y	z283	258	Equations	of	Turbulent	Flow	in	the	ABL	summarizes	the	resulting	set	of	equations	used	to	describe	the	movement	and	evolution	of	mean	flow	in	the	atmosphere.	Important	points	in	this
chapter	Derivation	methodology:	turbulent	flow	equations	are	all	derived	by	expressing	variables	as	turbulent	fluctuations	superimposed	on	mean	values	and	then	using	Reynolds	averaging	rules	to	remove	terms	with	zero	time-average	value.	Simplifying	assumptions:	often	used	in	the	ABL	are:	ra	Tv
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